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Abstract 
This research aims to understand the development of the atmospheric energy 

spectrum and energy transfer mechanisms across scales.  A clear understanding of 

energy spectrum development and transfer mechanisms is necessary for improving the 

representation of multiscale processes in the atmosphere, modeling turbulence in the 

boundary layer, and understanding the limits of atmospheric predictability. This work 

consists of three parts.  

The first part investigates the Navier Stokes Equations (NSE) behavior under 

idealized conditions relevant to large-scale atmospheric turbulence. This study uses a 

series of direct numerical simulations (DNS) of two-dimensional (2D) with forcing 

applied at different scales to investigate energy transfer between the synoptic scale and 

the mesoscale. The DNS results, forced by a single kinetic energy source at large scales, 

show that the energy spectra slopes of the direct enstrophy cascade are steeper than the 

theoretically predicted -3 slope. Next, the presence of two inertial ranges in 2D 

turbulence at intermediate scales is investigated by introducing a second energy source 

in the meso-a-scale range. The energy spectra for the simulations with two kinetic 

energy sources exhibit flatter slopes closer to -5/3, consistent with the observed kinetic 

energy spectra of horizontal winds in the atmosphere at synoptic scales. Further, the 

results are independent of model resolution and scale separation between the two 



 

 

v 

energy sources, with a robust transition region between the lower synoptic and the 

upper meso-a scales in agreement with classical observations in the upper troposphere. 

These results suggest the existence of mesoscale feedback on synoptic-scale 

predictability that emerges from the concurrence of the direct (downscale) enstrophy 

transfer in the synoptic scales and the inverse (upscale) kinetic energy transfer from the 

mesoscale to the synoptic-scale in the troposphere. 

The second part of this research is devoted to the characterization of atmospheric 

energy spectra over mountainous terrain under various environmental conditions using 

the Weather and Research Forecasting (WRF) model. First, a comprehensive analysis of 

climatology and mesoscale structure of cold air intrusions (CAIs) over the Andes shows 

that the events are responsible for localized heavy rainfall events (200 mm, less than 6 

hours) in the mid-elevations (~1,500) Peruvian Andes. The climatology analysis uses 

European Center Medium-Range Weather Forecasts (ECMWF) reanalysis, Tropical 

Rainfall Measurement Mission (TRMM) data products, and rain-gauge observations. 

This analysis emphasized characterizing year-round CAI frequency, CAI interactions 

with Andes topography, and their impact on orographic precipitation climatology. The 

results show a robust enhancement of the diurnal cycle of precipitation during CAI 

events in all seasons, particularly in the increase in surface rainfall rate during early 

morning at intermediate elevations (~ 1,500m), the eastern Andes orographic maximum. 

This link between CAI frequency and rainfall suggests that they play an essential role in 
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maintaining the Andes to Amazon year-round terrestrial connectivity through runoff 

production and transport by the river networks. Second, the next step examines the 

transient behavior of horizontal scaling in the vertical during the evolution of extreme 

orographic precipitation storms. Furthermore, a mechanistic framework to examine the 

implications of ongoing deforestation in the western Amazon on orographic 

precipitation in the tropical Andes through land-atmosphere interactions is provided. 

Understanding the interplay between large-scale dynamics and land-atmosphere 

interactions is critical to developing an effective boundary layer processes 

parameterizations for future numerical weather prediction models. The study includes a 

case over the Appalachians as middle mountains in comparison to high mountains 

(Andes) highlighting terrain and weather contrasts. Previous work showed that 

atmospheric model simulations exhibit different scaling behavior of vertically averaged 

horizontal wind (u, v) and moisture (q) in the mesoscales for convective (spectral slopes 

β~−5/3) and non-convective (β~−11/5) conditions. Here, the results show that β exhibits a 

strong diurnal cycle switching between convective and non-convective behavior 

following the space-time evolution of atmospheric stability in the lower troposphere 

(below 700 hPa) depending on latitude, topography, landform, and the synoptic 

environment. Anomalous flattening of the wind and moisture spectra (i.e., spectral 

saturation, ∣β ∣ < 5/3) at high wavenumbers and up to 200 hPa is tied to convective 

activity, where and when strong vertical motions develop, corresponding to an abrupt 
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directional switch from horizontal energy transfer to vertical energy transfer including 

latent heating release and parameterized microphysical processes. In the small 

mesoscales (<50 km), β~ − 5/3 at all times up to 200 hPa with nighttime steepening 

(β~−11/5) below the orographic envelope where cold air pools form at low elevations 

and vertical motion weakens in the Appalachians. In the Andes, at a high elevation, the 

scaling behavior exhibits a stronger diurnal cycle at low levels (below 700 hPa) with 

significant shoaling between tropical and high latitudes. Furthermore, blocking and 

strong modification of regional circulations result in nighttime anisotropy at midlevels 

on the altitudinal profile along the North-South topographic divide.  

The third part focuses on modeling turbulent fluxes near the surface, which is 

essential for an accurate representation of the heterogeneous surface boundary layer. 

Second-moment turbulent models have been widely used in numerical weather 

prediction models for parameterizing the planetary boundary layer (PBL). The most 

commonly used schemes are based on the Mellor and Yamada (1982) model, which are 

currently implemented to only account for the contribution of the vertical divergences of 

the vertical turbulent fluxes in the WRF model. Horizontal tendencies are parameterized 

separately based on a Smagorinsky scheme. Although this approach may be successful 

in coarse grid models (e.g., dx~12-2 km), the influence of horizontal gradients becomes 

more important when the grid spacing is smaller (less than 1 km). Recently, a full 3D 

PBL scheme  (3DPBL) has been implemented in WRF to reconcile the representation of 
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the vertical and horizontal turbulent mixing. The model integrates 3DPBL 

parameterization with a diagnostic model of the three-dimensional second-order 

turbulent properties of the flow in the surface layer. A set of modifications introduced to 

the surface parameters provides a better diagnosis of the surface layer covering different 

flow regimes based on anisotropy and stability conditions. The near-surface diagnostic 

variables are analyzed and compared with the data from the Weather Forecast 

Improvement Project II (WFIPII). 

Finally, the dissertation discusses and recommends potential directions for 

future research focusing on boundary layer processes.
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1. Introduction 

1.1 Motivation 

Despite the ubiquity of turbulence over a wide range of scales, a comprehensive 

theory of atmospheric turbulence is lacking (Wynngaard, 1992; Tuck, 2008; among many 

others). At planetary scales (> 2000 km) energy enters the atmosphere via strong equator 

to pole temperature gradients due to solar radiative forcing, it propagates at large scales 

via baroclinic instability and is damped by frictional forces (also known as Ekman layer 

damping), and part of that energy cascades down through the synoptic scales (2000~500 

km). The flow in these scales is often described as two-dimensional (2D) because the 

horizontal length scales are larger than the vertical scale lengths. In the mesoscales (500-

2 km), however, vertical motions become important, and essentially three-dimensional 

(3D). A paradox arises in attempting to reconcile energy transfer between the synoptic 

and mesoscales, specifically in the transition scales (200-500 km, the large mesoscales). 

2D turbulence theory suggests an inverse (upscale) energy flux (from smaller to larger 

scales), and 3D turbulence is often associated with a forward (downscale) energy 

cascade (from larger to smaller scales). While there is consensus that synoptic-scale flow 

is 2D (Cho and Lindborg 2001; Tung and Orlando, 2003; Vallgren et al. 2011) and 

turbulence transfer is downscale, there is still debate over the direction of turbulence 

transfer in the mesoscale (Vallgren et al. 2011; Xia et al. 2011), and a universally accepted 

comprehensive explanation of the underlying physics is lacking. Furthermore, 
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environmental variables such as orographic forcing, moisture content, and 

thermodynamic stability conditions contribute to the complexity of the flow regime in 

mesoscales. 

Numerical weather prediction (NWP) models and atmospheric models generally 

rely on turbulence parameterizations at small scales as extensive computational costs 

restrict the resolution of the entire range of scales (Skamrock et al. 2008).  In addition, 

complete physical descriptions of many multiscale processes with significant 

thermodynamic fingerprints, in particular moist and microphysical cloud and 

precipitation processes, are not well understood, forcing models to rely on simplified, 

heavily parameterized representations to describe many multiscale processes. Simplified 

parameterizations are often based on data correlation studies, and are therefore 

conditional on the quality, type, and scale of observations and heuristic assumptions. 

Generally model grids have high aspect ratios, i.e., with horizontal to vertical direction 

grid size ratios typically over 100 in the planetary boundary layer (e.g., Tulloch and 

Smith 2009). For these grids, the turbulent scales captured in the horizontal and vertical 

directions are expected to be in different structures with completely different energy 

transfer mechanisms. In the horizontal plane, 2D turbulence is expected, which is 

dominated by the inverse cascade of energy whereas in the vertical plane, 3D turbulence 

is expected, where a forward energy cascade is expected. Interestingly, the focus of 

turbulence parameterizations in NWP has been on the closure of the turbulent kinetic 
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energy (TKE) budget at small scales (downward cascade), isolated from thermodynamic 

adjustments, while neglecting the issues of energy transfer hypothesis in the broader, 

multiscale, context. 

In this dissertation, the focus is on improving our current understanding of 

turbulence transfer in the atmosphere over synoptic and mesoscales towards defining 

and developing an integrated multiscale turbulence model, and consequently its 

parameterization. This research includes three parts as depicted in Figure 1-1. The first 

part is dedicated to the study of Navier Stokes Equations (NSE) under idealized 

conditions particularly related to the atmospheric energy transfer mechanisms, and the 

second is devoted to a detailed analysis of turbulent scaling behavior over complex 

terrain (mountainous regions) under various environmental conditions, critical 

considering the impact of parameterized physical processes turbulence structure. The 

third part focuses on modeling near-surface turbulent fluxes, which is essential for an 

accurate representation of a heterogeneous surface boundary layer. General overviews 

of, first, atmospheric turbulence transfer and, second, turbulence parameterizations in 

cloud-resolving models (CRMs) are provided next as background to the dissertation 

research . Section 2 poses the science questions and presents the hypothesis. Section 3 

details a plan of action for evaluating the hypothesis. Finally, Section 4 concludes The 

Introduction by outlining the dissertation.  
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Figure 1-1 Schematic depiction of land-atmospheric interactions and weather 
processes across the atmospheric scale. The encircled numbers show the scales 
relevant to each science question. 
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1.1.1 Atmospheric Turbulence Transfer 

Mesoscale turbulence exhibits a different scaling behavior, which is transient in 

time and space, from the synoptic scale. Using aircraft measurements of horizontal wind 

and temperature data, Nastrom and Gage (1985) showed that the horizontal wind 

Kinetic Energy (KE) and potential temperature spectra exhibit a -3 slope in the synoptic 

scales and a -5/3 slope in the mesoscale range. They analyzed measurements taken from 

over 6,900 commercial airplane flights during the Global Atmospheric Sampling 

Program (GASP) from 1975 and 1979 in the upper troposphere (~ 9-14 km). Their 

analysis presented in Figure 1-2 (based on their seminal 1985 paper), discussed the 

spectra show power-law dependence with an approximate -3 slope over the synoptic 

scales and -5/3 slope for the mesoscales circulations.  
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Figure 1-2: Schematic log-log plot of power spectra of zonal wind, meridional wind 
and potential temperature variance as depicted by Nastrom and Gage (1985) based on 
aircraft (GASP) measurements. The dashed lines show the -3 and -5/3 power laws and 
the red arrows are energy transfer direction proposed in later studies. 

 

The physical basis for the development of the -3 and -5/3 slopes in the 2D 

turbulence range due to synoptic forcing is a controversial topic in atmospheric 

turbulence (e.g., Vallgren et al., 2011; Xia et al. 2011). Initially, the -3 slope was explained 

by the forward enstrophy cascade in the synoptic scales corresponding to the inertial 

subrange of 2D turbulence, whereas forward energy transfer in the 3D turbulence 

inertial subrange would explain the -5/3 slope in the mesoscales (Charney, 1971). There 

is still debate whether the mesoscale range is 3D, as the vertical/horizontal scale ratios 

can be very small especially in the transition meso-α scales (200-600 km), and the 3D 
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isotropy assumption may only be valid in the low meso-β (200-20 km) and meso-γ scales  

(20-2 km). Another open question is whether the transition from 2D turbulence to 3D 

turbulence due to energy injection also occurs at synoptic scales, as 2D turbulence 

exhibits a very weak forward energy cascade (Kraichnan, 1976; Wyngaard, 1992; 

Lindborg, 1999).  

Numerous theories have been proposed in the past two-decades to explain the 

development of the observed spectra (Lilly, 1989; Vallis et al., 1997; DeWan, 1979; 

VanZandt, 1982; Koshyk et al. 1999; Tung and Orlando, 2003; Lindborg, 2005; Lindborg, 

2006; Kitamura and Matsuda, 2006) that others review in detail (Tung and Orlando 2003; 

Callies at el. 2014; Lindborg 2015). The fundamental question is whether the 

intermediate scales get their energy from the smaller scales or from the larger scales. A 

key difference among various proposed theories is the number of energy injection 

sources. Some researchers propose that two energy sources are required, whereas others 

argue that one energy source is sufficient.  Currently, there is no consensus regarding 

the mechanism of forward energy transfer in the mesoscales.  

Lilly (1989), Vallis et al. (1997), and Smith and Waleffe (1999) describe the 

development of atmospheric spectra as due to two energy sources, one at the synoptic 

scale and the other at small-scale (boundary layer scales). They related the -3 slope in the 

sub-synoptic scale to the forward enstrophy cascade in 2D turbulence below the primary 

energy injection. The -5/3 slope in the mesoscale region was attributed to the inverse 
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energy cascade in 2D turbulence above the secondary injection (Boffetta and Musacchio, 

2010; Marino et al. 2014). This hypothesis was recently investigated by Cencini et al. 

(2011), simulating 2D turbulence with two sources of energy at large and small scales. 

They concluded that two energy sources reconcile the direct enstrophy and the inverse-

energy cascade to explain the atmospheric spectrum accurately. Xia et al. (2011) 

performed experiments to study the interaction of a large-scale vortex and small- scale 

turbulence to explain the -5/3 slope. They concluded that large-scale planar vortices 

suppress 3D vertical eddies, which then trigger an inverse energy cascade through 

atmospheric mesoscales. Their results support the two-injection hypothesis. Indeed, the 

transition of the -3 to -5/3 slope spectra has been successfully simulated by several 

studies using high-resolution Global Climate Models  (GCMS, e.g., Koshyk et al., 1999; 

Koshyk and Hamilton, 2001; Tahakashi et al., 2006; Hamilton et al., 2008). Overall, these 

studies suggest that non-geostrophic motions - i.e., flows in the vertical direction - play a 

critical role in the development of such spectra, but because vertical motions are absent 

in 2D flows, realistic spectra cannot be predicted via purely 2D turbulence simulations. 

These results also support the two-injection theory of Lilly (1989) and Vallis et al. (1997), 

where the second injection is attributed to small scale processes such as convective 

activity.  

Salmon (1980), and later Tung and Orlando (2003, hereafter TO03), proposed that 

the entire Nastrom–Gage spectrum dynamics are contained in quasi-geostrophic 
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turbulence with forcing at the synoptic-scale only. They postulated that the single source 

of energy at the synoptic-scale could be partitioned into baroclinic (structures associated 

with vertical gradients) and barotropic (structures associated with horizontal gradients) 

modes, and argued that the interaction of barotropic and baroclinic modes cause double 

forward energy and enstrophy cascades, resulting in -3 spectra (as in 2D turbulence) 

throughout the synoptic scales. In comparison, a forward energy cascade linked to the 

baroclinic modes dominates in the mesoscale region and explains the -5/3 spectra (as in 

3D turbulence). An inverse energy cascade with -5/3 spectra (as in 2D turbulence above 

the injection) can be assumed for barotropic modes, where energy is transferred to scales 

above the energy injection scale.  Energy is dissipated at very large synoptic scales due 

to the Ekman friction damping associated with large-scale baroclinic modes, as in energy 

arrest mechanisms. A crucial caveat of TO03’s modeling framework is that the 

dissipation range profoundly influences the mesoscale range in their numerical 

simulations. Nevertheless, TO03’s single energy source hypothesis at the synoptic scales 

has been taken up by many subsequent studies (Tulloch and Smith, 2006; Vallgren et al., 

2011; Gkioulekas, 2012). Tulloch and Smith (2006) related the forward energy cascade in 

the mesoscale to thermal perturbations applied at planetary scales. They proposed that a 

downscale potential enstrophy cascade could coexist with a downscale energy cascade 

in the mesoscale, linked to baroclinic instabilities originating at large-scales, which 

become dominant in the mesoscales as described in TO03, with the transition scales 
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linked to the Rossby radius of deformation. Likewise, Vallgren et al. (2011) examined 

energy transfer under the single large-scale energy source scenario and found that the 

transition from the synoptic scale enstrophy cascade to the mesoscale downscale energy 

cascade given in TO03 is linked to the rate of system rotation as measured by the Rossby 

number. Gkioulekas (2012) confirmed that the transition from the  -3 to the -5/3 slope 

occurs near the Rossby deformation number consistent with Tulloch and Smith (2006), 

where the atmospheric turbulence is still governed by quasi-geostrophic dynamics 

instead of three-dimensional dynamics as per TO03.  Scott and Wang (2005) analyzed 

sea surface height measurements over the southern Pacific Ocean and reported 

agreement with the studies of TO93 and Salmon (1980) regarding the inverse energy 

cascade above the synoptic energy injection, and forward scatter for the baroclinic mode 

in the mesoscale. However, they found discrepancies regarding the forward energy 

transfer in the synoptic scales. Scott and Wang‘s analysis suggests that the synoptic 

scales are dominated by an inverse energy cascade that transfers energy from baroclinic 

modes to the synoptic scales. Additionally, data from Scott and Wang (2005) showed a 

spectral gap between the mesoscale flow driven by the baroclinic instability and the 

synoptic mean flow driven by the surface wind stress, consistent with the transition 

meso-α scale range in Nastrom and Gage (1985).  

Callies et al. (2014) analyzed wind and temperature fluctuations obtained from 

Airbus observations during the Measurement of Ozone and Water Vapor by Airbus In-
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Service Aircraft (MOZAIC) project. The measurements in the high troposphere included 

trace gases and also wind fields and temperature. Callies et al. decomposed the total 

wind energy spectrum into geostrophic and inertia-gravity wave components.  Their 

analysis corroborated the prevalence of quasi-2D dynamics at scales larger than 500 km 

(synoptic scales). They found that the spectrum of the component of the inertia-gravity 

wave exhibited the -5/3 slope at scales smaller than 500 km, the two components being 

uncorrelated and horizontally isotropic. Thus, the wave cascade would be a coexisting 

mechanism of forward energy transfer in the mesoscales superimposed on forward 

enstrophy transfer from synoptic scales. Callies et al. note that while the dynamics of the 

fast inertial-gravity waves in the atmosphere are not well understood, they are enhanced 

by the topography and damped by stratification. This finding would imply that the -5/3 

slope cannot be explained by thermal stratification (at least alone) per the Tung and 

Orlando original hypothesis. Callies et al. (2014) also argued that the ability of high-

resolution numerical models to reproduce the synoptic-to-mesoscale transition (Koshyk 

and Hamilton, 2001; Takahashi et al., 2006; Hamilton et al. 2008; Skamarock, 2014) is due 

to their capability to predict inertial-gravity waves, which cannot be captured in 

primitive numerical models relying on 2D-geostrophic turbulence simulations with 

oversimplified dynamics.  On the other hand, they identify other mechanisms, such as 

moist convective processes in the lower troposphere, which should have a substantial 

impact on the geostrophic flow.  
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Indeed, through the analysis of NWP simulations for different dynamical 

regimes, Nogueira and Barros (2014) reported a -2 to -2.3 slope in the mesoscale regime 

for non-convective or very weak convective conditions, and a slope of -5/3 in the 

convective regime with strong updrafts: significantly steeper spectral slopes in the 

absence of, or for weak vertical motion, and flatter slopes when strong vertical motion is 

dominant. This behavior is consistent with Nastrom et al. (1987), who argued that 

turbulence generated by mountain gravity wave breaking and convective overturning 

would explain the -5/3 slope in the mesoscales corresponding to an inverse energy 

cascade.   

Lindborg (2005, 2006, 2015) suggested that the transition to the -5/3 mesoscale 

spectrum emerges at the scales where flows escape the rotational constraint — dominant 

at the synoptic scale — and energy can be transferred to smaller scales. This forward 

energy cascade may be explained by overturning gravity-wave like structures (similar to 

DeWan 1979). The mesoscale forward energy cascade is consistent with TO08. However, 

they noted that flows are strongly nonlinear and differ from quasi-2D dynamics, as 

proposed by TO08. Lindborg (2006) proposed that the mesoscale turbulent flow must be 

constrained by stratification, and not by rotation. This statement contradicts the inertia–

gravity waves identified by Callies et al. (2014). Here, this issue is addressed in parts by 

hypothesizing the synoptic-meso scale turbulent energy feedback. 
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1.1.2 Turbulent transfer in cloud resolving models 

The most common design for turbulence parameterization in cloud-resolving 

models (CRMs) uses Reynolds Averaged Navier Stokes (RANS) for the vertical 

(boundary layer) diffusion, and a Large Eddy Simulation (LES) model for the horizontal 

(synoptic or mesoscale) diffusion. Parameterizations are adopted for simplification 

purposes as the horizontal length scale of mean property variation is large (order of 

kilometers) relative to the vertical scale (order of meters), especially in the boundary 

layer. Therefore, in the boundary layer, the small scale horizontal diffusion is excluded 

in favor of the vertical terms (Smagorinsky 1963; Holland 1978; Mellor and Blumberg 

1985). The small-unresolved horizontal mesoscale motions use subgrid-scale (equivalent 

to grid size) diffusivity much larger than in the vertical direction. Efforts have been 

made to incorporate energy backscatter (or inverse energy cascade) to the LES 

parameterization in the horizontal plane, since the flow in horizontal plane are 2D in 

nature (Mason and Derbyshire 1990; Mason and Thomson 1992; Brown et al. 1994; 

Zedikiri and Fredriksen 2010). 

Several atmospheric flow studies using WRF (Skamarock et al. 2008) have 

reported issues with turbulence parameterization for prediction of convection and 

mixing in the planetary boundary layer (PBL), such as under-prediction of vertical 

convection in the boundary layer or evolution of mesoscale circulations (Bélair et al., 

1998; Marsham et al., 2008; de Roode et al., 2004) and overprediction of boundary layer 
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depth (Persson et al., 2001) and mixing/wind shear near the surface (Mass et al., 2002). 

Braun and Tao (2000) and Sun and Barros (2012) reported significantly higher mixing in 

the vertical direction compared to the horizontal direction, and consequently, under-

prediction of storm strength. LeMone et al. (2012) compared PBL depth predictions 

using different parameterization schemes available in WRF. They reported that Mellor-

Yamada-Janjic (MYJ), BouLac (Bougeault-LaCarrere), and QNSE (Quasi-Normal Scale 

Elimination) models, which use local vertical gradients, are under-predictive, while the 

Yonsei University (YSU) (Hong et al., 2006) model, incorporating non-local motions, 

performed better. Other researchers (Weisman et al., 2008; Trier et al., 2011) drew similar 

conclusions. Whisenhant (2003) analyzed atmospheric boundary layer velocity data and 

found that the primary energy-containing turbulent scales in both the vertical and 

horizontal directions inside the boundary layer are similar. Based on the observation, a 

simple modification to the turbulence length scale specification was proposed, wherein 

the length scale in the horizontal direction was decreased in the boundary layer. The 

approach showed significant improvement in mesoscale convective roll predictions.  

Bryan and Rotunno (2009) and Rotunno et al. (2009) compared the performance 

of different models to evaluate the prediction of tropical cyclone intensities. They 

identified that parameterized turbulence, in particular turbulence in the radial direction, 

is the most critical factor for the accurate prediction of the mesoscales. Rotunno et al. 

(2009) performed a high-resolution simulation with grid intervals of 100 m for an 
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idealized tropical cyclone to accurately resolve three-dimensional turbulent motions. 

The study indicates that the resolution of 3D turbulent eddies results in tropical cyclones 

with increased maximum wind speed. The parameterized horizontal diffusion in typical 

CRM simulations tends to decrease the effects of diffusion, resulting in weaker intensity. 

The work by Rotunno et al.  highlights the quantitative importance of the internal 

turbulent diffusion in a tropical cyclone.  

Tao and Barros (2008) performed an exploratory study describing the dynamic 

evolution of atmospheric moisture fields in, first, slow (decay) regime dominated by 

large space-time scales; second, fast (initiation) regime dominated by turbulent space-

time scales; and third, an intermediate (growth) regime with moderate perturbations 

associated with time scales on the order of days to weeks. The comparison of numerical 

predictions with observations showed consistent spatial fields for the slow regime (finite 

size Lyapunov exponent), but differences were observed in the fast dynamics regime. 

They attributed the disparities to the turbulence parameterization and land-atmosphere 

interactions. Erlingis and Barros (2012) recently used WRF to examine the impact of 

land-atmosphere interactions on the nocturnal mesoscale convective system over 

Southern Great Plains (SGP) on 19-20 June 2007. The simulations were performed using 

MYJ and YSU turbulence parameterizations and different soil types and land-covers. 

YSU predictions of the storm did not show any dependence on land- characteristics over 

predicted the depth of the boundary layer, and a strong delay in storm propagation. 
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MYJ predictions showed significant dependence on land attributes, with significantly 

smaller propagation errors. Erlingis and Barros (2012) concluded that turbulence 

parameterization has a significant effect on convection, especially at nighttime, and 

plays a major role in the prediction of convective activity. The insensitivity of the YSU 

model to land-cover and soil-type may be attributed to constrained PBL depth, which 

adversely affects nocturnal convection prediction and the development of the deep 

boundary layer.  

Several studies have argued that current turbulence parameterizations are not 

compatible with high-resolution grids. Bryan et al. (2003) investigated the turbulence 

length scale associated with deep moist convection and reported that horizontal grid 

spacing of ~100 m is required to capture the inertial subrange as required for LES. 

Khairoutdinov et al. (2009) performed Giga-LES for deep tropical convection using grid 

resolutions varying from 100 m to 1.6 km. The evolution of large-scale convection did 

not show a significant dependence on the grid resolution. However, the cloudy updraft 

cores statistics, such as the diameter, mean vertical velocity, core mass flux and 

maximum vertical velocity statistics, was significantly different. Khairoutdinov et al. 

(2009) emphasized that the turbulence parameterization tends to dissipate the vertical 

distribution of clouds for grid resolutions >1km. Moeng et al. (2009) analyzed the above 

Giga-LES results to evaluate the role of turbulence in the generation of deep convective 

systems in the planetary boundary layer. The result show that the eddy-viscosity model 
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can reproduce the fluxes reasonably near the cloud layer but not in the PBL. 

Khairoutdinov et al. (2009) showed that the variance of vertical velocity falls mostly in 

turbulence scales while water vapor mixing ratio is mostly in the range of cold-pool 

scales. In the lower PBL, the moisture flux spectra shows two peaks separated by a 

spectral- gap. The peaks appear in the turbulence and cold-pool scales, and contribute 

equally to the moisture convergence. Moeng et al. (2009) reported that commonly used 

eddy viscosity turbulence models fail to predict the spectral-gap feature in the lower 

PBL. Moeng et al. (2010) related the turbulence scales to sub-filter scales, and the cold 

pool scales to the filter scales  in a mixed LES model in their study. The mixed LES 

model captures the turbulence behavior more effectively than commonly used eddy 

viscosity models, as both the subfilter and filter scales are accounted for (Meneveau and 

Katz 2000). 

Increasing model resolution does not necessarily result in better representation of 

turbulence and consequently enhance model performance, because fundamental 

turbulence transfer mechanisms are still missing. Indeed, the performance skill may in 

fact be reduced with increasing resolution as turbulence parameterizations are tuned to 

a specific horizontal grid-spacing and underlying assumptions break down at higher 

resolution (e.g., Bindlish and Barros, 2002). These assumptions also suffer significantly 

over complex topography as they are based on homogeneous turbulence. The initial 

steps in improving turbulence parameterizations are to fully understand the turbulence 
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transfer mechanisms in the synoptic and mesoscale range for applying them to the 

model. Secondly, it is also necessary to take into account all complexity of the flow 

impacted by moist processes and landform controls. The surface turbulence exchange 

in CRMs is usually determined by the Monin-Obhukov similarity theory (MOST). 

However, underlying closure model assumptions are not accurate when applied to 

complex topography with non-stationary and horizontal heterogeneity. Using data 

from the Cooperative Atmosphere-Surface Exchange Study 1999 (CASE-99), 

Stiperski and Calaf (2017) showed that similarity relations depend on stability 

conditions and states of anisotropy. Further, limited studies devoted to scaling 

relationships over complex terrain show that results are location dependent. Models 

for turbulent momentum flux may not be directly adaptable for other scalars such as 

moisture or heat.  Zorzetto et al. (2018) showed based on near-surface (5.2 m) sonic 

measurements that turbulent temperature statistics depend on large scale controls 

such as the sensible heat flux while the velocity field seems to be independent. 

Providing a proper boundary layer condition for such a PBL parameterization depends 

on how to effectively diagnose the horizontal heat, moisture and momentum turbulent 

fluxes.  A better representations of horizontal turbulence mixing near the surface 

layer will ultimately improve the modeled representation of the cloud structure and 

microphysics which currently are not reflecting surface layer radar or satellite 

observations (Greenwald et al. 2010, Wilson et al. 2014).  
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In summary, the research goal is to investigate and explain atmospheric 

turbulence transfer mechanisms and expand on the mechanisms overlooked by Nastrom 

and Gage's (1985, hereafter NG85). Later studies attempting to explain NG85 

observations are limited to small regions in time and space. First, this is because the 

results are averaged over a long period that filters all the environmental variability (e.g., 

convective/non-convective regimes), especially in the mesoscales (smaller time scales). 

Second, they are averaged with a certain depth in the atmosphere (9-14 km) that is not 

representative of near-surface weather processes (e.g., shear production); therefore, the 

vertical variability of flow is not represented. Third, the total mixing of water and 

temperature in the atmosphere also follow the multiscale flow behavior(Nogueira and 

Barros 2014), and are often overlooked though they are of practical importance for 

predictive weather and climate models.  

There has been an increasing interest in using CRMs with sub-kilometer grid 

spacing. Second-moment turbulent models have been widely used in numerical weather 

prediction models for parameterizing vertical motions in conjunction with horizontal 

mixing in the planetary boundary layer (PBL) calculated using the Smagorinsky scheme. 

The most commonly used second-moment turbulent models (Mellor and Yamada 1982, 

hereafter MY82), such as the WRF model, as currently implemented only account for the 

contribution of vertical turbulent-flux divergences.  These approaches do not account for 

the heterogeneity, anisotropy, or height dependence of turbulent fluxes near the 
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ground/surface of the planet. Recently, a full three-dimensional PBL scheme (3DPBL, 

Kosovic et al. 2020) has been implemented in WRF to reconcile the representation of the 

vertical and horizontal turbulent mixing. The model integrates 3DPBL parameterization 

with a diagnostic model of the three-dimensional second-order turbulent properties of 

the flow in the surface layer.  

	

1.3 Research Objective, Science Questions and Hypothesis 

The objective of this work is to further the understanding of atmospheric 

turbulent scaling in synoptic scales, mesoscales and planetary boundary layer scales. 

The central hypothesis is that turbulent scaling and exchange processes are transient and 

strongly impacted by vertical height, landform, and stability conditions.  

A significant challenge to developing a robust turbulence parameterization and 

clear understanding of atmospheric predictability is the lack of a unified theory for, first, 

energy transfer in atmospheric turbulence and, second, generation of -3 and -5/3 slopes 

of the energy spectra. While atmospheric turbulence involves complicated energy 

transfers, studies agree that the -3 slope is due to a forward enstrophy cascade below 

synoptic-scale forcing. However, they disagree regarding the cause of the -5/3 slope in 

the mesoscales. Different explanations have been provided for the slope, attributing the 

cause to either a secondary injection at small scales or to a forward energy cascade in 3D. 

However, there is general agreement that the vertical flow originating in the boundary 
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layer strongly affects the mesoscale spectral slope. The effect of updraft is interpreted as 

either a secondary injection or as a source of baroclinic instability. This research aims to 

develop a comprehensive theory that describes the energy transfer process in a coupled 

synoptic and mesoscale system and, consequently, provide physical insight for 

improving turbulence parameterizations and the representation of multiscale processes 

in predictive models.  

The first two science questions presented here aim to improve the description of  

the full range of scales of  the energy spectrum in an idealized and real case scenarios. In 

addition, the second science question links the idealized physics describing atmospheric 

turbulence to the overlooked issues of transient behavior in the mesoscale spectra, 

vertical scaling associated with different energy transfer mechanisms (2D, 3D 

turbulence, and wave-cascade theory), and moist processes. Finally, the third science 

question addresses the modeling of turbulent fluxes near the surface in planetary 

boundary scales both for CRMs and other related numerical models. 

Science Question and Hypothesis 1 (SQ1): This science question focuses on small-

scale feedbacks from the mesoscale. Krichanan (1967) turbulence theory suggests that a -

3 scaling below the scale of forcing explains synoptic scale spectra. This is an 

approximation for flow in the limits of zero viscosity and without a 3D context, and 

lacks interaction with smaller mesoscales. However, atmospheric turbulence does not 

have those constraints. How does a 3D context influence the -3 scaling range (synoptic 



	

22	
	

scales) in the atmosphere? In addressing this question, it is hypothesized that a small 

scale feedback from the mesoscale is necessary to produce a -3 scaling in the synoptic-

scale range. Findings in support of this hypothesis can be found in Chapter 2. The 

physical justification of mesoscale feedback is tied to the science question 2. 

Science Question and Hypothesis 2 (SQ2): The second science question extends 

the above concept into the mesoscale domain, and considers the mixed-model mesoscale 

energy transfer mechanisms. Hypothesis 1 questions the nature of the small scales 

feedback in the mesoscales. One possibility is the existence of a backscatter energy 

transfer mechanism. Is mesoscale turbulent energy transfer downscale (3D), upscale 

(2D), or a combination of both transfer mechanisms? To address this question, it is 

hypothesized that turbulent scaling is transient in the mesoscales and therefore both 

modes of downscale transfer and inverse transfer coexist and vary in time and vertical 

direction depending on stability conditions. This is directly related to the first science 

question as it describes the small scale feedback proposed in the first hypothesis. This 

question does not address the dependency of mesoscale spectra on environmental 

variables as the approach to this question utilizes an idealized method. The current 

CRMs can resolve grid scales of ~1 km and timescales of minutes, which,  although 

significantly larger than the grid requirements (~100 m) needed to resolve convection 

fully, are able to capture the most important influences of small scale flows and, in 

particular, orographic effects.  
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The specific research questions are: How does the profile of scaling behavior of 

mesoscale flow and water content vary in time and in different dynamical regimes 

(convective/non-convective, weak, and strong synoptic forcing)? Is it possible to 

attribute the observed scaling of the flow field to the transfer mechanisms proposed in 

SQ2? To address these questions, the profiles of regime-dependent scaling behavior of 

kinetic energy, enstrophy, and moist processes in the mesoscale range are are 

characterized and interpreted in the context of turbulent transfer physics proposed in 

SQ2. 

Science Question and Hypothesis 3 (SQ3): The third science question centers on 

understanding the dynamics of horizontal surface layer turbulent fluxes. How do 

height, stability conditions, and flow anisotropy impact the horizontal turbulent fluxes 

near the surface in the atmospheric boundary layer? For addressing this question, the 

capability of a commonly used second-order closure model (MY82) is assessed in 

producing near-surface turbulent heat, moisture, and momentum fluxes. Capturing the 

full near-surface turbulent dynamics, including stability and anisotropy, requires 

adjustment of model constants. 

 

1.4 Research Approach 

The first step in this research is to perform a fundamental study to investigate the 

energy transfer process in a coupled 2D and 3D turbulent system. Such simulations can 
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shed light on the energy transfer mechanism expected in atmospheric turbulence and 

validate the proposed energy transfer hypothesis, and provide physical insight for 

developing turbulence parameterization. One possible solution is to conduct Direct 

Numerical Simulations (DNS) that cover the ranges of Synoptic and meso- scales. 

However, the computational capacity to resolve this wide-scale separation, even in 

idealized scenarios, will not be possible soon. Alternatively, a 2D idealized DNS can be 

used where a small scale artificial energy source takes the place of the mesoscale 

feedback. Resulting energy spectra and TKE budget at different scale gaps and energy 

input ratios are analyzed to elucidate the energy transfer. Next, real case simulations are 

conducted with the widely-used community model WRF to further investigate the flow 

characteristic in the mesoscale range over the complex terrain and under different 

environmental conditions.  The results investigating the transient behavior of the 

vertical scaling behavior of the flow field support the turbulent transfer regimes studied 

in the idealized framework. Finally, MY82 algebraic planetary boundary layer 

parameterization is revisited, and a model for parameterizing the near-surface fluxes is 

developed. The model results are discussed based on the stability condition and 

horizontal-length scale resolution with a focus on identifying the contribution of each 

closure term. The following briefly describes the DNS solver and test cases, approach to 

vertical scaling analysis, and the development of the 3D surface layer parameterization.  
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DNS solver and 2D turbulence simulations. The simulations will be performed 

using a pseudo-spectral solver, which employs FFT and Chebyshev polynomials and is 

parallelized using a hybrid MPI/OpenMP approach. The solver has been validated for 

DNS and LES studies (Walter et al., 2013; Bhushan and Walter, 2012; Bhushan and 

Walter, 2014a), and has been used for 2D turbulence simulation for this research. The 

study for the 2D simulations with large–scale energy injection is explained in Chapter 2 

with details. The numerical setup consists of a 2D grid with 2048×2048 collocation points 

with Re=10^5. The numerical model is forced in the large scales and smaller scales with 

20:80 scale separation to imitate the synoptic-scale and mesoscale separation (2000 km: 

500 km). 

Vertical scaling of flow field over complex terrain. The real case numerical 

simulations and scaling analysis are described in Chapters 3 and 4. In this study, 

ensemble Fourier analysis of the KE field is used and compared against the scaling of 

total water. A complete picture of scaling anisotropy requires the additional analysis of 

vertical scaling, which remains a critical challenge. The analysis extensively uses both in 

situ observations, and satellite imagery of rainfall (Barros et al. 2004; Shrestha and 

Barros, 2010) to study storm structure. The model results (Tao and Barros 2008, 

Nogueira et al. .2013) are used to characterize the multifractal behavior of cloud fields 

conditional on flow properties and thermodynamic regime. The specific test cases will 

include weak and strong synoptic forcing over mid-mountain (e.g., Southern 
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Appalachian Mountains) and high-mountains (e.g., Andes Mountains), but the 

conclusions are general and can be extended to other regions with similar properties.  

Modeling the 3D turbulent fluxes in the planetary boundary layer. This work is to 

implement the use of MY82 algebraic equations to diagnose near-surface turbulent 

fluxes (3D-PBL recently proposed by Kosović et al. 2020).  The impact of model 

assumptions and constants on the results are analyzed. The near-surface diagnostic 

variables are analyzed and compared with the data from the Weather Forecast 

Improvement Project II (WFIPII). The specific test cases will include stable boundary 

conditions and diurnal cycle, forcing over complex terrain (near the Colombia River 

Gorge).  

1.5 Dissertation Outline 

The dissertation will adhere to the following outline, concluding chapter one. 

The second chapter establishes and evaluates the hypothesis of synoptic-mesoscale scale 

interactions in the atmosphere employing DNS. In addition, the transfer dynamics are 

assessed as a function of scale separation between the forcing and dissipation scales.   

This chapter was published in the Journal of the Atmospheric Sciences.  Chapter three gives 

a comprehensive climatology analysis of extreme rainfall events in the Peruvian Andes 

due to the cold air intrusions (CAIs). The CAI events are year-round weather events in 

the South American Andes associated with elongated freezing temperatures near the 

surface in wintertime, and extreme precipitation during the warm season. This chapter 
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gives a detailed description of the mesoscale structure of CAIs.  Chapter 3 is published 

in Frontiers in Earth Sciences. In addition, chapter four examines the implications of 

ongoing deforestation in the western Amazon on orographic precipitation in the tropical 

Andes through land-atmosphere interaction dynamics establishing the governing role of 

boundary-layer moisture as a source of low level entropy and atmospheric stability that 

determines the development of vertical structure of turbulent fields in the troposphere.  

This chapter is in review in Frontiers in Environmental Sciences. In chapter five, the 

vertical scaling behavior of horizontal wind and moisture fields are described as a 

function of height and stability regime for a specific CAI event. As an assessment of the 

impact of the landform and synoptic scale behavior, the analysis is extended for an 

extreme storm event over the Appalachian Mountains.   Chapter 5 is published in Earth 

and Space Sciences. In chapter six, a model based on MY82 algebraic level-2 planetary 

boundary layer is developed to diagnose 3D turbulent fluxes near the surface. This 

chapter the impact of stability condition and vertical height on the near surface fluxes.  

This chapter is in preparation for submission to the Journal of Advances in Modeling Earth 

Systems. 

A summary of research, key findings, limitations, and future directions are 

discussed in the concluding chapter seven.
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2. Direct numerical simulations to investigate energy 
transfer between meso-and synoptic scales 

This chapter is from Eghdami et al. (2018) published in Journal of the Atmospheric 

Sicences. The authors worked collaboratively in the preparation of the manuscript. ME 

implemented the research plan, numerical simulations, and conducted the analysis and 

interpretation of the results under the guidance of the AB and with help from SB. SB 

developed the DNS model. 

2.1 Introduction 

Understanding the development of the atmospheric energy spectrum across 

scales is necessary to elucidate atmospheric predictability. In this manuscript, the 

authors investigate energy transfer between the synoptic scale and the mesoscale using 

direct numerical simulations (DNSs) of two-dimensional (2D) turbulence transfer under 

forcing applied at different scales. First, DNS results forced by a single kinetic energy 

source at large scales show that the energy spectra slopes of the direct enstrophy cascade 

are steeper than the theoretically predicted −3 slope. Second, the presence of two inertial 

ranges in 2D turbulence at intermediate scales is investigated by introducing a second 

energy source in the meso-α-scale range. The energy spectra for the DNS with two 

kinetic energy sources exhibit flatter slopes that are closer to −3, consistent with the 

observed kinetic energy spectra of horizontal winds in the atmosphere at synoptic 

scales. Further, the results are independent of model resolution and scale separation 
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between the two energy sources, with a robust transition region between the lower 

synoptic and the upper meso-α scales in agreement with classical observations in the 

upper troposphere. These results suggest the existence of a mesoscale feedback on 

synoptic-scale predictability that emerges from the concurrence of the direct (downscale) 

enstrophy transfer in the synoptic scales and the inverse (upscale) kinetic energy transfer 

from the mesoscale to the synoptic scale in the troposphere. 

Atmospheric flows at synoptic scales are often assumed to show a two-

dimensional (2D) behavior because of the fact that horizontal scales are considerably 

larger than the vertical scales (Charney 1971), besides limitations of the analogy between 

2D turbulence and quasigeostrophic turbulence in Earth’s rotating atmosphere (Tung 

and Orlando 2003a,b). Reducing the flow dimensions from three to two (horizontal) 

requires conservation of the total enstrophy of the flow, a constraint that was first 

introduced for predicting the behavior of 2D turbulence by Kraichnan (1967). The 

theoretical kinetic energy (KE) spectrum of a 2D flow regime displays two inertial 

ranges: an inverse energy flux associated with a −5/3 slope and a direct enstrophy 

cascade associated with a −3 slope with a logarithmic correction to account for nonlocal 

transfers (Kraichnan 1971). 

The behavior of 2D turbulence in the inertial range has been studied extensively 

using numerical and experimental models (e.g., Boffetta and Ecke 2012). In particular, 

scaling analysis of numerical simulations of 2D turbulence in the inertial range using a 
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single energy source (e.g., forcing) fixed at a specific scale showed that turbulent transfer 

mechanisms depend strongly on the spectral separation between the scales of the energy 

source, the scale of friction at large scales, and the viscous dissipation scale (Boffetta and 

Musacchio 2010). A three-dimensional (3D) context is necessary for a realistic 

approximation of the atmospheric 2D flow independent of the direction of energy 

transfer. Prior studies of nonrotating stratified turbulence support the hypothesis that 

mesoscale turbulence transfers result from a forward anisotropic 3D energy cascade 

(Lindborg 2006). Rotation does not influence the forward cascade significantly if it is 

weak (Lindborg 2005), but in the case of strong rotation, energy piles up at the larger 

scales, a behavior linked to the transition to 2D turbulence (Biferale et al. 2012; Marino et 

al. 2013). Thus, the two inertial-scale ranges are connected and may interact (Figure 2-1), 

and a strict separation between synoptic and mesoscales would be an unphysical 

constraint. A universally accepted comprehensive explanation of the physics underlying 

the horizontal spectrum of atmospheric KE and in particular the observed scaling 

behavior is still lacking. 

The horizontal KE spectra of the atmosphere estimated using aircraft 

measurements and global radiosonde data from different field experiments (Nastrom 

and Gage 1985; Cho et al. 1999; Frehlich and Sharman 2010) exhibit a −3 slope in the 

synoptic range of scales (800–2000 km) and a −5/3 slope in the mesoscales (2–600 km). 

The ability to reproduce this scaling behavior is a key requirement in the evaluation of 
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weather and climate models (e.g., Skamarock 2004; Hamilton et al. 2008; Evans et al. 

2013; Skamarock et al. 2014; Nogueira and Barros 2014). The synoptic-scale flow 

approaches 2D behavior at large scales, and thus, the −3 slope of the observed KE 

spectra is consistent with the direct enstrophy cascade in the inertial range of 2D 

turbulence (Cho and Lindborg 2001; Tung and Orlando 2003a; Vallgren et al. 2011). 

 

Figure 2-1: Conceptual representation of the observed (Nastrom and Gage 
1985) scaling behavior in the KE of atmosphere horizontal wind including 
interactions among synoptic and mesoscales modeled by the second energy feedback 
here. 

 

There is, however, some disagreement in the literature (e.g., Xia et al. 2011; 

Vallgren et al. 2011; Waite and Snyder 2009) over the direction of net energy transfer in 

the mesoscales where the slope of the observed spectra is −5/3. Waite and Snyder (2009) 

showed that model simulations of dry mesoscale dynamics in the absence of topography 

produce −5/3 spectra associated with a net forward energy cascade. However, this result 
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does not rule out the coexistence of an inverse energy flux produced by moist 

convection as in realistic numerical weather simulations (Nogueira and Barros 2014; Sun 

et al. 2017). The hypothesis, first proposed by Lilly (1989), that a source of energy in the 

mesoscales is required to develop and maintain the inverse energy transfer flux was 

explored by Cencini et al. (2011) using a single direct numerical simulation (DNS) of 2D 

turbulence with modified viscosity (hyperviscosity) and two energy sources with a 

large-scale gap (wavenumber ratio of 7/240). Whereas the specific range of scales, the 

scale gap, and the transition scale range of the spectrum in Cencini et al. (2011) are 

different from the observed atmospheric spectra, they showed that an inertial range 

developed between the two energy sources with coexisting and overlapping direct 

enstrophy and inverse energy fluxes dominating the KE budget in vicinity of the energy 

sources at the large (−3 spectral slope) and small scales (−5/3 spectral slope), respectively. 

The objective of this study is to investigate the behavior of energy transfer in 2D 

turbulence between the meso-α (~200–600 km) and synoptic (~1000–4000 km) scales 

toward elucidating the dependence of energy transfer mechanisms on the spectral 

separation of the two energy sources vis-à-vis the observed scaling behavior in the 

atmosphere (e.g., Nastrom and Gage 1985). First, the impact of the relative scale of 

forcing (e.g., location of a single energy source; DNS series S in Table 1) on turbulence 

transfer is demonstrated. Second, the hypothesis that mesoscale inverse energy transfer 

significantly impacts enstrophy transfer in the synoptic range is tested using simulations 
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with two energy inputs (DNS series D in Table 2) and for different model resolutions 

(DNS series H in Table 3). Finally, the adaptive behavior of the enstrophy and inverse 

energy cascades in the inertial range to scale separation between the two energy inputs 

is examined (DNS series G in Table 4). 

Table 2-1 Summary of single-energy-source (S) simulation series with 
𝝂 = 𝟏𝟎!𝟓 and grid size 𝑵𝒄

𝟐 = 𝟐𝟎𝟒𝟖𝟐. The forcing width (𝜟𝒇𝟏 = 𝟏) is constant for all 
simulations, and constant nominal energy input rate 𝝐𝑵𝟏  is reduced to keep the 

effective energy input 𝝐𝑰𝟏 constant. Overall, the results show a decreasing trend in the 
spectral slope due to shifting the energy source from large scales to small scales in the 

S series. No slope is calculated when the associated inertial range is small. 

ID 𝑘!! ϵ!!  
Spectral slope 

𝑘 <  𝑘!!
!   𝑘 >  𝑘!!

!  
S1 10 8×10!! − −3.8 
S2 20 4×10!! −1.5 −3.8 
S3 40 2×10!! −1.8 −4.2 
S4 80 1×10!! −1.7 −4.7 
S5 160 5×10!! −1.6 −4.6 
S6 320 2.5×10!! −1.3 − 
a Slopes for S series are calculated between wavenumbers (𝑘!!/2) and (𝑘!! − 𝛥!!/2). 
b Slopes for S series are calculated between wavenumbers (𝑘!! + 𝛥!!/2) and 256. 
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Table 2-2 Summary of dual-energy-source (D) simulation series with 𝝂 = 𝟏𝟎!𝟓 
and grid size 𝑵𝒄

𝟐 = 𝟐𝟎𝟒𝟖𝟐  . Nominal energy input rate 𝑹𝑰 = 𝝐𝑵𝟏 /𝝐𝑵𝟐  is increased to 
increase the effective energy input 𝑹𝑰 = 𝝐𝑰𝟏/𝝐𝑰𝟐  . The forcing width is 𝜟𝒇𝟏 = 𝟏 and 𝜟𝒇𝟐 =
𝟐  . Overall, the results show a decreasing trend (steepening) in the spectral slope due 

to the decrease of the energy intensity of the second source. Slopes for the D series are 
calculated for wavenumbers 22–60 and 81–256 for intermediate- and small-scale 

ranges, respectively. 

    Spectral Slope 
ID k!!/k!! R! = ϵ!! /ϵ!!  R! = ϵ!!/ϵ!! k!! < k < k!! k > k!! 
D1 20/80 4×10!!/1.0×10!! 1/2 -1.4 -4.2 
D2 20/80 4×10!!/5.0×10!! 1 -1.7 -4.2 
D3 20/80 4×10!!/2.5×10!! 2 -1.9 -4.4 
D4 20/80 4×10!!/1.25×10!! 4 -2.5 -4.5 
D5 20/80 4×10!!/0.63×10!! 8 -3.0 -4.5 
D6 20/80 4×10!!/0.31×10!! 16 -3.5 -4.3 

 

 
Table 2-3 Summary of simulation series H similar to S2 in all respects, but with 

higher number of grid collocation points 𝑵𝒄 and lower viscosity 𝝂. 

ID Grid (𝑁!!) 𝜈 

H1 4096! 1×10!! 
H2 4096! 4×10!! 
H3 7680! 4×10!! 
H4 7680! 2×10!! 

 
Table 2-4 Summary of dual-energy-source (G) simulation series with different 

scale separations. The forcing width is Δ_f^1=1 and Δ_f^2=2. DNSs D4 and D6 are 
included for easy reference. 

ID 𝑘!!/𝑘!!  𝑅! = 𝜖!!/𝜖!! 
Grid 
(𝑁!!) 𝜈 

D4 20/80 4 2048! 1×10!! 
D6 20/80 16 2048! 1×10!! 
G1 20/160 4 7680! 4×10!! 
G2 20/160 16 7680! 4×10!! 
G3 20/320 2 7680! 4×10!! 
G4 20/320 8 7680! 4×10!! 
G5 20/320 32 7680! 4×10!! 
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2.2 DNS experiments 

The numerical experiments are based on DNSs of the incompressible Navier–

Stokes equations: 

!!!
!!!

= 0,          (2-1a) 

!!!
!"
+ !(!!!!)

!!!
= − !"

!!!
+ 𝜈 !!!!

!!!!!!
+ 𝐹!,       (2-1b) 

where 𝑢 is the velocity field, 𝑥 is the space variable, 𝑡 is time, 𝜈 is kinematic 

viscosity, 𝐹!! is the forcing term, 𝑙 and 𝑗 are tensor indices assuming values of 1 and 2 for 

2D flow, and finally, the superscript 𝑛 differentiates the large- and small-scale forcing 

terms taking values of 1 and 2, respectively. The equations are solved in nondimensional 

form, and a detailed description of the solver can be found in Bhushan and Warsi (2007). 

Specifically, the DNSs are conducted using a pseudospectral solver with a 3/2 dealiasing 

rule in Fourier space on a double periodic domain {𝑥!|𝑥! ∈ −𝐿! , 𝐿! ,𝑤ℎ𝑒𝑟𝑒  𝐿! = 𝜋} using 

a grid defined by 𝑁!! collocation points. The numerical scheme consists of three steps. 

First, a second-order Adams–Bashforth scheme is implemented to solve the convective 

terms with 𝛿𝑡 time interval. Next, the pressure correction is applied to the velocity field. 

The third step incorporates the dissipation terms. Defining the Fourier transform of the 

velocity field as 𝑢 𝑥, 𝑡 = 𝑒!"#𝑢 𝑥, 𝑡! , where 𝑘 is the wavenumber and the caret 

indicates the Fourier component, Eqs. (2-1a) and (2-1b) reduce to 

!
!"
+ 𝜈𝑘!𝑘! 𝑢! 𝑘 = − 𝛿!" − !!!!

!!
𝑖𝑘!𝑢! ∗ 𝑢! 𝑘 + 𝐹!!!

!!! ,       (2-2) 
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where 𝑚 =  1, 2 is an index variable, the asterisk represents convolution over all 

wavenumbers, and 𝛿!" is the Kronecker delta (Pope 2000). The forcing term is defined as 

𝐹!! 𝑘 = 𝑓 𝑥 =
𝜖!!  𝑢!(𝑘)/ 𝑢 !(𝑘), ||𝑘|| − 𝑘!!| < 𝛥!!/2 
0,                                      ||𝑘|| − 𝑘!!| ≥ 𝛥!!/2

 ,   (2-3) 

where 𝜖!!  is a constant nominal energy input rate; 𝑘!! and 𝛥!! are, respectively, the 

forcing wavenumber and the radial width of the source in wavenumber space; and 𝑢 ! 

is the velocity magnitude. Equation (2-3) defines the energy input (forcing) and the 

range of wavenumbers over which it acts in Eq. (2-2). Thus, the effective energy input is 

𝜖!! = 𝜋𝜖!!𝑘!!𝛥!!. As the square of the wavenumber appears in the dissipation term in Eq. 

(2-2), the effective dissipation is a function of both kinematic viscosity and the number of 

collocation points 𝑁! used in the numerical simulation. Following a simple heuristic 

analysis (Kraichnan 1967; Borue 1993; Eyink 1996; Boffetta and Musacchio 2010), the 

inverse energy flux and enstrophy cascade directions can be qualitatively determined 

from 

!!
!!
= !!

!!

! !!
!!

! !!/!!
!!!

!! !!/!!
!,        (2-4a) 

!!
!!
= !!/!!

!!!

!! !!/!!
!,          (2-4b) 

where 𝜖! and 𝜂! are, respectively, the energy and enstrophy transfer rates to 

small scales; likewise, 𝜖! and 𝜂! are the energy and enstrophy transfer rates to the larger 

scales; 𝑙!! = 𝜖!/𝜂! and 𝑙!! = 𝜖!/𝜂! represent, respectively, the characteristic smallest and 

the largest scale of the system; and finally, 𝑙! is the forcing scale. In a dissipative system, 
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𝑙! and 𝑙! can be associated with small- and large-scale dissipation characteristic lengths, 

respectively, (𝑙! and 𝑙!) as in Boffetta and Musacchio (2010). Although it is not possible 

to determine exactly how 𝑙! and 𝑙! are dependent on model physical parameters (such as 

viscosity), the dominant direction of cascades can be qualitatively deduced in the limits 

of the equations. The length-scale ratio 𝑙!/𝑙! is constant if 𝜈 and 𝑁!  are fixed; however, 

𝑙!/𝑙! and 𝑙!/𝑙! increase as the forcing scale changes from the larger to the smaller scales. 

That is, first, 𝜖!/𝜖! is very small and energy accumulates at the larger scales, and then 

𝜂!/𝜂! is very small and all enstrophy goes to the dissipation range. 

A total of 21 DNSs were conducted to test single- versus dual-energy-source 

behavior and scale separation as a function of effective energy input and grid resolution 

(viscosity). The specific DNS configurations and the scaling analysis results for each case 

are presented in Tables 1–4. In the S series (Table 2-1), the energy input location shifts 

from the larger scales 𝑘!! = 10 to smaller scales 𝑘!! = 320 and the effective energy input 

is constant. In the D series (Table 2-2), the large-scale energy input is fixed at 𝑘!! = 20 

with the secondary energy source at 𝑘!! = 80, and the effective energy input ratio 

(𝑅! = 𝜖!!/𝜖!!) decreases as the second energy source is reduced from D1 through D6 by 

reducing the nominal energy input ratio (𝑅! = 𝜖!! /𝜖!! ). Four simulations referred to as 

the H series, in all respects similar to S2 but with increased grid resolution and lower 

viscosity, were conducted to assess the sensitivity of the DNSs to grid resolution and 

viscosity as summarized in Table 2-3. A final set of five simulations, the G series in Table 
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4, was conducted to examine the sensitivity of the KE spectrum scaling behavior in the 

inertial range to changes in the scale separation. 

The DNS experiments were designed such that the energy input at synoptic scale 

(primary energy source) corresponds to a constant turbulence intensity 𝜖!! for both the S 

and D series. The turbulence intensity of the second energy source was reduced for the 

D series with 𝑅! varying from 1/2 to 16. Note that the specific effective energy inputs for 

the dual-source DNSs per se are not relevant, just their relative magnitude. For the G 

series, 𝑅! varied from 2 to 32, and the injections that predict similar energy spectra as D4 

and D6 are used for discussions. 

In dimensional terms, considering that the domain length scale is 𝐿!  =

 12 732 km, the smallest grid spacing when 𝑁!  =  2048 is 6 km and for 𝑁!  =  7680 is 

1.66 km. The energy injection scales in the S series vary from 4000 to 125 km, thus 

spanning the full range of synoptic and meso-α scales. For the D series, the primary 

energy injection is in the synoptic range at 2000 km, and the second injection is in the 

upper mesoscale range at 500 km (see Figure 2-1). For the G series, the primary energy 

injection remains in the synoptic range at 2000 km, but the secondary injection is shifted 

successively toward the lower meso-α and meso-β scales, respectively, at 250 (𝑘!! = 160) 

and 125 km (𝑘!! = 320). The simulation time step is 2×10!!(𝐿!/𝑈!) for the 2048! grid 

and 1×10!!(𝐿!/𝑈!) for the 7680! grid. Assuming 𝑈!  =  10 𝑚 𝑠!!, the temporal 

resolutions of the simulations are 0.07 and 0.035 h, respectively. 
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2.3 DNS results 

Snapshots of selected S2 and D5 𝐾𝐸 fields at the end of the DNSs are shown in 

Figure 2-2. Turbulence develops faster in D5 in the presence of a second energy source at 

small scales. Turbulence also develops faster for cases with the single energy source 

placed at the smaller scales for the single-source S series (not shown). 

 

Figure 2-2: Instantaneous 𝑲𝑬 fields for (left) S2 and (right) D5 at T = 16.  

The temporal evolution of S2 spectra is shown in Figure 2-3a. Despite the absence 

of large-scale friction, the spectral slopes do not change with time, suggesting 2D 

turbulence is well developed after T = 6 for the enstrophy cascade inertial range 𝑘 > 𝑘!!, 

which is in agreement with previous results (Vallgren and Lindborg 2011). Energy piles 

up at large scales 𝑘 < 𝑘!! as expected, but this does not affect the spectra to the right of 

the energy injection. Evidence of both energy and enstrophy transfer is present in the KE 

spectra of S simulations at scales larger and smaller than the scale of the forcing, 

respectively. The spectral slope in the enstrophy cascade region is, however, much 
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steeper than the observed and theoretical values of −3 for all single-energy-source 

simulations (Table 2-1), a behavior that is consistent with the literature for similar 

simulations (e.g., Lindborg and Alvelius 2000; Vallgren and Lindborg 2011). Results 

from DNSs with resolutions as high as 16 3842 (Boffetta 2007) and later 32 7682  

(Boffetta and Musacchio 2010) show that the spectral slope right below the source of 

energy in the enstrophy cascade range is steeper (about −3.35) than the theoretically 

predicted value (−3) and might be even steeper in the presence of large-scale drag, as 

suggested by Vallgren and Lindborg (2011). Nevertheless, the enstrophy cascade always 

forms for higher wavenumbers to the right of the source of energy and reaches quasi-

stationary state. 



 

41 

 

Figure 2-3: (a) Time evolution of energy spectra for S2; solid lines from the 
bottom to top are at simulation times 2, 4, 6, 8, 10, 12, 14, and 16, lines with −5/3 
(dotted) and −3 (dashed) slopes are shown for comparison, and a vertical line shows 
the four times of the smallest wavenumber in the system. The vertical line in marks 
the Nyquist wavenumber. (b) The inset of region of (a) with the terminal energy 
spectra of S2 (line with circles) and D series; solid lines from top to bottom are D1, 
D2, D3, D4, D5, and D6, respectively, and the dashed line with a −3 slope is shown for 
comparison. 

The spectral slopes for the dual-energy-source DNSs (D series) are flatter than S2 

(Figure 2-3b; Table 2-2), gradually steepening from slopes less than −5/3 for D1 to values 

closer to −3 for D5. Overall, the scaling analysis suggests that the energy transfer 
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mechanism in the synoptic scales changes from approaching the behavior of a kinetic 

energy cascade (e.g., D1) to approaching the behavior of an enstrophy cascade (e.g., D5) 

as the magnitude of the second energy input decreases relative to the primary source 

(i.e., as 𝑅! increases). A key implication of these results is that, albeit of smaller 

magnitude, the second energy source in the upper meso-α-scale range is necessary to 

develop the enstrophy cascade with a −3 spectral slope in the synoptic scales. That is, the 

second energy source functions as a feedback mechanism between the meso- and 

synoptic scales. 

Figure 2-4 shows the temporal evolution of the kinetic energy for the S and D 

simulations. Again, it is apparent that turbulence develops faster when energy input is 

in the higher wavenumbers, consistent with the results for all D simulations. The final 

energy in the inertial range is always higher for the D series compared to S2, as 

expected; however, in the cases of D1, D2, and D3 𝑅! ≤ 2, more energy is going to the 

synoptic scales where it lives longer. In the cases of D4, D5, and D6 𝑅! ≥ 4, which show 

a scaling behavior closer to the observations in the atmosphere (a −3 slope), the energy is 

about the same as in S2, which exhibits a much steeper spectral slope. The energy 

transfer in the synoptic scales is therefore modified significantly by the presence of a 

feedback from the mesoscales as small as 12.5% (e.g., D5) of the magnitude of the 

synoptic energy source. 
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Figure 2-4: Time evolution of (a) KE of wavenumbers below the forcing 
wavenumber for S series and (b) KE of wavenumbers between and for the D series 
compared with S2. 

The results only depend on the boundary conditions imposed on the system, that 

is, the intensity and the scale of the forcing 𝐹!!, and do not exhibit sensitivity to increased 

grid resolution or the kinematic viscosity. This is illustrated by Figure 2-5, which shows 

the energy spectra for simulations H1, H2, H3, and H4 (Table 2-3) compared against S2 

at simulation time T = 12, focusing on the enstrophy inertial range between 𝑘!! = 20 and 

𝑘!! = 80 as per Figure 2-3a. The spectra do not change with time after T = 8.0, and all 

spectra show the same slope of −3.8 as for the S2 case in the synoptic range. Thus, 



 

44 

increasing the grid resolution and/or viscosity also does not affect the large scales. This 

is expected since information travels downscale in the enstrophy cascade, and the small 

scales outside the inertial range should not influence the large scales in stable numerical 

experiments. 

 

Figure 2-5: Energy spectra of S2 and H series for T = 12.0. The black dotted line 
with a −3.8 slope (parallel to S2; see Table 1) is provided for reference. 

The enstrophy 𝛱! 𝑘  and energy 𝛱! 𝑘  transfers attributed to the nonlinear 

terms in Eq. (2-1b) are shown in Figure 2-6 for series S and D (see also Boffetta and 

Musacchio 2010; Pope 2000). The localized jumps that are especially evident in the 

energy transfer plot (bottom panel) correspond to the position of energy inputs. Detailed 

examination of S2 and S4 in the light of Eqs. (2-4a) and (2-4b) provides insight into the 

energy transfer direction. In the case of S2, with large-scale separation between the 

forcing and viscous dissipation scales, the energy input is mostly transferred to larger 

scales rather than cascading down to the smaller scales. The enstrophy cascade for S4 is 
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significantly larger than for S2. For cases with two energy sources, turbulent transfer in 

the intermediate wavenumber range (20 < 𝑘 < 80) depends on the scale separation 

between the inputs and on the ratio 𝑅! of the first and second nominal energy sources. If 

the second energy injection is strong (e.g., D2), the inverse energy cascade dominates 

between the input wavenumbers as long as 𝑅! ≤ 2, and the spectral slope for these cases 

is closer to −5/3, as expected in 2D turbulence left of the injection. If the second energy 

injection is weak (e.g., D5), the enstrophy cascade due to the first energy source is 

dominant, and the spectral slope is closer to −3, consistent with synoptic-scale 

observations in the upper troposphere (Nastrom and Gage 1985). An important finding 

is that this transition takes place with a small amount of feedback from the mesoscale 

(e.g., 𝑅! = 8 for D5 with −3 slope) compared to the magnitude of the primary (large 

scale) energy input, which can be attained by processes such as frontogenesis or 

atmospheric convective activity in the real atmosphere. 
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Figure 2-6: (top) Enstrophy 𝜫𝒁 and (bottom) 𝜫𝑬 kinetic energy transfer in 
Fourier space averaged over a sample calculated between simulation times 15 and 16 
for every 500 time steps for runs S2, S4, D2, and D5. 

Figure 2-7a shows the results from the G series simulations (Table 2-4) along 

with D4 and D6 as reference to compare simulations with different separation scales 

between the energy inputs (the scale of the primary energy input is fixed). Note that the 

scale separation for G3, G4, and G5 is too large with the second energy source applied in 

the meso-β-scale range where vertical motions are significant in the atmosphere, and 

thus, these specific DNSs are not representative of realistic behavior, and they are used 

here for sensitivity purposes only. When the scale separation changes, the relative 

fraction of the energy input that turns to direct enstrophy flux (𝜂!/𝜂!) and inverse 

energy cascade 𝜖!/𝜖! [Eqs. (2-4a) and (2-4b)] also changes. This change is very small for 

the cases of G1 and G2, but a higher amount of energy input is needed for the cases of 

G3 and G4 to support similar inverse energy flux rate as G1 and G2. This is illustrated in 
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Figure 2-7b, which shows the energy transfer 𝛱! 𝑘  for D4, G1, and G3. The results 

suggest that there is a preferred scale separation range to capture the scaling behavior of 

upper-tropospheric observations including the transition between −3 and −5/3 spectral 

slopes (shaded blue in Figure 2-7a; see also Figure 2-1 in Nastrom and Gage 1985), which 

corresponds to the feedback between the meso-α and synoptic scales. 

 

Figure 2-7: (a) Energy spectra of D4, D6, and G series showing the spectra 
between the energy inputs for T = 12.0. The straight solid and dotted lines showing 
the −3 and −5/3 slope, respectively, are provided for reference. The shaded region 
marks the transition zone between about 800 and 400 km from the observations 
(Nastrom and Gage 1985). (b) The 𝜫𝑬 energy transfer in Fourier space for D4, G1, and 
G3 series. 
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2.4 Conclusions 

Previously, modeling studies of atmospheric turbulence have focused on either 

synoptic or mesoscale ranges, neglecting scale interactions between them. Here, it is 

demonstrated that a second energy injection is necessary to explain the −3 spectral slope 

between the synoptic scale and the mesoscale (see Figure 2-1). The second energy input 

in the D series simulations is interpreted as feedback mechanism from the meso-α scale 

to the synoptic scale, and the results suggest that even small feedback is sufficient to 

support two-way transfers. Whereas assessing conclusively the implications of this 

feedback for the direction of net energy transfer under realistic atmospheric forcing is 

out of the scope of this work, these findings have important implications for explaining 

the observed energy spectra of atmosphere and elucidating the impact of this mesoscale 

feedback on synoptic-scale predictability (Lorenz 1969; Berner et al. 2017), including the 

treatment of conservation laws across scales in weather and climate models (e.g., 

Thuburn 2008). The results presented here should be relevant to 2D geophysical 

turbulence with coexisting forward and inverse transfer such as the case of ocean 

circulation (e.g., Marino et al. 2015; McWilliams 2017), although the forcing and fluid 

properties and specific range scales of interest may be different. Future studies of 

coupled 2D–3D interactions are necessary to elucidate energy transfer mechanisms and 

scale interactions at the mesoscale.  
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3. Extreme Orographic Rainfall in the Eastern Andes 
Tied to Cold Air Intrusions 

This chapter is from Eghdami and Barros (2019a) published in Frontiers in 

Environmental Science: Atmospheric Sciences. AB proposed the research idea and the 

research plan. ME implemented the research plan, performed the WRF simulations, and 

conducted the climatology analysis and interpretation of the results under the guidance 

of the AB. The two authors worked collaboratively in the preparation of the manuscript. 

3.1 Introduction 

The Andes mountain range is the most prominent topographic feature of South 

America and modulates the weather and climate of the continent (Garreaud, 2000, 2009). 

Orographic effects on synoptic and regional-scale weather and climate (Barros and 

Lettenmaier, 1994; Houze, 2012) can lead to localized extreme rainfall events causing 

floods, debris flow, and landslides that reshape the landscape (e.g., Lowman and Barros, 

2014). South American Cold Air Intrusions (CAI) (hereafter referred to as CAI) are year-

round synoptic scale phenomena that tie the mid-latitudes to the tropics along the 

eastern slopes of the Andes. The focus of this manuscript is on the role of CAI in the 

climatology of extreme orographic precipitation in the eastern Andes. 

Synoptic-scale cold intrusions of mid-latitude air to the tropics are common 

along north-south oriented mountain ranges (Garreaud, 2001) including the Rockies 

(e.g., Schultz et al., 1997), the Himalayas (e.g., Chen et al., 2002), and the Andes 

(Garreaud and Wallace, 1998; Garreaud, 1999a,b, 2000; Vera and Vigliarolo, 2000). 
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Garreaud (2000) synthesized the mean synoptic structure of CAI events in the Andes 

based on 17-years of National Centers for Environmental Prediction-National Center for 

Atmospheric Research (NCEP-NCAR) reanalysis and satellite measurements of 

outgoing longwave radiation (OLR) to show how orographic blocking forces 

geostrophic southerly winds to align with the Andes and transport cold air to the 

tropics. Earlier studies linked CAI occurrences in the austral winter to light rainfall 

alone, while estimating that CAI produce 25–50% of summer precipitation over central 

Amazonia and adjacent plains as a result of the enhanced convective environment ahead 

of the cold surge (Garreaud and Wallace, 1998). Cold season episodes cause significant 

temperature drops near the land-surface resulting in widespread freezing conditions in 

the mid-latitudes and subtropical South America that have severe adverse impacts on 

agriculture and people. Espinoza et al. (2013) analyzed winter frost episodes (June-July-

August, JJA) using in situ temperature data from 1975 to 2001, and defined extreme cold 

events when minimum daily temperature drops below the 10th percentile. They 

reported different duration and intensities for winter frost events depending on latitude 

with 60% of the events in the subtropics lasting about 1 day, and 15% of the events in the 

tropics lasting as long as 3 days. Boers et al. (2014) reported results similar to Espinoza et 

al. (2013) but focused instead on extreme rainfall events in the Bolivian Andes during 

the monsoon season (December-January-February, DJF). Hurley et al. (2015) found that 

most of the snow accumulation on the Quelccaya Ice Cap (QIC) in the Peruvian Andes 
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from ~ 2003 − 2013 occurred during the monsoon, with the heaviest events that account 

for 70% of total snow accumulation being associated with CAIs' frontal band of 

enhanced convection. Following Siqueira and Machado (2004), Siqueira et al. (2005) 

proposed classifying CAIs in three categories: (1) interaction with tropical convection 

during northward propagation, (2) interaction with tropical convection along a quasi-

stationary northeast to southwest convection band, and (3) no interaction with tropical 

convection, with the first one being most relevant for this work. During the monsoon, 

CAI events have been linked to emergence of organized mesoscale convective systems 

(MCSs) over the southern La Plata Basin (Anabor et al., 2008; Boers et al., 2015). Anabor 

et al. (2008) point out that while the region of convective development typically 

propagates north and northwestward ahead of the CAI front with MCS activity 

propagating eastward, occasionally there is upstream southeastward MCS propagation 

that is tied to the position of the South Atlantic anticyclone. Boers et al. (2015) linked 

southeasterly propagation of convective precipitation clusters to the Bolivian Andes 

during the monsoon to pressure anomalies associated with the westerly Rossby Wave 

(RW) propagating over the Andes as it interacts in the leeside with the northwestern 

Argentinian low-pressure center (NAL, Seluchi et al., 2003). Besides the different modes 

of CAI interaction with tropical convection, past CAI climatology studies also focused 

on trajectory (Lupo et al., 2001) and life-cycle analysis related to westerly RW 

interactions between the subtropical and polar jets (Müller and Berri, 2007). In 
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particular, Müller and Ambrizzi (2007) linked CAI causing generalized frosts to a double 

RW train approaching South America (SA) between the subtropical and polar jets. The 

trajectories of these anomalies may or may not merge as they approach western SA, 

which subsequently impacts whether they are in-phase (favorable to strong CAI) or out-

of-phase on the lee side of the Andes. 

The linkages between CAI timing and frequency over long time-scales were 

investigated by Li and Fu (2006). Specifically, they showed how CAIs played an 

important role in priming the large-scale environment over the Amazon for the 

monsoon onset by impacting upper troposphere conditions and low level moist static 

energy early in the austral spring. Furthermore, they attributed monsoon onset delays to 

decreased CAI frequency and intensity in the transition season (September, October, 

November, SON). This finding was confirmed by Yin et al. (2014) who pointed out that 

poleward displacement of the Southern Hemisphere Subtropical Jets under global 

warming leads to weaker CAI activity causing late initiation of the monsoon in global 

climate model (GCM) simulations. Nevertheless, Yin et al. (2013) showed that GCM's 

handicaps in predicting fully CAI space-time features result in significant simulated 

rainfall bias, especially in the transition seasons, and more so in the spring (SON). In the 

austral winter, that is the dry season (May-September), GCM CAI climatology also 

points to decreases in frequency albeit accompanied by increases in intensity under 

global warming (Cavalcanti et al., 2013). 
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An open question following Li and Fu's (2006) work concerns the relative role of 

local and remote processes. Local processes such as multiscale land-atmosphere 

interactions depending on land cover and soil moisture conditions can strongly 

influence the development and organization of the convective activity ahead of the 

storm. Moreover, telecoupling to remote climatological phenomena such El Niño 

Southern Oscillation (ENSO) and the Southern Annular Mode (SAM) plays a role in 

determining favorable or unfavorable SON environmental conditions for CAI's 

northward propagation (e.g., Siqueira and Machado, 2004). For instance, Medvigy et al. 

(2012) linked CAI frequency and intensity increases in the western Amazon to 

deforestation. Likewise, Sun and Barros (2015a) showed that decreases in 

evapotranspiration from Andean forests up to mid-elevations on the eastern slopes 

weaken convective activity, modifying the South American Low Level Jet (LLJ), 

ultimately reducing upslope moisture convergence and orographic precipitation. 

Besides being critical to moisture recycling in the Amazon proper, evapotranspiration 

from forests in the Amazon foreland also plays an important role in the dynamics of 

regional-scale circulations that modulate the diurnal cycle of precipitation in the Andes 

(Sun and Barros, 2015b). How these feedbacks may be enhanced or weakened in the 

future due to recent evidence of shifts in forest cover along the Andes foothills is an 

open question (Aide et al., 2019). Understanding the interplay of large-scale circulation, 

regional climate, and land-use and land-cover (LULC) change from the Andes to the 
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Amazon, and potential alterations of CAI seasonality and consequently shifts of the 

timing of monsoon onset requires long-term high-resolution integrated modeling and 

observations. 

Zipser et al. (2006) investigated global storm activity based on Tropical Rainfall 

Measurement Mission (TRMM) satellite observations: they used the 40-dBZ reflectivity 

height from the TRMM Precipitation Radar (PR) measurements as an indicator of 

updraft strength, along with the minimum brightness temperature of precipitation 

features at 37 and 85 GHz, and the collocated lightning flash rates. Their study shows 

that the most intense, long lasting, and deepest convection in the world occurs in 

subtropical South America, a finding replicated by Boers et al. (2016). Rasmussen and 

Houze (2011) classified Andean convective activity in three types according to their 

morphology: deep convective cores, wide convective cores, and storms with large 

stratiform regions, with the second type being the most frequent in the southeastern 

South America at lower elevations. Due to the challenges of correcting ground-clutter 

contamination and the complexity of low-level stratiform precipitation systems with 

embedded convection, the detection and classification of shallow orographic 

precipitation in mountainous regions is very challenging (Prat and Barros, 2010a,b; 

Duan et al., 2015; Arulraj and Barros, 2017, 2019) resulting in severe underestimation of 

precipitation rates in the eastern Andes (Lowman and Barros, 2014). Ground-based 

precipitation observations are therefore key to detect and measure extreme events such 
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as the isolated (<  10 𝑘𝑚!) torrential event (~ 30 𝑚𝑚 ℎ𝑟!! for 6 h) in the Peruvian Andes 

on October 4, 2013 that motivated this work (Figure 2-1). 

 

Figure 3-1: (A) Location of the rain-gauges used in this study and Madre de 
Dios Transect (inset) in the Peruvian Andes. (B) Cumulative rainfall curves (CRCs) 
from 2013-10-03 12:00 Local Time (LT) to 2013-10-06 00:00 LT for all rain-gauges. The 
CRC color is the same as the corresponding rain-gauge mark in the inset map. 

Previous CAI studies have focused most often on CAI dynamics and cold season 

weather such as frost impacts. In this manuscript, the objective is to investigate the link 

between CAI and extreme orographic precipitation in the eastern Andes. Although a 

challenging endeavor due to scarce ground-based observations and remote sensing 

limitations, the integration of long-term reanalysis, satellite data, and rain-gauge 
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observations enables probing the relationship between orographic precipitation 

extremes and CAIs in the context of regional weather and climate. Specifically, ERA-

Interim reanalysis data (39 years) are used to revisit the mean structure and frequency of 

CAI events in the Peruvian Andes. The data and the methodology used for detecting 

CAI are presented in section Data and methodology, and the numerical simulations are 

described and examined vis-à-vis the CAI synoptic scale climatology from reanalysis in 

section Case study - October 4, 2013. In section Rainfall observations, long-term statistics 

of CAI are interpreted in the light of rainfall data in the foothills and western Amazon 

basin toward assessing the role of CAI on orographic precipitation climatology. 

Discussion and Conclusions follow in section Conclusions and Outlook. 

3.2 Data and Methodology 

3.2.1 Rainfall Data 

A torrential rainfall event on October 4, 2013 was recorded by rain-gauges along 

an altitudinal transect in the Madre de Dios river basin (Barros, 2013) with up to 200 mm 

of rainfall measured over ~6 h at the orographic maximum (~ 1,500 m elevation) in the 

eastern Andes comparable to precipitation produced by land-fallen tropical cyclones in 

the Atlantic Coastal Plain of the US. Figure 3-1 shows the geographic setting of all rain-

gauges used in this study (right panel and inset) as well as the cumulative rainfall 

curves (CRCs) for the rain-gauges in the Madre de Dios transect during the event. The 

rain-gauge locations are provided in Table 3-1. 
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Table 3-1 Rain gauge location and time in service. 

Gauge Location Latitude Longitude Elevation (m) Period 
Upper trocha 13.1062∘𝑆  71.5883∘𝑊 2,690 Nov-2011 to 

Oct-2017* 

Posada san pedro 13.0559∘𝑆 71.5441∘𝑊 1,401 Jun-2011 to 
Oct-2017 

Lower trocha 13.0775∘𝑆 71.5630∘𝑊 2,125 Apr-2012 to 
Oct-2017 

Wayquecha 13.1749∘𝑆 71.5865∘𝑊 2,896 Jun-2011 to 
Oct-2017 

Tres cruces 13.1207∘𝑆 71.6116∘𝑊 3,639 Oct-2011 to 
Oct-2017 

* For Upper Trocha, Posada San Pedro, Lower Trocha, and Tres Cruces, 622, 189, 

39 and 27 days are missing, respectively. 

Precipitation Features (PFs, 

http://atmos.tamucc.edu/trmm/data/trmm/level_2/rpf/) derived from Tropical Rainfall 

Measuring Mission (TRMM) measurements after Nesbitt et al. (2000) and Liu et al. 

(2008) are used here to determine the composite diurnal cycle of rainfall on two 

altitudinal bands above and below the orographic maximum (~ 1,500 m). PFs were 

classified into five categories for analysis corresponding to 20, 30, 40, 50, 100 (𝑚𝑚 ℎ𝑟!!) 

average areal rain rate (volumetric rain per unit area) and maximum near surface rain 

rate from the TRMM 2B31 product (Tropical Rainfall Measuring Mission, 2011). Terrain 

elevation at the center of each of PF determines the altitudinal band to which the PF 

belongs for a period of record of more than 16 years (December, 1997—September, 
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2014). The analysis is centered in the Peruvian Andes (9°−17°S, 60°−80°W) spanning a 

distance of about 400 km northward and southward from the Madre de Dios network, 

and one of the hot-spots region identified by Chavez and Takahashi (2017). 

3.2.2 CAI Climatology 

The CAI climatology was constructed based on 39 years of European Center for 

Medium-Range Weather Forecasts (ECMWF) ERA-Interim reanalysis between 1979 and 

2017 (Berrisford et al., 2011; Dee et al., 2011). The data consist of 60 vertical levels from 

the surface to 0.1 hPa with horizontal resolution of 0.75° × 0.75° available daily at 00, 06, 

12, and 18 UTC. Mean sea level pressure (MSLP), temperature at 925 hPa (T925), 

vertically integrated Moisture Convergence (MC) and horizontal wind and specific 

humidity at 12 pressure levels between 100 and 1,000 hPa (100, 200, 300, 400, 500, 600, 

700, 800, 850, 900, 950, 1,000) are used in this study for CAI detection analysis following 

the methodology described by Garreaud (2000). First, an initial set of events is chosen 

based on the frequency with which the spatial average 24-h MSLP trends (δMSLP) in the 

region between 55.5° - 60°W and 22.50° - 27.00°S exceeds the 10th percentile of its 

monthly climatology. Next, to ensure the existence of a high pressure system, and 

therefore a cold front in the domain of study, only events for which the spatial average 

of MSLP exceeds the 10th percentile of its next-day monthly regional value are retained. 

The median of the time that the conditions for event detection are met is defined as day-

0 and the 24 h before and after that time are defined as day-1 and day+1, respectively. 
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For the analysis of rainfall data, the 2 day period between day-1 and day+1 is defined as 

a CAI event, and other times are considered as non-CAI days. Further, when the inter-

event time is <2.5 days, only the stronger events are retained for analysis to ensure event 

independence. This methodology yields the detection of 726 events between 1979 and 

2017. 

Figure 3-2 shows 3 months of 24-h MSLP and MLSP trends (δMSLP), and 925 

hPa-air temperature (T925) from the beginning of September until the end of November, 

2013. The seven events detected during this period are identified by vertical lines. CAI 

intensity expressed in terms of pressure increase and temperature drop varies 

significantly from event to event. In particular, note that the pressure changes for the 

extreme event on October 4th, 2013 are not distinct from all the others. This suggests that 

beyond synoptic–scale forcing, there is an important role for regional—(moisture 

convergence, atmospheric stability) and local-scale conditions (orographic forcing) to 

determine the location and magnitude of extreme events. 
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Figure 3-2: Time series of (top) 24-h Sea Level Pressure tendencies (𝜹𝑴𝑺𝑳𝑷), 
(middle) averaged Sea Level Pressure (MSLP) and (bottom) 925-hPa air temperature 

averaged in the area between 55.5° - 60°W and 22.50°-27.00°S coordinates, starting 
from the beginning of Sept. until the end of Nov. 2013. The vertical lines mark CAI 
events detected during this period. The horizontal dashed lines show the monthly 

10th percentile of 𝜹𝑴𝑺𝑳𝑷 and MSLP in the top and middle panels, respectively. 

3.3 Case Study – October 4, 2013 

Previously, moist orographic processes over the Andes were simulated using the 

Weather and Research Forecasting (WRF, Skamarock et al., 2008) model by Sun and 

Barros (2015a,b) and de la Torre et al. (2015) among others. The WRF simulation of the 
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October 2013 event presented here relies on these and other orographic precipitation 

studies with regard to selection of model physical parameterizations, numerical grid 

design, as well as specification of initial and boundary conditions. 

A 3-domain one-way nested grid is set-up (Figure 3-3) with 18, 6, and 1.2 km 

grid-spacing following Sun and Barros (2014, 2015a) who successfully investigated 

interactions between strong synoptic systems and complex topography. Simulations 

were conducted using WRF 3.8.1 to solve the non-hydrostatic and fully compressible 

flow equations with a 6-h spin-up time in the outer domain and one-way coupling 

between nested grids. The grid-spacing ratio between the outer (D01, 18 km) and 

intermediate (D02, 6 km) domains is 1:3 with 316 ×496 and 433 ×547 horizontal grid 

points, respectively (Figure 3-3). The grid-spacing ratio between the intermediate and 

inner domains (D03, 1.2 km) with 756 ×726 horizontal grid points is 1:5. All the domains 

have 90 vertical atmospheric layers with top at 50 hPa, and 4 soil layers. Initial and 

boundary conditions are extracted from the National Centers for Environmental 

Prediction Final Operational Global Analysis (NCEP-FNL) available at 1° ×1° resolution 

every 6 h (Kalnay et al., 1996) with 26 vertical layers between 1,000 to 10 hPa in addition 

to the surface layer following Sun and Barros (2015a,b). 
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Figure 3-3: Domain setup for numerical simulations with 3 nested domains 
with increasingly higher grid resolution: D01 (18 km), D02 (6 km), and D03 (1.2 km). 
The small shaded box shows the region where the ECMWF reanalysis data are used 
for detecting the events. The black circle marks the region highlighted in Figure 3-1 

where the rain-gauges are installed. 

 

The selection of physical parameterizations was informed by recent studies of 

orographic precipitation (e.g., Wilson and Barros, 2015, 2017) and includes the Mellor–

Yamada–Nakanishi–Niino (MYNN level 2.5; Nakanishi and Niino, 2006) planetary 
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boundary layer scheme, the Milbrandt microphysics scheme (Milbrandt and Yau, 

2005a,b), and the Noah land surface model (Ek et al., 2003). The Rapid Radiative 

Transfer Model (RRTM) (Mlawer et al., 1997) and the Dudhia scheme (Dudhia, 1989) are 

used to describe longwave and shortwave radiation at 1-min intervals. The Kain-Fritsch 

cumulus parameterization (Kain, 2004) scheme is applied in the outer and intermediate 

domains, whereas in the inner domain, convective processes are explicitly resolved. 

Figure 3-4 shows simulated fields of MSLP, and 850 hPa winds and geopotential 

heights every 6 h starting on October 3 at 06Z. Synoptic scale context is provided by 

movies of the evolution of 500 and 850 hPa geopotential heights and winds in 

Supplemental Informations S1a,b. For reference, composite MSLP, and 850 hPa level 

horizontal winds for all CAI events in the austral spring (September, October, and 

November, SON) 1979–2017 are also provided for day-1, day-0, and day+1 

(Supplemental Information S1c). The main driver of the October 2013 event is the 

migratory high-pressure system that moves eastward from the South Pacific associated 

with eastward mid-latitude wave propagation along the subtropical jet consistent with 

climatology (e.g., Garreaud, 2009). The large-scale structure shows poleward orientation 

of mid-latitude trajectories west of south SA due to orographic blocking by the Andes 

(Supplemental Informations S1a,b). The MSLP of the case study is about 5 hPa lower 

than climatology in the subtropics both for the day before (day-1) and the day of the 

event (day-0), which is favorable to convective activity. More interestingly, early on in 
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the development of the October 4, 2013 event (day-1), a strong high-pressure system is 

present in the South Atlantic (~ 40°W, 50°S) that forms a stationary mid-latitude dipole 

with a low pressure center to the north (~40°S) at the same longitude. The dipole moves 

slowly eastward after 18Z on day-1 (October 3) and is out of the domain by day+1 

(October 5). As the westerly migratory high-pressure system moves over the Andes (~ 

45°S), atmospheric blocking by the mid-latitude pressure dipole enhances 

counterclockwise geostrophic circulation on the lee-side of the Andes, thus favoring the 

development of a mid-latitude anticyclone confined to continental SA (~60°W). 

Orographic blocking in the lower troposphere (< 700 hPa) to the west along the eastern 

slopes of the Andes forces the development of ageostrophic southerly winds pushing 

CAI that are further enhanced by cyclonic circulation over the Rio de la Plata (~55°W, 

35°S) on day-0 and into day+1. Persistent southerly winds during this period reach the 

tropics fueling convective activity along the frontal boundary between the CAI air mass 

and warm moist tropical air well into day+2 (October 6, Figure 3-4). After the high-

pressure system passes over the mountains, regional circulation changes returning to 

non-CAI conditions with northerly winds toward the South Atlantic Convergence Zone 

(SACZ) by day+3 (October 7, not shown). 
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Figure 3-4: WRF simulation (D01, 18 km) of the October 4, 2013 CAI case study. 
The maps show Mean Sea Level Pressure (MSLP, shaded), 850 hPa level horizontal 
winds (arrows), and 850 hPa geopotential heights (green contours, 30 m interval) every 
6 h starting on October 3 at 06Z. The black contour line shows the 2000 m elevation. 
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Figure 3-5 shows the simulated synoptic scale evolution of near the surface 

equivalent potential temperature (925 hPa) and Precipitable Water (PW) fields overlain 

the 300 hPa winds every 24 h October 3–7, 2013. There is a large contrast between very 

high PW (>50 mm) over the Amazon due to easterly advection of warm moist air from 

the tropical Atlantic and that piles up against the eastern Andes initially (bottom row, 

left panels) and subsequently becomes organized ahead of the CAI front, and PW (< 20 

mm) in southern SA associated with low level cold advection behind the front. Easterly 

moisture transport from the Atlantic piles unstable moist air (60 mm PW) against the 

terrain ahead of the CAI front north of 15°S as it can be seen from the co-evolution of 

PW and 850 hPa winds (Supplemental Information S2). 
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Figure 3-5: WRF simulation (D01, 18 km) of the CAI event on October 3–7, 
2013. Top row shows the equivalent potential temperature and 925 hPa level 

horizontal wind fields. The blue contour line delineates the 1,020 hPa sea level 
pressure. Areas of high and low pressure are marked with H and L, respectively. 

Bottom row shows the Precipitable Water (PW) overlain on the 300 hPa level 
horizontal wind fields. A movie showing the temporal evolution of PW during the 

event duration is available as Supplemental Information S2. 

The mesoscale evolution of the storm described by the vertically integrated 

Moisture Convergence (𝑀𝐶 = −𝛻 ⋅ !
!
∫ 𝑞𝑈𝑑𝑝, where 𝑞 is specific humidity and 𝑈 is 

horizontal wind, 𝑝 is pressure and 𝑔 is the acceleration due to gravity), geopotential 
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heights and horizontal winds at 850 hPa is presented in Figure 3-6. Initially, regional 

conditions are consistent with the typical wind patterns associated with the SACZ with 

streamlines in the NE-SE direction (Oct-03, 12Z). The color-scale is chosen to show the 

average behavior of MC. However, the maximum values can locally assume values as 

high as 30 (𝑔 𝑚!! 𝑠!!). Note evidence of a low-level mesoscale cyclonic vortex centered 

at 25°S and 65°W (consistent with the NAL) and high-pressure to the right (top row). 

Blocking of the easterly geostrophic flow as discussed above in the context of Figure 3-4 

forces the alignment of northward low level flow along the eastern Andes, and the 

development of a cold front (e.g., the CAI front) as southerly air interacts with tropical 

moist air. Behind the front, an orographic blocking high forms in the subtropics that 

expands northward and strengthens with time eventually reaching the tropics in day-0 

and into day+1.The cold front propagates northward reaching the subtropics (Oct-04, 

00Z) with a well-defined region of strong convergence forming ahead of the cold front 

consistent with the PW patterns in Figure 3-5. The leading moist convergence zone 

(MCZ) advances with the CAI front along the Andes until it reaches ~6°S (Oct-06, 00Z). 
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Figure 3-6: WRF simulation (D02, 6 km) of the CAI event on October 3–7, 2013. 
The first two columns show the integrated moisture convergence (MC) and 850 hPa 
level horizontal wind streamlines. The 1500 m orography is shown by southwest-
northeast hatching. The second two columns show the 850 hPa level geopotential  
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Figure 3-7 shows the spatial distribution of simulated rainfall (Figures 3-7A,B) in 

the inner domain just as the CAI reaches its northernmost excursion and begins to 

retreat as per the meridional wind changes in Figure 3-7C. The model predicts localized 

precipitation accumulations of up to 172 mm (Figure 3-7B) against the 1,000 m elevation 

contour along a cross-section (cyan) at the latitude of the raingauge network in Figure 3-

1. Note the rapid change in rainfall accumulations in Figure 7B from 50 to 160 mm over a 

period of 6 h as the CAI front arrives. Figure 3-7C suggests that low level northerly 

meridional winds are blocked by the terrain and by the southerly cold front over the low 

topography of the Amazon foreland basin. This blocking effect and change in wind 

regime that is accompanied by moisture convergence ahead of the storm can also be 

seen in Figure 3-6 (starting from Oct-4, 00Z). Convection initiates where northerly warm 

moist air piles against the terrain forcing localized upward motion to develop in the 

lower 1-2 km AMSL (2 km AMSL shown in Figure 7D; negligible at 1 km AMSL, not 

shown) producing heavy precipitation (purple shade in Figure 3-7B). Simulated updrafts 

can reach 35 𝑚 𝑠!! at higher altitudes (10−15 km). The model captures rainfall initiation 

with a 12–24 h delay in peak rainfall intensity relative to the Madre de Dios network 

(approximate time difference between purple and green shades in Figure 3-7B), but well 

within the time of arrival and movement of the CAI front along the Central Andes hot-

spot region. Simulated rainfall intensities (1.2 km grid-spacing) are 3–4 times lower than 

rain-gauges (point scale), with rainfall occurring intermittently throughout the day in 
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contrast with the observations that exhibit a mid-day rainfall break. Overall, the 

simulated rainfall accumulations at 1,500 m elevation vary between 131 and 172 mm in 

contrast with accumulations of 270–280 mm measured by the rain-gauges (Figure 3-1). 

Nevertheless, the spatial organization of simulated precipitation (Figure 3-7A) is 

consistent overall with the spatial distribution of precipitation features from the TRMM 

satellite climatology along the eastern slopes of the Andes with negligible precipitation 

or very light rainfall at higher elevations above the tree line (e.g., ~3,500 m) along the 

headwaters of the Amazon basin (Lowman and Barros, 2014). 
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Figure 3-7: (A) Simulated cumulative rainfall from the high resolution domain 
(D03, 1.2 km) between Oct. 4, 12Z and Oct. 6, 00Z, 2013. The thick and thin black 
contour lines show the 1 km and 3.5 km topographic elevations, respectively; the cyan 
straight horizontal line marks the cross-section used in (B–D). (B) Total cumulative 
rainfall in the cross section, purple shading in (B) indicates time of maximum rainfall 
intensity in model simulations, green shading in (B) indicates time of maximum 
rainfall intensity in the Madre de Dios network; (C) longitude-time diagram of 
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meridional wind interpolated to 1 km AMSL; and (D)longitude-time diagram of 
vertical wind at 2 km AMSL. Blue line in (D) represents the terrain cross-section, and 
the black line is marked on the 2 km elevation contour. 

The vertical distribution of moisture content and frozen hydrometeors (Figure 3-

8A), simulated reflectivity (Figure 3-8B), and vertical winds (Figure 3-8C) are shown in 

Figure 3-8 for the period of maximum simulated rainfall intensity along the cross-section 

marked in Figure 3-7A. The moisture content is the sum of water vapor, rain water, 

cloud water, and frozen phase (ice, snow, graupel, and hail) mixing ratios. The contour 

lines highlight the spatial distribution of frozen hydrometeors as a proxy for convective 

activity that extends to the higher levels in the atmosphere. Note the spatial alignment of 

high reflectivity cores of heavy precipitation (reflectivity up to 60 dBZ at 5 km AMSL) 

with the updrafts and downdrafts associated with localized orographic convection at 

mid-elevations (< 2 km) over the eastern slopes of the Andes. Furthermore, the region of 

well-developed convection to the east over the low topography of the Amazon is 

consistent with the position of the front and the spatial distribution of precipitable water 

(PW) west of 60°W in Figure 3-5. Orographic convection initiation takes place at the 

geographic intersection of the cold front with the terrain. This enhances localized low 

level stationary blocking by the terrain inducing a sloshing-like behavior along the front 

and spatially and temporally intermittent convective activity (Figure 3-7B). The 

convective cores shown in Figure 3-8 move zonally up and down (back-and-forth) along 

the slopes of the Andes and into the Amazon foreland throughout the day. The peak of 



 

74 

simulated rainfall is delayed until the CAI frontal boundary pushes northward beyond 

the reference cross-section in Figure 3-7 with localized rainfall intensification tied to on-

and-off convective activity against the terrain. The development of terrain-following 

convective activity along the CAI trajectory against the eastern slopes of the Peruvian 

Andes is in keeping with the spatial layout of precipitation hot-spots mapped by Chavez 

and Takahashi (2017) along elevation bands suitable for optimum orographic 

enhancement of precipitation (e.g., Sun and Barros, 2015a,b). Easterly moisture transport 

from the Atlantic piles unstable moist air (60 mm PW) against the terrain ahead of the 

CAI front north of 15°S as it can be seen from the co-evolution of PW and 850 hPa winds 

(Supplemental Information S2). Consumption of low level entropy supports upslope 

flow and enables convective initiation at elevations 1–2 km at the intersection of the 

terrain and the CAI front that results in the highly localized precipitation features in 

Figures 3-7, 8. 
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Figure 3-8: Cross section of (A) moisture content and frozen hydrometeors (B) 
simulated reflectivity and (C) vertical velocities at 2013-10-05 00:00 UTC. The dashed 
contour lines in (A) show the 3 × 10−3gkg−1 value of frozen phases. The cross section 
is shown in Figure 3-7A with cyan line at 13.16°S. 
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Figure 3-9 contrasts the mean structure of vertically integrated Moisture 

Convergence (MC) from reanalysis for austral spring (SON, top row) CAIs with 

simulated MC for the October 2013 event (bottom rows, see also Figure 3-6). Before the 

event begins (day-1, Figure 3-4) the convective area extends to the subtropics along with 

northwesterly winds associated to the SACZ. In the second day (day-0), MC from the 

Amazon and the tropical Atlantic is organized ahead of the CAI front with divergence 

trailing behind it. This large-scale arrangement maintains the spatial pattern and 

magnitude of tropical moisture convergence against the mountains before it detaches in 

the eastern Andes of Bolivia and turns southeastward guided by the CAI front. During 

day-0, the MCZ moves with the frontal boundary as it progresses northward while 

easterly winds weaken in the western Amazon basin. Day+1 circulation features are 

similar for the SON composite and the simulated event. Over northern SA, the wind 

fields are generally much weaker than climatology, with weak low level jet (WLLJ) 

conditions that favor MC and accumulation of moist unstable warm air ahead of the 

front, thus favorable to high precipitation in the Central Andes hot-spot region (Sun and 

Barros, 2015a,b; Chavez and Takahashi, 2017). 
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Figure 3-9: Top row: Composite vertically integrated Moisture Convergence 
(MC) patterns overlain on 850 hPa horizontal winds in the austral spring (SON) 
between 1979 and 2017 from ERA-Interim. The black contour line marks the 2000 m 
elevation. Bottom row: similar plots for the case-study CAI. 

3.4 Rainfall Observations 

In this section long-term statistics of CAI from reanalysis are interpreted in the 

context of rainfall measurements in the foothills and western Amazon basin. 
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The season time series of detected CAI events using the pressure data from ERA 

reanalysis is presented in Figure 3-10. The data show high-frequency of CAI in all 

seasons, albeit with large inter-annual variability. Interestingly, the range of inter-annual 

variability is higher in the austral summer (DJF) and fall (MAM) seasons compared to 

winter (JJA) and spring (SON) with increased summer activity in the last two decades. 

The reliability of CAI in the spring (SON) supports the argument for their important role 

in providing antecedent precipitation and atmospheric humidity necessary to condition 

the atmosphere for the monsoon season (Li and Fu, 2006; Yin et al., 2013, 2014). 

 

Figure 3-10: Seasonal time series of CAI events detected from ERA-Interim 
data 1979–2017 for the eastern side of the Andes cordillera. 
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The profile of southerly moisture flux at an ERA-Interim grid-point in the 

Peruvian Andes close to the rain-gauge network used here (71.25°W, 12.75°S) is shown 

in Figure 3-11. Note how the average moisture flux significantly increases on day+1 

(Figure 3-11B) compared to the average daily values for non-CAI conditions (Figure 3-

11A), especially between ~800 and 600 hPa where most precipitation is produced. The 

maximum moisture flux is concurrent with CAI progression northward along the slopes 

of the eastern Andes to reach the rain-gauge network latitude in day+1 consistent with 

the simulation of the October 2013 CAI event (see Figure 3-6). 

 

Figure 3-11: Profile of moisture flux (𝒒× 𝒖𝟐 + 𝒗𝟐) from ERA-Interim: (A) 
climatological values at different times of the day (B) during CAI in September-
October-November (SON) at (71.25°W, 12.75°S). 
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Figure 3-13 shows the diurnal cycle of rainfall metrics obtained from TRMM 

precipitation features below and above 1, 500 m terrain elevation in the Peruvian Andes 

hot-spot region [12°−14°S, Figure 3-12] for different elevation bands between December, 

1997 and September, 2014 for CAI and non-CAI days, during the extended spring-

summer rainy season (ONDJFM). The diurnal cycle of CAI maximum rainfall intensity 

shows increases up to 100% (Figure 3-13A) and higher values of volumetric rainfall 

(Figure 3-13E) in the early morning compared to non-CAI conditions in the orographic 

envelope between 500 and 1,500 m. The early morning peak in the 500–1,500 m elevation 

band is consistent with findings by Giovannettone and Barros (2009) who showed that 

nighttime and early morning convection in the central Andes is constrained to low 

elevations including inner mountain valleys and the foothills. This suggests 

enhancement of interactions among cold air pooling processes and low-level 

convergence of warm moist air at the CAI frontal boundary. Because TRMM products 

severely underestimate orographic precipitation (e.g., Prat and Barros, 2010a,b; Duan et 

al., 2015), the CAI signal on rainfall is likely underestimated (Figures 13C,D). The 

coefficients of variation (not shown) are similar for CAI and non-CAI conditions during 

the TRMM period of record with high values (2–3) for the near surface maximum 

rainfall and low (<1) for the areal average rain rate. Coefficients of variation are very 

high for volumetric rainfall as expected because of large event-to-event variability in 

convective activity, and thus rainfall intensity, as well as areal extent, and more so at 
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higher elevations for non-CAI conditions reflecting the decrease in rainfall frequency 

and amount with altitude above the orographic precipitation maximum. 

 

Figure 3-12: (A) Map of maximum near surface rain rate for the 16-year 
composite of TRMM Precipitation Features discussed in section Data and 
methodology overlaying the topography of the Central Andes and adjacent regions. 
The white boxes delimit three latitude bands including the Andes hot-spot area 
(central box, also the Madre de Dios rain-gauge network Figure 3-1) used for analysis 
in Figure 3-13. (B) The frequency of TRMM PFs binned with maximum near-surface 
rainfall rates for each latitude band. (C) Distribution of PF areal extent as a function 
of average rainfall rate for two elevation bands with and without CAI conditions. 
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Figure 3-13: Diurnal cycle of (A, B) maximum near surface rain, (C,D) spatially 
averaged rain, and (E,F) volumetric rain associated with TRMM PFs over the Andes 
during ONDJFM between 12° and 14°S latitude (see Figure 3-12) for two elevation 
bands 500–1,500 m and 1,500–3,500 m. Circles show non-CAI climatology. Squares 
show the mean values between 1 day before (day-1) and 1 day after (day+1) the 
detected CAI events according to the methodology described in section Data and 
methodology. 
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Likewise, the diurnal cycle of rainfall at the gauges on the Madre de Dios 

altitudinal transect corresponding to 100 CAI events (during the period of record) is 

presented in Figure 3-14. Although each station shows a different diurnal cycle, there is 

a systematic increase of the rainfall intensity at all times of the day in all seasons during 

CAI events with maximum enhancement at San Pedro (~ 1, 500 m). The rainfall 

enhancement at Tres Cruces is remarkable given that this gauge is located at very high 

elevation above the tree line in the inner region of the Central Andes, which indicates for 

the first time that CAI events may play an important role in the water cycle of puna 

ecosystems in the High Andes beyond the negative impacts of frost reported in the 

literature. This implies that sustainability of puna ecosystems may be tied at least in part 

to the reliability of CAI activity. Note the significant difference in the spatial 

representativeness gap between the rain-gauge data (point scale) and the TRMM PFs 

(pixel scale ~ 25 𝑘𝑚!). Consequently, to enable interpretation and analysis, it is proposed 

that the diurnal cycle of orographic rainfall by altitude based on TRMM PFs captures the 

most frequent timing of maximum rainfall during CAI events, whereas the raingauges 

capture significant localized enhancement of orographic precipitation by a factor of 

about 2 during CAI events. 
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Figure 3-14: Diurnal cycle of mean rainfall intensity from five gauges in the 
Madre de Dios network from April 2012–2017. Mean value calculations do not include 
times without rain. Circles show non-CAI climatology and squares show the mean 
values between 1 day before and after the detected CAI events. 
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3.5 Conclusions 

Cold Air Intrusions are a key synoptic scale feature of South American climate 

and weather. In the present study, in situ rainfall measurements are used for the first 

time together with the longest period of available climatology from ECMWF ERA-

Interim reanalysis (1979–2017) to investigate the connection between the CAI and 

orographic precipitation on the eastern flanks of the tropical Andes. An extreme 

precipitation event in October 2013 was selected for simulation and analysis. The 

simulated synoptic scale structure agrees well with the classic definition of CAI in 

previous studies. The model, although underestimating the rainfall amounts and 

intensities, produces the extreme localized rainfall patterns near the orographic 

maximum (~ 1,000–2,000 m) in the Central Andes suggested by the raingauge 

measurements for this case study. A careful study of the vertical structure of 

atmospheric moisture content and vertical winds shows strong shallow convection 

associated with high values of precipitation at the intersection of the CAI front with the 

Andes terrain explaining the localized enhancement of surface rainfall. The trajectory of 

shallow convection following the terrain as the CAI front propagates northward is in 

agreement with the orographic precipitation maximum on the Andes slopes inferred 

from rain-gauge observations, and the hot-spot clusters of precipitation features from 

satellite observations). The reanalysis climatology reveals that the moisture flux 

increases significantly at all heights during CAI events with a maximum of up to 50% 
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between 800 and 600 hPa. The enhanced moisture flux is necessary to sustain strong 

shallow convection that translates into increased rainfall intensity and accumulations on 

the eastern slopes of Andes (~ 1000 − 2000 km) in TRMM products and in situ 

measurements. Specifically, analysis of the rain-gauge data shows strong precipitation 

enhancement (up to 100%) tied to CAI events. This behavior is also evident in the 

climatology of TRMM precipitation features that show enhancement of precipitation up 

to 100% in the early morning in the Peruvian Andes tied to enhance convective activity 

at low elevations. The multi-decadal record of CAI events derived from ERA-Interim 

indicates that CAIs are year-round phenomena, with frequency, intensity, and 

latitudinal excursion amplitude that exhibit variability at both seasonal and inter-annual 

scales. Nevertheless, reliability of CAI events in the spring season supports the notion 

that CAI precipitation makes an important contribution to priming the low-level 

troposphere over the Amazon basin prior to monsoon onset similar to previous studies. 

Localized very high orographic rainfall intensity in the region of study drives regional 

landslide activity consistent with the association of landform, precipitation, and erosion 

in the region of study. 
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4. Deforestation impacts on orographic precipitation in 
the tropical Andes  

This chapter is submitted in the form of a manuscript to the Frontiers in 

Environmental Sciences: Atmospheric Sciences. AB proposed the research idea and the 

research plan. ME implemented the research plan, performed the WRF simulations, and 

conducted the analysis and interpretation of the results under the guidance of the AB. 

The two authors worked collaboratively in the preparation of the manuscript. 

4.1 Introduction 

Tropical Montane Forests (TMFs) -- prevalent in the altitudinal band between 

~500 m and 3500 m (e.g., Fadrique et al. 2018) -- have a complex connection to weather 

and climate, both globally and regionally. While the role of tropical lowland forests in 

the Earth’s carbon cycle has long been studied (e.g., Phillips et al. 1998; Malhi et al. 2009; 

and many others), there has been less research on the role of montane forests (Girardin 

et al. 2010).  On the eastern slopes of the tropical Andes (EADS), forests are among the 

richest hotspots of biodiversity and endemism in the world, and because of steep slopes 

and fragile soils, they are also highly susceptible to erosion and degradation via 

landslide activity that in turn source the material fluxes from the Andes into the 

Amazon. Lowman and Barros (2014) demonstrated the strong association between 

landform in the Tropical Andes, including EADS drainage networks, and the spatial 

distribution of precipitation and erosion rates. Drier climate in the future and upslope 

expansion of anthropogenic land-use and land-cover change have been linked to 
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increased fire activity in tropical cloud forests (typically at elevations  > 2,500 m; e.g., 

Román-Cuesta et al. 2011 among others). Oliveras et al. (2014) showed that TMFs go 

through complex rejuvenation process that takes at least 15 years to recover after 

disturbances near the Andean tree line. While fires might result in downward forest 

migration, increasing temperatures due to climate change could drive upward 

expansion of tropical forests. Feeley et al. (2011) examined the sensitivity of the the 

distribution of tropical forests to climate variability. Their analysis of forest inventory 

data between 950-3,400 m in Manu National Park, Peru, shows a gradual upward shift 

of elevation mean distribution, possibly already evidence of adaptation to rising 

temperatures. In the tropical Andes, a recent survey using ground-validated MODIS 

land cover data reveals significant forest loss from 2001 to 2014 between 1,000 and 1,499 

m and a gain for elevations above 1,500 m (Aide et al. 2019).  

The impact of deforestation below 1,500 m on the local climate is complicated 

due to nonlinear climate–vegetation interactions. The compounding effect of forest loss 

and increased air temperatures is expected to result in increased water stress in the dry 

season under future climate conditions (Malhi et al. 2008).  One mechanistic pathway to 

explain the potential for enhanced drought severity is through the land surface energy 

budget whereby decreases in albedo result in increases in net shorwtave radiation and 

land surface temperature and sensible heat fluxes, thus larger Bowen ratios. Sun and 

Barros (2015a,b) investigated the impact of surface evapotranspiration to moist 
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processes, including cloudiness, convection, and precipitation along the eastern flanks of 

the tropical Andes (EADS) during the wet season through numerical experiments 

designed to elucidate the specific pathways of Evapotranspiration-Precipitation 

interactions (EtPI). In their idealized experiments, the moisture input to the planetary 

boundary layer via local surface latent heat fluxes (i.e., evapotranspiration) was isolated 

and removed while land surface conditions were kept the same.  In particular, Sun and 

Barros (2015a) showed that the contribution of surface latent heat fluxes explains a 

positive storm-scale EtPI feedback on precipitation (enhancement factor of 1.6) realized 

through increases in low-level instability and entropy that impact convective activity 

along the foothills and favor upslope moisture transport from low to mid and high-

elevations.  Even if specific long-term secondary impacts on regional climate are difficult 

to extrapolate due to nonlinear interactions among large-scale remote climate change 

impacts on moisture convergence patterns and precipitation at local and regional scales, 

these previous studies support the hypothesis that decreases in orographic precipitation, 

and thus intensification of meteorological drought and through cascading effects 

hydrological drought and fire risk, should be expected from EtPI feedbacks associated 

with forest removal.   

In this study, the objective is to investigate how realistic land-cover changes 

impact orographic precipitation processes in the EADS with implications for hydrologic 

response.  In particular, the impact of extending land-cover changes due to 
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anthropogenic activities from low (~500 m) to high elevations near the treeline (~ 3,500 

m) is examined by converting TMFs to savanna in the tropical EADS (Figure 3-1) for 

three weather regimes that dominate regional precipitation climatology.  Building on 

previous work, a Cold Air Intrusion (CAI) during October 3-6, 2013, associated with 

extreme rainfall in the central Andes (Eghdami and Barros, 2019a), is selected for the dry 

season. CAIs are recurrent synoptic-scale features in South-America, and Eghdami and 

Barros showed that during CAI events, high atmospheric moisture contents and strong 

shallow convection leads to localized extremes in orographic precipitation along the 

EADS foothills as the cold front propagates northward. The two other cases are 

monsoon cases from Sun and Barros (2015a,b) associated with South America Weak 

Low-Level Jet (WLLJ) and Strong Low-Level Jet (SLLJ) conditions along the tropical 

EADS slopes at low levels.  Note that by changing vegetation from TMF to savannah, 

this implies changes not only in evapotranspiration tied to plant functional type but also 

changes in surface albedo, emissivity, and surface roughness, which is different from 

Sun and Barros (2015a,b). The manuscript is organized as follows. Section 2 describes the 

numerical experiment design and provides an overview of the meteorological setting for each of 

the three cases.  The results are analyzed and discussed in Section 3, followed by Conclusions and 

Outlook in Section 4.  
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4.2 Experimental Design 

The numerical experiments are designed to investigate the impact of replacing 

tropical montane forests by savannah on moist processes and atmospheric circulation in 

the eastern Andes at the storm-scale following previous studies (Sun and Barros 2015a,b; 

Eghdami and Barros, 2019a,b).  The numerical set-up (Figure 4-1A) consists of 3-domain 

nested grids, and 1.2 𝑘𝑚 grid-spacing in the inner nested domain to capture the 

interactions between strong synoptic systems and complex topography. The grid-

spacing ratio between the outer (𝐷01, 18 𝑘𝑚) and intermediate (𝐷02, 6 𝑘𝑚) domains is 

1:3 with 316×496 and 442×607 horizontal grid points, respectively (Figure 4-1). The 

grid-spacing ratio between the intermediate and inner domains (D03,	1.2	km) with 

756×726 horizontal grid points is 1:5. All the domains have 60 vertical layers in the 

atmosphere with the top at 50 hPa and 4 soil layers at the bottom. Here, the latest 

version of the Weather and Research Forecasting model (WRF version 4.1, Skamarock et 

al. 2019) to solve the compressible Eulerian nonhydrostatic flow equations is applied 

with a 6-hour spin-up time in the outer domain grid (D01) and one-way coupling 

between nested grids. WRF version 4.1 uses terrain-following, mass-based, hybrid 

sigma-pressure vertical coordinates, superior to the previous vertical coordinates in 

complex topography. Initial and boundary conditions are extracted from the National 

Centers for Environmental Prediction Final Operational Global Analysis (NCEP FNL) 

available at 1o × 1o resolution every 6 hours (Kalnay et al. 1996) with 26 vertical layers 
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between 1000 to 10 hPa in addition to the surface layer. The selection of physical 

parameterizations was informed by recent studies of orographic precipitation (e.g., 

Wilson and Barros 2015, 2017) and includes the Mellor–Yamada–Nakanishi–Niino 

(MYNN level 2.5; Nakanishi and Niino 2006) planetary boundary layer scheme, the 

Milbrandt microphysics scheme (Milbrandt and Yau 2005a,b), and the Noah land 

surface model (Ek et al. 2003). The Rapid Radiative Transfer Model (RRTM) (Mlawer et 

al. 1997) and the Dudhia scheme (Dudhia 1989) are used to estimate longwave and 

shortwave radiation at 1-minute intervals. The Kain-Fritsch cumulus parameterization 

(Kain 2004) scheme is applied in the outer and intermediate domains, whereas in the 

inner domain, convective processes are explicitly resolved.  

The control simulations rely on land-cover classes from the default United States 

Geological Survey (USGS) datasets available in WRF. Figure 4-1B shows the WRF 

default land cover and topography. In the modified land cover simulations, the 

evergreen broadleaf trees index between 500 and 3500 m is overwritten with the savanna 

index (Figure 4-1C, green colors).  Note the latitudinal variability of the altitudinal 

extent of this replacement that tracks the tree line. The Weak and Strong Low-Level Jet 

(hereafter, WLLJ and SLLJ respectively) and the Cold Air Intrusion (hereafter, CAI) 

events are simulated for both control (original TMF) and modified land-cover conditions 

(savannah). The letter "S" is appended to the name of simulations using the modified 

land cover referred to as WLLJS, SLLJS, and CAIS (Table 1). 
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Detailed synoptic-scale analysis of the three events simulated here can be found 

in Sun and Barros (2015a,b) for the WLLJ and SLLJ cases, and in Eghdami and Barros 

(2019a) for the CAI case.  For assessing the impact of land-cover change on atmospheric 

moist processes, the focus here is on low-level instability changes in Maximum 

Convective Available Potential Energy (MCAPE) and precipitation changes along the 

EADS foothills. Lastly, an exploratory sensitivity analysis to examine the 

hydrometeorological feedback of forest loss for dry spells in the austral spring season is 

conducted by repeating the CAI case-study for initial conditions corresponding to a 20% 

decrease in soil moisture as a proxy of water stress conditions for both control (CAID) 

and deforestation scenarios (CAIDS). A summary list of the eight simulations is 

presented in Table 1. 

 

Table 4-1 Summary of WRF 4.1 simulations. 

Time Simulation Description Land-cover 
(500 - 3500 m) 

2003-01-15 00Z 
to 16 12Z 

WLLJ Weak Low Level Jet case TMF 
WLLJS WLLJ with modified land-

cover  
Savannah 

2003-02-06 00Z 
to 07 12Z 

SLLJ Strong Low Level Jet case TMF 
SLLJS SLLJ with modified land-

cover 
Savannah 

2003-10-03 00Z 
to 06 00Z 

CAI Cold Air Intrusion case TMF 
CAIS CAI with modified land-cover Savannah 
CAID CAI with 20% drier soil 

moisture conditions 
TMF 

CAIDS CAID with modified land-
cover 

Savannah 
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Figure 4-1 (A) Domain setup for numerical simulations with 3 nested domains 
with gradually smaller grid spacing: D01 (18 km), D02 (6 km), and D03 (1.2 km). (B) 
Default USGS 24-land use categories in WRF version 4.1 for (D02, 18 km) and (C) 
modified land use category shown with a gray shade. The hashed contour areas show 
the elevations between 500 to 3500 m. (D) Zoom of (B) over the region of study.	
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Even small differences in land-cover and topography can have an important 

impact on high-resolution Numerical Weather Prediction (NWP) simulations of surface 

temperature and precipitation (Schicker et al. 2016; Serafin et al. 2018) that can be 

amplified depending on stability conditions (Tao and Barros, 2008). Saavedra et al. 

(2020) used an updated land use and topography dataset (the data are from Eva et al. 

2004) instead of the default datasets in their model simulations with WRF v3.7 and 

claimed reduced bias of simulated January precipitation and surface temperature in the 

Andes against observations.  The bias improvement was attributed to changes in 

circulation to better representation of moist fluxes near the surface.  Here, the focus is on 

assessing the impact of land-atmosphere interactions tied to land-cover changes on 

stability conditions and precipitation by differencing Control (original TMF) and 

modified land-cover simulations. 

Figure 4-2 and Figure 4-3 show the evolution of Maximum Convective Available 

Potential Energy (MCAPE) and 850 hPa winds at selected times during the WLLJ and 

SLLJ events, respectively. The WLLJ case (January 15 00Z to 16 12Z, 2003) is associated 

with persistent northwesterly winds along the eastern flanks of the Andes. The 

maximum equivalent potential temperature (𝜃!) height level in the lowest 3,000 m is 

found as a reference for MCAPE using a parcel with a depth of 500 m centered at this 

maximum reference. The moisture and temperature characteristics of this parcel are 

calculated and used for calculating the MCAPE using wrf-python software (Ladwig, 
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2017). The CAPE values during the afternoon (Jan-15 18Z and Jan-16 00Z) are between 

1,000 − 2,000 𝐽 𝑘𝑔!!, indicative of unstable conditions and convective activity that can be 

further enhanced by orographic forcing. The SLLJ case (February 06 00Z to 07 12Z, 2003) 

event is dominated by a stronger northwesterly low-level jet, a prominent monsoon 

feature. Due to the presence of strong synoptic controls on moisture convergence, the 

local impacts on rainfall due to savannah expansion are very small. The CAPE values 

are generally higher for SLLJ than for WLLJ conditions and peak in the afternoon (Feb-

06 18Z and Feb-07 00Z) in the 2,000 − 3,000 𝐽 𝐾𝑔!! range. In this SLLJ case, there is no 

system of high pressure in the mid latitudes, which is a significant feature of the CAI 

case. 

 



 

97 

 

Figure 4-2 WRF simulation (D01, 18 km) of the WLLJ case during January 15 
00Z to 16 12 Z, 2003. The maps show the evolution of the Maximum Convective 
Available Potential Energy (MCAPE) in the lower 3,000m during the simulation. The 
streamlines show the 850 hPa horizontal wind and the blue contour delineate the 
1,020 hPa sea level pressure. 
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Figure 4-3 WRF simulation (D01, 18 km) of the SLLJ case during February 06 
00Z to 07 12 Z, 2003. The maps show the evolution of the Maximum Convective 
Available Potential Energy (MCAPE) in the lower 3,000m during the simulation. The 
streamlines show the 850 hPa horizontal wind and the blue contour delineate the 
1,020 hPa sea level pressure. 

The CAI case (October 3 00Z to 6 00Z, 2013) is associated with a torrential rainfall 

event on October 4, 2013, recorded by rain gauges along an altitudinal transect in the 

Madre de Dios river basin (Barros, 2013) with up to 200 mm of rainfall measured over 

approximately six hours at the orographic optimum (~1,500 𝑚 𝑒𝑙𝑒𝑣𝑎𝑡𝑖𝑜𝑛). The MCAPE 

evolution during the CAI case is shown in Figure 4-4. In this case, northwesterly 850hPa 

horizontal winds can be seen along the eastern flanks of Peruvian Andes during the first 
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day of simulation (October 3). The cold front propagates northward, bringing cold and 

dry southerly winds to the tropics by the second and the third days. CAPE values 

during the second and third days of the simulations (October 4 18Z, 5 00Z, and 5 18Z, 6 

00Z) exceed 2000 𝐽 𝐾𝑔!! (3500 𝐽 𝐾𝑔!! in D03, not shown) consistent with highly unstable 

conditions and enhanced convective activity along and ahead of the CAI front.  
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Figure 4-4 WRF simulation (D01, 18 km) of the CAI case from October 3 00Z to 
6 00Z, 2013. The maps show the evolution of the Maximum Convective Available 
Potential Energy (MCAPE) in the lower 3,000 m during the simulation. The 



 

101 

streamlines show the 850 hPa horizontal wind and the blue contour delineate the 
1,020 hPa sea level pressure 

4.3 Results and Discussion 

 

Figure 4-5 Mean (A) and standard deviation (B) of differences (WLLJ - WLLJS) 
in MCAPE between the control and the modified land-use simulation from the WRF 
simulation (D02, 6 km) for WLLJ case. The mean and standard deviation are 
calculated for the daytime that is between 15-23Z (10 AM-6 PM LT). The hashed lines 
show the elevation band between 500 and 3,500 m. (C) and (D) are similar but for SLLJ 
case. 

Figures 5A and 5B show the mean and standard deviation of the daytime 

differences in MCAPE calculated as (TMF-Savannah) for the WLLJ case (10 AM-6 PM) 

when convective activity is dominant. The positive differences in mean MCAPE within 

the EADS' hatched area are closely aligned with the land cover changes depicted in 
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Figure 4-1D. Higher convective activity above the 500 m elevation contour line in the 

control case promotes convective cloudiness and rainfall at higher elevations. 

Consequently, a downslope shift in the precipitation pattern results from the 

replacement of the montane forests with savannah. The spatial co-organization of 

changes in the mean MCAPE away from the EADS in the Amazon foreland basin and 

larger standard deviations are attributed to the inherent chaotic properties of weather 

systems in those areas and do not represent a systematic cause-effect impact of land-

cover change. Similar maps of the mean and standard deviation of the daytime 

differences in MCAPE for the SLLJ case (10 AM-6 PM) are presented in Figures 5C and 

5D. The positive differences in mean MCAPE in the EADS hatched area exhibit features 

similar to the WLLJ, showing a systematic enhancement of land-atmosphere interactions 

when the forest is present. Albeit small, the results further support the downslope shift 

in the precipitation pattern due to the replacement of montane forests with savannah. 

Whereas land-cover change impacts similarly both monsoon cases, event-specific 

impacts are quantitatively constrained by the synoptic environment. The enhancement 

seen in the lower elevations and away from the foothills is not similar to the WLLJ case, 

and the overall impact is much reduced.   
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Figure 4-6 Mean (left column) and standard deviation (right column) of 
differences (CAI - CAIS) in MCAPE between the control and the modified land-use 
simulation from the WRF simulation (D02, 6 km) for the CAI case. The mean and 
standard deviation are calculated for daytime that is between 15-23Z (10 AM-6 PM 
LT). The hashed lines show the elevations between 500 and 3,500 m. white 
background-not defined. 

The spatial patterns on the EADS slopes (hatched area) in Figure 4-6 are similar 

to those in Figure 4-5, and show enhanced MCAPE above the 500 m contour for each of 

the three days for the CAI control simulation. During the first day (top row), enhanced 
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MCAPE only occurs close to the regions where the TMF was replaced. During the 

second (middle row) and third days (bottom row), significant differences in the spatial 

patterns of mean MCAPE in the 500-3,500 m elevation band track the northward 

propagation of the CAI front. Note the spatial agreement between the standard 

deviation and the average daytime MCAPE differences consistent with intense 

convective activity at the intersection of the front with the topography, as pointed out by 

Eghdami and Barros (2019a) along the EADS, and ahead of the front at low elevations in 

the Amazon basin. Furthermore, there is a reduction in MCAPE (up to 400 J kg-1) for the 

savannah simulation relative to the control that amounts to 50-100% decrease (see 

Supplemental Information 2). This reduction results in less convective activity after 

conversion to savanna due to the decrease of latent heat fluxes into the planetary 

boundary layer. 
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Figure 4-7 Hövmöller diagram of the evolution of accumulative rain for control 
runs (left column) and modified simulations (right column) respectively for WLLJ 
and WLLJS (A, B), SLLJ and SLLJS (C, D) and CAI and CAIS (E, F) cases. The rain is 
accumulated from the beginning of each simulation. The diagrams show 2003-01-15 
06Z to 2003-01-16 12Z, 2003-02-06 06Z to 2003-02-07 12Z, and 2013-10-04 00Z to 2013-10-
06 00Z periods for WLLJ, SLLJ and CAI cases, respectively. The values are from the 
WRF high-resolution domain (D03, 1.2 km) averaged over a 30 km wide cross-section 
band centered at latitude 13.00 S. The blue line shows the topographic profile at 13.00 
S. The circles mark the 500 and 1500 m elevations. 
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Replacement of the TMF with savannah results in reduced latent heat flux, 

weaker convective activity, and vertical transport of moisture leading to decreased 

precipitation on the EADS slopes above 500 m. Figure 4-7 shows the average 

accumulative rainfall from the high-resolution domain (D03, 1.2 km) for a 30 km wide 

cross-section centered at 13.00 S. This cross-section is chosen as it is close to the Madre 

de Dios rain gauge network, where a record high rainfall of 200 mm in less than 6 hours 

was captured in October 2013 (CAI case). The overall precipitation pattern over the 

mountains does not change significantly (Figure 4-8, top row), but the peak of 

accumulated rainfall shifts downslope with rainfall decreasing between 500-1500 m and 

rainfall increasing toward the lower elevations (below 500 m). The results are similar for 

the WLLJ case (Figure 4-8, bottom row) with weak attenuation of rainfall over the EADS, 

especially at mid elevations (between 500 and 1500 m, the orographic optimum), and 

heavier rainfall lower elevations similar to results in Sun and Barros (2015a). The 

precipitation is not significantly impacted for the SLLJ case. The results are in agreement 

with the changes in the MCAPE patterns (Figures 5 and 6) and the spatial fields of the 

daily averaged cloud content (Supplemental Information 1).  
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Figure 4-8 Map of rainfall accumulation for CAI and CAIS (top row) and WLLJ 
and WLLJS (bottom row) WRF simulations over D02.  The box delineates D03. 

 

Differences in the frequency distribution of daytime rainfall intensities between 

the control and the modified land-cover simulations organized by altitudinal band are 

shown in Figure 4-9 for D02. The results show increases in the frequency of light rainfall 

rates ( < 2 mm/hr) and decreases in moderate rain rates (2 − 10 𝑚𝑚 ℎ𝑟!!), especially at 

intermediate elevations where orographic enhancement is stronger (500m  – 2,000 m; 

Classes B, C, and D). The decrease in the frequency of rainfall intensity in the 8-12 

mm/hr range in the 500-1,000 m elevation band (Class B) and the 20 km downslope shift 

in maximum precipitation on the second day of the CAI event are closely associated 
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(Figure 4-7, CAI case). Rain rates at low elevations (Class A, Figure 4-9A) generally 

remain unaltered, and changes at high elevations (Class E, 2,000-2,500 m) are only 

significant in the first day of the CAI event when the front is still to the south of the 

region of interest.  The switch to light rainfall in the WLLJ and SLLJ cases is consistent 

with Sun and Barros (2015a) who linked the altitudinal reach of daytime orographic 

precipitation to upslope moisture convergence. The differences are less pronounced for 

the SLLJ case for which local impacts are very small.  Changes are negligible for heavy 

rainfall rates ( > 10 mm/hr) due to the WRF model lacking the ability to produce intense 

rainfall in D02 (6 km resolution) since convective processes are not resolved explicitly.   

  

Figure 4-9 Map of (A) elevation classes, where A corresponds to the 120 km 
through the east of the 500 m elevation contour, B, C, D, and D correspond to 500-1000 
m, 1000-1500 m, 1500-2000 m, and 2000-2500 m, respectively. Difference in distribution 
of rain rate between the control and the modified simulation from the WRF 
simulation (D02, 6 km) classified by elevation and 10-20S latitudes for WLLJ, SLLJ, 
and CAI cases are shown in (B), (C) and (D-F), respectively. The values for each 
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distribution are for daytime between 15Z to 23Z corresponding to 10 AM to 6 PM local 
time. 

Despite significant differences in rainfall intensity organized by altitude, the 

simulations show no significant differences in soil moisture fields (< 5%) between TMF 

and savannah scenarios for all simulations (Supplemental Information 3).  The small 

differences in soil moisture suggest that the hydrologic response to lower rainfall 

intensities must be to lower runoff production.  The runoff impacts are very small for the 

WLLJ and SLLJ cases during the monsoon; however, they are substantive for the CAI 

case in the dry season as shown by Figure 4-10. Note the much smaller area of runoff 

production as compared to rainfall production and the difference in the spatial patterns.  

Whereas the rainfall difference maps between CAI and CAIS show the shift of heavy 

precipitation to lower elevations (blue tones aligned with the 500 m contour), the runoff 

difference patterns do not follow the rainfall and show high spatial variability within an 

elevation band reflecting the role of initial soil moisture conditions (e.g. locally available 

infiltration capacity at the beginning of the storm event) and other landscape 

heterogeneities (e.g. soil texture) in runoff production.   
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Figure 4-10 Map of top 40 cm (top two layers) initial soil moisture conditions 
(D02, 6km) for the CAI and CAIS WRF simulations (left panel). Maps (D03, 1.2 km) of 
differences in accumulative rainfall (mid panel) at the end of the simulation and in 
surface runoff (right panel) between CAI and CAIS; CAID and CAIDS. Blue (red) 
tones indicate higher (lower) values for CAIS (CAID, and CAIDS). 

The initial soil moisture conditions during the monsoon are near saturation 

across the region. Similarly, the initial soil moisture fields were high in the context of 

typical dry season conditions for the specific CAI case examined here. To explore the 

sensitivity of the hydrologic response under water stress conditions, additional CAI 

simulations were conducted with initial soil moisture reduced by 20% relative to the 

control to mimic changes in antecedent conditions at the end of a drought spell (e.g., 

CAID and CAIDS in Table 1). The CAID simulations for the realistic TMF scenario show 

no significant changes in rainfall and significant changes in runoff production relative to 
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CAI.  The CAIDS simulations exhibit similar spatial patterns in rainfall distribution and 

rainfall intensity (Supplemental Information 4) at intermediate elevations as CAIS with a 

significant reduction in cumulative precipitation that translates into a reduction in area 

and depth of runoff production across altitudes where orographic enhancement is most 

effective (B and C: 500 - 1,500m; Figure 4-11A).  More importantly, if the runoff 

producing areas are separated in two areas with grid-scale cumulative runoff (CR) depth 

below (Figure 4-11B) and above 20 mm (Figure 4-11C), it is apparent that while the shift 

of heavy precipitation from altitudinal band C (1,000 -1,500 m) to B results in clusters of 

high runoff production in B (500-1,000 m) for CAIS.  The overall reduction of runoff 

volume along the EADS foothills is amplified by more than ten-fold for CAIDS relative 

to CAI (47.2 × 10-3 km3) vis-à-vis CAIS relative to CAI (3.4× 10-3 km3). Furthermore, the 

runoff volume reduction between control (CAI) and dry initial soil moisture is nearly 

twice as large for CAIDS (23%) compared to CAID (12%), a difference that is equivalent 

to the low mean daily volume of discharge of the Ucayali River (a tributary of the 

Amazon River) at Puccalpa in the spring (Ettmer and Alvarado-Ancieta, 2010; see 

Supplemental Information 5 for map).  This amounts to large positive feedback of forest 

loss and savannah expansion that enhances hydrologic drought in the austral spring in 

the region of the EADS that spans the headwaters of the Amazon River and its 

tributaries.  In summary, the conversion of TMF to savannah potentially leads to the 

amplification of hydrologic drought in the dry season over the EADS resulting in less 
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erosion due to decreases in rainfall intensity and runoff (e.g., Angulo-Martinez and 

Barros, 2014; Lowman and Barros, 2014), decreased river discharge and river carrying 

capacity, and consequently reduction in material fluxes from the EADS to the Amazon 

foreplain. 

 

Figure 4-11 Total surface runoff (A) from D02 (6 km) for the time of the 
duration of the CAI event and surface runoff stratified by grid-scale cumulative 
runoff depth (CR) below (B) and above (C) 20mm for each elevation class as shown in 
Figure 4-9. Altitudinal bands: A corresponds to the 120 km through the east of the 500 
m elevation contour, B, C, D, and D correspond to 500-1000 m, 1000-1500 m, and 1500-
2000, respectively. The runoff producing area varies with elevation band (e.g.,  Figure 
4-10 for CAI and CAIS). 

4.4 Conclusions and Outlook 

The Weather Research and Forecasting (WRF) model was used to investigate the 

impact of changes in the land-cover and, in particular ongoing removal and replacement 

of Tropical Montane Forests (TMFs) over the eastern flanks of the Andes. Three synoptic 

regimes representative of regional rain-producing conditions were selected to evaluate 

the land cover change in the TMF altitudinal band (500-3,500 m), specifically replacing 

evergreen broadleaf forest with woody savannah. The results show that conversion to 

savannah in the orographically active TMF altitudinal band will directly impact the 
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surface energy and moisture budgets, low-level stability in the atmosphere, upslope 

moisture convergence, and consequently, the diurnal cycle and spatial distribution of 

precipitation on the eastern flanks of the tropical Andes.  More importantly, changes in 

the frequency distribution of rainfall intensity point to a shift from moderate intensity 

(2-10 mm hr-1) to light rainfall (< 2 mm hr-1).  Changes in heavy rainfall cannot be 

assessed conclusively because of the limitations of parameterized convection at the 

relatively coarse resolution of D02 (6 𝑘𝑚) on the one hand, and the limited size of D03 

(1.2 𝑘𝑚) on the other.  Decreases in rainfall intensity result in systematic decreases in 

runoff production along the EADS that are especially significant for the CAI event that is 

representative of regional hydrometeorology in the dry season.   

This manuscript provides a mechanistic framework to examine the implications 

of ongoing deforestation in the western Amazon through the lens of the moisture 

pathway of land-atmosphere interactions: changes in evapotranspiration drive changes 

in atmospheric stability that in turn drive changes in rainfall intensity and consequently 

changes in rainfall-runoff response.  This physics explains how documented decreases in 

dry season (austral winter and spring) river discharge in the western and southern 

Amazon basin can be attributed, at least in part, to forest loss and land-cover change 

(e.g., Upper Madeira basin over the last twenty years, Espinoza et al. 2019; Aide et al. 

2019).  Whereas this positive feedback is unambiguous at weather scales, only long-term 

simulations can provide fully quantitative insight into the impact of persistent land-
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cover changes on regional hydrology.  Projected increases in drought severity in the dry 

season from climate change should further stress the coupled land-atmosphere system.  

The compound effect of forest loss and warmer temperatures can be assessed best 

through long-term simulations including inter-annual and decadal climate variability 

(e.g., Nobre et al. 2016) that are out of the scope of the present study.  
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5. Vertical Dependence of Horizontal Scaling Behavior of 
Orographic Wind and Moisture Fields in Atmospheric 
Models 

This chapter is published in the Earth and Space Sciences (Eghdami and Barros 2019b). 

The first author implemented the research plan, performed the WRF simulations, and 

conducted scaling analysis and interpretation of the results under the guidance of the 

second author. The two authors worked collaboratively in the preparation of the 

manuscript.  

5.1 Introduction 

Understanding the dynamics and scaling behavior of atmospheric fields is 

essential to represent the mean state of resolved atmospheric fields in numerical models 

(Berner et al. 2017; Lorenz 1969; Palmer 2001; Sun and Zhang 2016). Using mostly upper 

troposphere measurements from commercial aircraft in the midlatitudes, Nastrom and 

Gage (1985, hereafter NG85) showed that horizontal wind kinetic energy (KE) and 

potential temperature exhibit robust scaling behavior with −3 and −5/3 spectral slopes β 

over the ranges of synoptic scales (~2,000 − 700 km) and mesoscales (~500 − 2 km), 

respectively, suggesting different dynamics in these ranges also confirmed by 

subsequent studies (e.g., Cho et al., 1999; Frehlich and Sharman, 2010). These scales are 

overlapping and defined loosely as a rigorous separation of synoptic scales and 

mesoscales is not possible, and indeed a transition range of scales has been identified 

where strong feedbacks between mesoscales and synoptic scales take place (e.g., 
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Eghdami et al. 2018; Lilly 1989). Analysis of high-resolution numerical weather 

prediction model simulations following NG85 to demonstrate that models capture the 

transition between −5/3 and −3 slopes within the relevant scale ranges has become a 

community standard (e.g., Evans et al. 2013; Hamilton et al. 2008; Skamarock 2004; 

Skamarock et al. 2014). In addition to being representative of upper troposphere 

conditions only, thus neglecting low-level turbulence production mechanisms such as 

shear and moist convection, and the complex mechanisms of energy transfer with height 

(e.g., Sun et al. 2017), the NG85 KE spectra were obtained from averaging thousands of 

flights (>6,900). Filtering the temporal variability is done as well in the evaluation of 

numerical weather prediction models. Orographic forcing that is an influential 

component of weather and climate at regional scales adds to the complexity of scaling 

behavior of atmospheric fields (Nogueira et al. 2013). The space-time dynamics of 

vertical motion and moisture over complex terrain result in high co-organization of 

landform, clouds, and precipitation in mountainous regions at multiple scales in the 

lower troposphere (e.g., Barros et al. 2004; Bhushan and Barros 2007; Bindlish and Barros 

2000; de la Torre et al. 2015; Giovannettone and Barros 2008, 2009; Houze 2012; Lowman 

and Barros 2015; Mott et al. 2014; Rasmussen and House 2011). 

 

Scale invariance of atmospheric variables over distinct scale ranges has been 

examined in past studies (e.g., Lovejoy and Schertzer 2010; Schertzer and Lovejoy 1987; 
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Tuck 2010) abstracted from and independently of specific environmental conditions. 

Nogueira et al. (2013) conducted numerical simulations of flow and orographic 

precipitation over idealized terrain and for the first time linked time-varying changes in 

scaling behavior of wind fields to atmospheric stability. Subsequently, Nogueira and 

Barros (2014, hereafter NB14) explored this finding using realistic high-resolution 

numerical simulations over the Andes Mountains and demonstrated that the vertically 

averaged horizontal spectra of atmospheric KE and moisture fields exhibit scale-

invariant transient behavior that varies with the underlying dynamics. Specifically, 

results in NB14 show a robust transition in the horizontal scaling of non-convective and 

convective conditions with spectral slopes in the range −2.0 to −2.3 under non-convective 

or very weak convective conditions, thus close to −11/5, whereas in convective regimes, 

the transient scaling exponents remain close to −5/3 despite anisotropic and intermittent 

conditions. The larger slope magnitude in the non-convective case is indicative of 

nonlocality, thus larger scale dynamic controls, and lower efficiency in energy transfer 

among adjacent scales as pointed out by Beresnyak (2011). Note that in the analysis of 

numerical model simulations, estimates of the slope of the horizontal spectra should be 

strongly affected also by the vertical resolution of the model grid in addition to the 

horizontal resolution (e.g., Skamarock et al. 2019). The attribution of the −5/3 horizontal 

energy spectra to unstable conditions and convective activity was further confirmed by 

Sun et al. (2017) and Durran and Weyn (2016) also via numerical simulations. Lovejoy et 
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al. (2009) attributed differences in scaling behavior for convective and non-convective 

conditions such as those identified by NB14 similar to scaling anisotropy in a stratified 

fluid with Kolmogorov-like horizontal scaling (∣ 𝛽! ∣  =  2𝐻! + 1 =  5/3) and Bolgiano-

Obhukov–like scaling in the vertical (∣ 𝛽!  ∣  =  2𝐻! + 1 =  11/5), corresponding to a 

stratification exponent 𝐻!  =  (𝐻!/𝐻!)~0.55. 

Many studies examined scale invariance using vertically averaged horizontal 

spectra, largely filtering out the impact of convective activity, topographic forcing, and 

generally any source of heterogeneity on the vertical structure of the lower atmosphere 

(e.g., NB14). The objective of this work is to characterize the emergent mesoscale 

transient scaling behavior of horizontal winds and moisture fields in mountainous 

regions in the vertical and to investigate whether it can be explained by anisotropic 

scaling arguments. For this purpose, we consider realistic simulations of orographic 

precipitation associated with the propagation of synoptic-scale systems nonlinearly 

enhanced by orographic land-atmosphere interactions, that is, surface fluxes organized 

by topography and radiative forcing (e.g., Barros et al., 2004; Kuligowski and Barros, 

1998; Sun and Barros, 2015a, 2015b; Wilson and Barros 2015, 2017). A comprehensive 

analysis of scaling behavior conditional on stability regime for both KE and moist 

processes (total water, cloud water, and rainfall) is conducted to elucidate scale 

interactions among different model processes toward identifying robust scaling 

behavior in the smaller mesoscale range (200 − 2 km). Further, the study's focus is on 
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different mountain ranges (Andes and Appalachian Mountains) under different weather 

regimes and in different climates to distinguish global from regional controls of scaling 

behavior tied to inhomogeneous forcing and surface boundary conditions. This is in line 

with prior process-based numerical modeling studies of energy transfer in the larger 

mesoscales (Lilly et al. 1998; Waite and Snyder 2013) and regional-scale ocean dynamics 

linking seasonality and topography to transient modes of turbulence dissipation 

(Klymak et al. 2008; Pearson and Fox-Kemper 2018). Section 2 describes the model 

simulations and gives an overview of each case study. Section 3 describes the scaling 

analysis including detailed discussion of results. Conclusions and findings with 

implications for climate and weather modeling are presented and discussed in section 4. 

5.2 Model Simulation 

5.2.1 Model Configuration 

This study builds on the experience acquired from previous studies using the 

Weather and Research Forecasting (WRF) model (Skamarock et al. 2008) to conduct 

simulations of the orographic processes at high spatial resolution (𝛥𝑠~1 −  1.25 𝑘𝑚, 𝛥𝑠 

is the model gridspacing) in the Appalachians and in the Andes (Sun and Barros 2012, 

2014, 2015a, 2015b; Wilson and Barros 2015, 2017). Specifically, two simulations over 

extreme orographic precipitation over the Appalachian and the Andes (hereafter 

referred to as APP and ANDES, respectively) were conducted using WRF 3.8.1 to solve 

numerically the nonhydrostatic and fully compressible flow equations with physical 



 

120 

parameterizations and domain discretization strategies summarized for each case below. 

Initial and boundary conditions are extracted from National Centers for Environmental 

Prediction Final Operational Global Analysis available 6-hourly on 1∘ × 1∘ grids (Kalnay 

et al. 1996). The data include 26 vertical layers between 1,000 to 10 hPa and the surface 

layer. All the simulations are conducted with 6-hr spin-up time in the first domain. 

APP . The numerical domain includes three nests with one-way coupling defined 

on a Lambert conformal projection. The three nests are designed with a 1:3 grid-spacing 

ratio at 9-, 3-, and 1-km resolution producing domains with (APP-D01) 300 × 250, (APP-

D02) 460 × 439, and (APP-D03) 478 × 427 horizontal grid points, respectively, as shown 

in Figure 5-1. In the vertical, there is a total of 90 vertical grid points with model top at 

50 hPa. The model domains are designed large enough to capture the mesoscale winds 

over the eastern North Atlantic Ocean. Following Wilson and Barros (2015, 2017), the 

selected subgrid-scale physics include the Mellor-Yamada-Nakanishi-Niino (MYNN 

level 2.5; Nakanishi and Niino 2006) planetary boundary layer scheme, the Milbrandt 

microphysics scheme (Milbrandt and Yau 2005a, 2005b), and the Noah land surface 

model with four soil layers (Ek et al. 2003). The Rapid Radiative Transfer Model 

(Mlawer et al. 1997) and the Dudhia scheme (Dudhia 1989) were respectively used to 

quantify longwave and shortwave radiative fluxes with updating every minute. In the 

inner domains (D02-3 km and D03-1 km), convective effects are assumed to be explicitly 
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solved in the model, and the Kain-Fritsch cumulus parameterization (Kain 2004) scheme 

was used in the outer domain (9 km, D01). 

 

Figure 5-1: Numerical nested domains for the Appalachian simulation, with 9-
km (D01), 3-km (D02), and 1-km (D03) grid resolution. 

ANDES. The numerical domain includes three nests with one-way coupling 

defined on a Mercator projection. The outer and intermediate domains are at a 1:3 grid-

spacing ratio 18- and 6-km resolution producing domains with (ANDES-D01) 316 × 496 

and (ANDES-D02) 433 × 547 horizontal grid points, respectively. The grid-spacing ratio 

for the intermediate and high resolution domains is 1:5 at 1.2-km resolution. Both 

(ANDES-D03) and (ANDES-D04) include 756 × 726 horizontal grid points and are placed 

along the eastern slopes of the Andes as shown in Figure 5-2. All domains have 90 

vertical grid points with model top at 50 hPa. The outer domain is large enough to 
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capture wind fields and moisture convergence patterns from the Western Pacific Ocean, 

the Gulf of Mexico, and the eastern South Atlantic Ocean. The subgrid 

parameterizations are the same as in the APP case with the exception that the convective 

scheme is used in both of the outer and intermediate domains (D01-18 and D02-6 km) 

since convection cannot be resolved at the grid resolution. 

 

Figure 5-2: Numerical nested domains for the Andes simulation, with 18-km 
(D01), 6-km (D02) and 1.2-km (D03) grid resolution. 
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5.2.2 Extreme Orographic Precipitation Events 

APP . The case study selected for the Appalachians is the West Virginia 

flashflood on 24 June 2016 after intense convective cells along a slow westerly moving 

front produced rainfall accumulations more than 200 mm in less than 24 hr, leaving 26 

dead and widespread damage to the natural and built environments in the Elk River 

basin. A 4-day simulation beginning from 22 June 00Z through 26 June 00Z, 2016 was 

conducted to track the evolution of the storm as it moved over the Appalachians toward 

the SE United States. Analysis of precipitable water patterns shows persistent advection 

along a narrow region consistent with the classical morphology of atmospheric rivers 

that are associated with extreme events over the central and eastern United States in 

recent regional studies: (1) Climatological analysis based on National Centers for 

Environmental Prediction Climate and Forecast System Reanalysis for 2002–2014 shows 

that the presence of atmospheric rivers is tied to heavy rainfalls exceeding 100 mm/d 

(Mahoney et al., 2016); (2) the total precipitation of such extreme events can exceed up to 

200–400 mm, corresponding to 1,000 yearly rainfall in the area of western and central 

Kentucky and Tennessee (Douglas and Barros, 2003; Miller et al., 2019; Moore et al., 

2012). Figure 5-3 shows the simulated cumulative rainfall patterns on June 23, 24, and 25 

that show significant precipitation upstream and over the Appalachian foothills west of 

the continental divide (Figure 5-3a) subsequently weakening as the storm crosses over 

the ridges and as it propagates southeastward (Figures 3b and 3c). Beyond model timing 
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errors of up to 5 hr as the storm moves over the mountains similar to that of previous 

studies (e.g., Wilson and Barros, 2015), the model captures the overall storm structure 

between 23 and 24 June 2016 in APP-D03 in comparison with Stage IV radar 

precipitation (Lin, 2011; Figure 5-4). 

 

Figure 5-3 Precipitation accumulations between (a) 23 June 00Z and 24 June 
00Z, (b) 24 June 00Z and 25 June 00Z, and (c) 25 June 00Z and 26 June 00Z of 2016 
simulated in APP-D02 (6 km). The thick contour line shows the 500-m elevation. The 
horizontal lines show the reference transects A, B, and C from North to South, 
respectively. 
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Figure 5-4 Precipitation accumulation between 23 June 00Z and 24 June 00Z 
over APP-DO3 (1 km) from the model (a) and STAGE IV (b). The thick and thin 

contour lines show the 500- and 1,000-m elevations, respectively. 

 

ANDES . The case study selected for the Andes is a localized extreme rainfall 

event observed during a Cold Air Intrusion event (CAI) at an elevation transect in the 

Central Andes with approximately 180 mm of precipitation observed in roughly 6 hr 

over an area of about 4 km2. During CAI events, ageostrophic southerly flow along the 

eastern slopes of the Andes pushes cold air from the southernmost latitudes to the 

subtropics. In the warm season when there is significant moisture in the lower 

atmosphere regionally, a band of deep convection develops ahead of the cold front, 

which is enhanced and organized by topography where it intersects with the eastern 

slopes of the Andes. The 4-day ANDES simulation starts on 00Z 3 October 2013 and 

continues until 00Z 7 October 2013. Figure 5-5 shows the evolution of the 925-hPa 

horizontal wind fields overlain with 925-hPa equivalent potential temperature (top row) 
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and sea level pressure (bottom row). Early in the simulation (3 October 2013, 12Z), warm 

equivalent potential temperatures extend to the subtropical latitudes. These 

temperatures decrease in the next 2 days (e.g., 5 October 2013, 02Z) as strong southerly 

winds transport cold air northward to the Amazon basin. By the end of the simulation, 

as the CAI recedes, southerly winds along the eastern flanks of Andes are increasingly 

weaker, and potential temperature increases again at higher latitudes (e.g., 6 October 

2013, 21Z). 

 

Figure 5-5 Potential temperature (top row) at 925 hPa and sea level pressure 
(SLP, bottom row) before the cold surge develops (3 October 2013, 12Z), and during 
the peak (5 October 2013, 02Z) and retreat of the cold surge (6 October 2013, 21Z) for 
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ANDES-D01. The vector fields show the horizontal wind field at 925 hPa. The blue 
contour line marks the 1,020-hPa SLP. 

Figure 5-6 shows the variation of vertically integrated convective available 

potential energy (CAPE) during the simulation along with 850-hPa horizontal wind 

fields in ANDES-D02. In the first day (e.g., 3 October 2013, 12Z), unstable (high CAPE) 

moist air from the Mexican Gulf region enters the central part of the domain ANDES-

D02 from northeast and turns SE to exit toward the South American Convergence Zone. 

After 7 hr of simulation (e.g., 3 October 2013, 17Z), high CAPE values (1,500 J/kg) fill the 

whole Amazon domain as the northwesterly winds are blocked by the CAI cold front in 

the midlatitudes. CAPE is gradually released ahead of the front as the cold surge 

propagates northward. By the end of the simulation, most of the CAPE has been 

consumed. Although the simulated cumulative precipitation is roughly 50% on average 

of that measured by the raingauge network (Barros 2013), model simulated values are 

high (>100 mm), and the overall temporal evolution, location, and morphology of the 

storm with isolated intense precipitation cells over the central Andes slopes are 

consistent with climatology (Garreaud 1999, 2000). 
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Figure 5-6 Time evolution of (a) vertically integrated convective available 
potential energy (CAPE) and (b) precipitable water over D02. Vectors shows the 
horizontal wind at 925 and 600 hPa in (a) and (b), respectively. Contour lines show the 
1,000- and 3,500-m elevations for both (a) and (b). 

 

5.4.3 Scaling Analysis 

5.3.1 Methodology 

The evolution of the vertical structure of the horizontal scaling behavior of zonal 

(u ) and meridional (v ) wind fields and total water mixing ratio (q ) that is defined as 

the sum of the model water vapor, cloud water, rain water, snow, ice, hail, and graupel 

mixing ratios for the entire duration of the events are examined here. The analysis is 
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performed for all the output times (every 5 min except APP-D02 that is 10 min) and for 

all model layers in the lowest 15 km to avoid numerical artifacts in the top 5 km of the 

model. Consider a field F with Fourier transform as F ′ calculated as follows: 

𝐹! 𝑘! , 𝑦, 𝑧, 𝑡 = 𝑒!!!!𝐹(𝑥, 𝑦, 𝑧, 𝑡),  (4.1a) 

𝐹! 𝑥, 𝑘! , 𝑧, 𝑡 = 𝑒!!!!𝐹(𝑥, 𝑦, 𝑧, 𝑡),  (4.1b) 

where x, y, and z are zonal, meridional and vertical coordinates, respectively, 𝑘! 

and 𝑘! are wavenumbers corresponding to x and y directions, and t is the simulation 

time. In the range of scales where the power spectrum 𝐹! 𝑘!
! exhibits power-law 

behavior,  

𝐹! 𝑘!
! = 𝐶𝑘!

!!,  (4.2) 

where 𝛾 can be x, or y, C is a constant, and 𝛽! is the scaling factor (or spectral 

slope) along direction 𝛾, which can be estimated by applying the log transform to 

equation 2 as follows: 

log !! !!
!

!
= 𝛽!log (𝑘!).    (4.3) 

Flow complexity in numerical simulations is linked intrinsically to the model 

resolved scales. The effective model resolution is defined (Skamarock 2004) as the 

wavelength where a scale break occurs between large and small scales due to steepening 

in the smaller scales (𝛽! <  − 3). NB14 showed that the effective resolution depends on 

the dynamical regime, and changes with the model parameterizations and numerical 

setup with the scale break in their simulations varying between 14 and 4Δs, respectively, 
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for convective and non-convective conditions. To avoid both finite domain size effects 

and numerical dissipation artifacts, 𝛽! is estimated in the range between 𝐿!  /8 and 7Δs, 

where 𝐿! is the length of the domain in the direction where the scaling factor is 

calculated (Table 1). In addition, the 15 points near the edges of model grids are not 

included in the analysis to avoid numerical artifacts at the boundaries. This means that 

scaling analysis in domain D02 spans the intermediate mesoscales (meso-β scales ~20 − 

200 km), and it spans the smaller meso-β and meso-γ (~2 – 20 km) scales in domain D03. 

Here, the scaling analysis is first conducted in APP-D02 to capture the interactions of 

propagating mesoscale weather and the envelope topography and second in the smaller 

APP-D03, ANDES-D03, and ANDES-D04 that resolve mesoscale convective activity and 

mountain flows linked to resolved terrain features, including ridge-valley circulations 

(e.g., Wilson and Barros 2017). The model outputs are available every 10 min for APP-

D02 and every 5 min in the case of APP-D03 and ANDES-D03 and ANDES-D04. The 

first 12 hr of simulation are not included in the analysis to allow the mesoscale winds to 

fully develop. An approach similar to that of Skamarock (2004) is followed to address 

the lack of periodic boundary-conditions with the linear trends being removed from the 

data. 
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Table 5-1 Summary of Numerical Domain Setups for APP and ANDES 
Simulations 

Case Domain Grid (Grid Spacing) 𝐿!, 𝐿! (km) 7𝛥𝑆 (km) 

APP 
D02 460×439 (3 km) 161a, 153 21 
D03 478×427 (1 km) 56, 50 7 

ANDES 
D03 756×726 (1.2 km) 109, 104 8.4 
D04 756×726 (1.2 km) 109, 104 8.4 

a The length scale is calculated after deducting 15 points at the edge of the 

domains. 

Scaling analysis for APP-D02 was performed for the three reference transects 

(RTs) A, B, and C, which allow tracking the evolution of the storm as it approaches and 

moves over the Appalachian Mountains (Figure 5-3). To reduce possible artifacts due to 

random errors, three adjacent grid cross sections are used for each RT. First, RT spectra 

are calculated separately for each cross section at each model level and at each of three 

consecutive time steps (3×10 min = 30 min). Second, spectra ensembles are derived for 

each RT and model level. Finally, scaling factors are estimated for the ensemble mean 

spectra at each model level along the RT every 30 min. For scaling analysis of high-

resolution domains (D03 and D04), the spectra are first sampled from 20 evenly spaced 

cross sections over the whole domain to capture the bulk behavior of multiscale 

invariance for that domain, and second, the scaling factors are estimated for the mean 

spectra at each level and every 5 min. Sensitivity studies increasing the number of 

samples show no significant impact on results. The magnitude of the spectral slope 
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varies over a wide range of values in time and space. To facilitate interpretation of 

results and synthesis, the empirical distribution of spectral slopes at each time step and 

for each level was divided in five intervals ∆𝛽 defined around the classical reference 

values of ∣ 𝛽 ∣ and using with the same color used for all spectral slopes within an 

interval as follows: ∣ 𝛽 ∣  =  5/3,∆𝛽  =  [1.4 −  1.9], green; ∣ 𝛽 ∣  =  11/5,∆𝛽  =  [1.9 −

 2.4], cyan; ∣ 𝛽 ∣  =  23/9,∆𝛽  =  [2.4 −  2.8], blue; plus two anomalous scaling intervals 

(∣ 𝛽 ∣  <  1.4 , yellow; ∣ 𝛽 ∣  >  2.8, dark blue). The distribution of spectral slopes within an 

interval is referred in the remainder of the manuscript as the ∣ 𝛽 ∣ mode for the specific 

interval, independently of the actual distribution of spectral slopes within the interval at 

any given time and altitude. 

5.3.2 Results and Physical Basis 

APP. Figure 5-7 shows the temporal evolution of the profile of mean scaling 

factors in the East-West direction (𝛽!) for zonal and meridional wind and for total water 

mixing ratio for RT A, B, and C in APP-D02. As mentioned earlier, the three transects 

were placed to capture the mesoscale scaling behavior during the storm passage: A 

captures the evolution of the storm system upwind of the Appalachians as it approaches 

the western foothills; B captures the storm as it moves over the Appalachians; and C in 

the SE away from the mountains does not experience precipitation linked to the primary 

event proper. The spectral slopes approach −5/3 mode (green color, ∣𝛽!∣  ≤ 1.9) for 

convective conditions, with anomalous flattening (∣ 𝛽! ∣  ≤ 1.4, yellow color) when 
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divergence increases due to strong convection (very large updrafts), a behavior that 

extends from the surface to 200 hPa (about 12 km in the troposphere) for transect A on 

23 June and for transect B on 24 June. The anomalous flattening of the spectral slope is 

an artifact of the model resolution and convective parameterizations and associated 

thermodynamics and microphysics consistent with the notion of time-varying regime-

dependent resolution in NB14. The storm system weakens before it reaches transect C 

with no evidence of thunderstorm activity. Accordingly, daytime shallow convective 

activity is dominant with ∣ 𝛽 ∣  ≤ 1.9 below 700 hPa in C until the last day of the 

simulation (6/25) when oceanic convection and afternoon convection enhanced by the 

sea breeze along the eastern seaboard shows the same scaling behavior as that for 

continental convection. This interpretation can be further supported by examining the 

profile of water mixing ratio for cloud and ice hydrometeors in Figure 5-8. The vertical 

distribution of clouds is indicative of the depth of latent heat release during moist 

convection processes, whereas the presence of ice hydrometeors at high levels is 

evidence of deep convection with strong vertical velocities and divergence at 300–200 

hPa in contrast with shallow convection below 700 hPa. After the storm passage along 

RTs A and B and before daytime on the last day of simulation for RT C, the distribution 

of spectral slopes above 700 hPa approaches values of ∣ 𝛽 ∣ ~11/5 (turquoise color in 

Figure 5-7), consistent with the nonconvective regime as in NB14, reaching higher values 
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centered around 23/9 (bright blue) when moist processes are inactive in transition to a 

regime approaching 2D turbulence (𝛽 →  3.0, deep blue). 

 

Figure 5-7 Evolution of East-West scaling factor (β x ) of (a–c) zonal wind (u ), 
(d–f) meridional wind (v ), and (g–i) total water mixing ratio (q ) for transects A, B, 

and C in APP-D02. The vertical axis shows the mean pressure of the cross section and 
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the horizontal axis shows the simulation time in UTC (00Z and 12Z) beginning from 
22 June 06Z through 26 June 00Z, 2016. 

 

 

Figure 5-8 Temporal evolution of the profile of averaged mixing ratios of 
hydrometeors corresponding to scaling factors from cross section A (a), B (b), and C (c) 

in APP-D02. The vertical axis shows the mean pressure of the cross section, and the 
horizontal axis shows the simulation time in UTC (00Z and 12Z) beginning from 22 

June 06Z through 26 June 00Z, 2016. The colormap shows the cloud mixing ratio, and 
the solid contour line shows the frozen phase mixing ratio of 0.01 g/kg. 

Figure 5-9 shows the domain scaling factors 𝛽! and 𝛽! for zonal wind, 

meridional wind, and total water mixing ratio in APP-D03, respectively, in the East-

West and North-South directions. The temporal evolution of the spectral slopes is 

consistent with the results for transects A and B that pass through the same region as 

APP-D03 albeit with significant differences that can be attributed to the fact that 

convection is resolved explicitly. The wind spectral slopes are predominantly ∣ 𝛽 ∣  < 1.9 

at all levels at all times, with higher values around ∣ 𝛽 ∣ ~11/5 for nonconvective 

conditions mostly above the orographic envelope (900–800 hPa) at nighttime and at the 
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top of the troposphere (300–200 hPa) at all times. The total water fields exhibit persistent 

steep nonconvective spectra below 800 hPa at nighttime due to cold air pooling in the 

complex topography of the central Appalachians in APP-D03. This suggests an energy 

transfer mechanism with daytime surface energy input at the small mesoscales, 

propagation via buoyancy and latent heating, and delivery by flow divergence aloft. 

Note that given the size of the APP-D03 domain, the spectral analysis cannot capture 

energy transfer at the large meso-β scales that result in the steeper slopes ( ∣ 𝛽∣  ≥ 23/9) 

in APP-D02. 
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Figure 5-9 Temporal evolution of the scaling factor of zonal wind (u ), 
meridional wind (v ), and total water mixing ratio (q ) in East-West (β x , a–c) and 
North-South (β y , d-f) directions in APP-D03. The vertical axis shows the mean 

pressure of the sampled cross sections, and the horizontal axis shows the simulation 
time in UTC (00Z and 12Z) beginning from 22 June 06Z through 26 June 00Z, 2016. 

The expansive regions of anomalous flat spectra in Figure 5-9 are an artifact of 

the spectral slope estimation algorithm reflecting the model's inability to resolve moist 

convective processes in the smaller meso-γ scale range (<10 km). The spectral slope is 

obtained by linear regression between two fixed wavelengths (L /8 and 7Δs), thus 

neglecting the transient scaling break to the left of the dissipation range (and up to 14–17 

Δs) that is the time-varying effective model resolution in the presence of convective 
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activity (NB14). Indeed, the emergence of anomalous scaling in both APP-D02 and APP-

D03 occurs for moist convective regimes, where and when strong vertical motions 

develop. Changes in vertical velocity reflect large changes in buoyancy, leading to latent 

heat release and thermodynamic and microphysical adjustments with height. The model 

cannot resolve adequately convective processes that enhance energy transfer in the 

vertical, which results in artificially enhanced (unphysical) horizontal energy transfer at 

small wavelengths between the effective model resolution and the dissipation range. 

Furthermore, note how in APP-D03 the vertical extent of this anomalous behavior and 

its duration (Figure 5-9) shrink dramatically between the first 2 days when deep mixed-

phase clouds are present, and the clear skies during the remainder of the simulation 

(Figure 5-10). This illustrates how the anomalous scaling behavior is tied to the 

representation of moist processes in the model from the surface through the planetary 

boundary layer and into the free troposphere. One implication is that the space-time 

evolution of anomalous scaling behavior maps the regions of phase-space where the 

model's predictive capability collapses. This behavior can be interpreted as a cascade-

bypass (similar to Villermaux et al. 2001) due to excessive numerical dissipation 

as ∣ 𝛽 ∣  →  1. 
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Figure 5-10 Evolution of the profile of mean mixing ratios of hydrometeors 
(ice, snow, cloud) in APP-D03. The vertical axis shows the mean pressure of the 

selected cross sections and the horizontal axis shows the simulation time in UTC (00Z 
and 12Z) from 22 June 06Z through 26 June 00Z, 2016. The colormap shows the cloud 
mixing ratio, and the solid contour line shows the frozen phase mixing ratio of 0.01 

g/kg. 

ANDES . Figures 11 and 12 show the mean value of scaling factors 𝛽! and 𝛽! for 

zonal (u) and meridional (v) winds and total water mixing ratio q in ANDES-D03 and 

ANDES-D04, respectively. Similar to APP-D03, the scaling factors show two main 

distribution modes with values around ∣ 𝛽 ∣ ~5/3 and |𝛽 |~11/5 albeit with a strong 

diurnal cycle and marked differences in vertical development with latitude reflecting 

differences in Andes topography and large-scale circulation (Figures 5 and 6). In 

ANDES-D03 winds, the 5/3 mode is a daytime mode that extends up to 300 hPa, 

whereas the 2.2 mode is a nocturnal mode that collapses between 850 and 550 hPa in the 

second and third days of simulation when it reverts to the 5/3 mode at night as the CAI 

front reaches ANDES-D03 (second day), subsequently weakens (third day), and 
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eventually retreats from the region. This is apparent from Figure 5-13, which tracks the 

front propagation in time through the distributions of hydrometeors. For the total water 

case, the daytime ∣ 𝛽| distribution has a dominant mode around 11/5 that switches to 5/3 

in the mid-afternoon. At night, the dominant mode reverts to 23/9 below 850 hPa, which 

is the height of maximum orographic enhancement or precipitation in the Central Andes 

and maximum upslope moisture convergence on the eastern slopes (Sun and Barros 

2015a,b). 

 

Figure 5-11 Temporal evolution of the scaling factor of zonal wind (u ), 
meridional wind (v ), and total water mixing ration (q ) in East-West (β x , a-c) and 

North-South (β y , d-f) directions for ANDES-D03. The vertical axis shows the mean 
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pressure of the sampled cross sections and the horizontal axis shows the simulation 
time in UTC (00Z and 12Z) from 3 October 06Z through 7 October 00Z, 2013. 

 

Figure 5-12 Same as 5-11 for ANDES-D04. 
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Figure 5-13 Temporal evolution of profile of mean mixing ratios of 
hydrometeors for (a) ANDES-D03 and (b) ANDES-D04. The vertical axis shows the 

mean pressure of the cross section and the horizontal axis shows the simulation time 
in UTC (00Z and 12Z) from 3 October 06Z through 7 October 00Z, 2013. The colormap 

shows the cloud mixing ratio and the contour line shows the frozen phase mixing 
ratio of 0.01 g/kg.  

In ANDES-D04, the distribution of spectral slopes shows two different modes 

below 700 hPa and above 700 hPa that are different for winds and for moisture. The 

daytime 5/3 mode does not extend above 700 hPa, which is the height of the orographic 

envelope of the Andes, and at nighttime the spectral slopes are organized around 11/5 

for low-level winds and 23/9 for moisture. Above 700 hPa, the dominant behavior 

switches from −5/3 to −23/9 during the simulation, with the latter being more dominant 

during the CAI event proper, reflecting the anisotropy of horizontal wind fields (Figure 

5-6b). 

Similar to APP, anomalous scaling is evident with excessive flattening (yellow 

color, ∣𝛽∣  < 5/3) of low-level daytime spectral slopes and at nighttime with excessive 
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steepening (deep blue color, ∣𝛽∣  > 23/9) as the domain is only large enough to capture 

the meso-β scales. In addition, the space-time evolution captures directional, orientation, 

and magnitude asymmetry of wind fields and precipitable water on the west and 

eastern sides of the Andes below (Figure 5-6a) and above 700 hPa (Figure 5-6b), which 

becomes stronger after the second day of simulation for winds as the CAI fully develops 

and high-level westerly moisture transport is shut off (e.g., Figure 5-12). 

Overall, the ubiquitous presence of the 23/9 in ANDES-D04 wind scaling factors 

in contrast with its absence in ANDES-D03 seems to capture the key differences between 

tropical and the midlatitude weather. The concurrence for the case of moisture fields at 

low levels below the orographic envelope captures nighttime pooling of cold air along 

the eastern slopes of the Andes North-South barrier. 

5.4 Conclusions 

The transient behavior of horizontal scaling in the vertical linked to orographic 

forcing producing large precipitation accumulations in middle (the Appalachians, 

elevation <2,500 m) and high mountains (the Andes) in the small mesoscales was 

investigated for realistic cases using an atmospheric model. The scaling behavior 

exhibits a strong diurnal cycle that depends on geolocation, landform, and synoptic-

scale conditions with β following the behavior mapped by NB14 according to the space-

time evolution of atmospheric stability in the lower troposphere, especially below 700 

hPa but with evidence of anisotropy under nonconvective conditions. These findings 
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suggest energy input by moist processes and surface fluxes in the small resolved 

mesoscales (10 − 100 km) organized by topography and radiative forcing at low levels 

and transported to higher levels by convection and latent heating release as 

hypothesized by Lilly et al. (1998) and Waite and Snyder (2013). 

Anomalous scaling behavior (| 𝛽 |  →1) emerges in convective regimes and 

extends through the convective depth of the troposphere. This is indicative of the gap 

between the transient effective model resolution as per NB14 and the lower bound of the 

fixed scale-range over which the spectral slopes are estimated based on general 

sampling requirements. Inspection of individual spectra reveals that this results from 

transient scaling breaks between 7 and ~14𝛥𝑠 with flat spectra at the highest wave 

numbers corresponding to saturation of the horizontal spectra of vertical velocities at 

low levels (~850 hPa). Specifically, for the APP- and ANDES-D02 domains, anomalous 

scaling results from bypassing the energy cascade in the smaller meso-β scales and for 

APP-D03 and ANDES-D03 and D04 in the meso-γ scale range within the active 

convective depth of the troposphere as a function of latitude. Because the D03 and D04 

simulations were implemented at kilometric resolution and configured without 

convective parameterization, these results suggest that nonlinear feedbacks extend the 

effective gray-zone of turbulence up to the convective depth in the troposphere, in a 

manner similar to moist processes in the convective boundary layer as in Honnert et al. 

(2011). Note that NB14 also showed that the scaling behavior of variables such as heat 
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and moisture flux, temperature and mixing ratio statistics, and energy spectra are 

affected differently by grid resolution, which should have important implications for the 

practical implementation of “scale-aware” planetary boundary layer parameterizations 

(Shin and Hong 2015). 

 

Nevertheless, the conclusions here are also limited to knowledge of the mean 

flow structure over the complex terrain and not the turbulence itself as described by the 

model. The linear fits are forced between two fixed points at L /8 and 7Δs for each 

domain to facilitate systematic analysis. However, as discussed earlier, when there is a 

transient scaling break, this results in spurious shallowing of the estimated spectral 

slope in the smaller mesoscales up to 14–17 Δs (Table 2, Figure 5-14). This effect is more 

severe at times when convective activity is intense and in stable conditions when 

topographic forcing and constraints become dominant, which is apparent from Figure 5-

14, which shows the quality of the fit corresponding at 18Z on 6 October 2013 in 

ANDES-D04. On the other hand, spurious steepening can also occur at large 

wavelengths due to the limited sizes of the various model domains. A comprehensive 

view of the goodness of fit in the estimation of the spectral slope as a function of time 

and altitude corresponding to Figures 9, 11, and 12 is provided in Figures S1, to S3 in the 

Supporting Information. The analysis was conducted on the model eta coordinates 

similar to that of Skamorock (2004), who indicated that there is little difference to do the 



 

146 

analysis on the constant pressure levels or heights. However, this may not be the case 

near the surface. One approach to address this question is to extrapolate the fields near 

the surface. We refrain from following this approach as not only it will introduce further 

extrapolation error in the fields but also because the extrapolated fields do not 

physically exist in the regions where the flow is blocked by topography, which 

introduces excessive complexity for analysis. 

Table 5-2 Example of Spectral Slopes and Correlation Coefficient of the Fit for 
Different Ranges of Wavenumbers (k 1 < k y < k 2) Calculated for the Fifth Model 

Coordinate for the ANDES-D04 Simulation in y (South-North) Direction at 6 October 
2013, 18Z 

𝑘! 𝑘! 𝛽! 𝑢!"  |𝑅!| 
𝑘!/! 𝑘!!! -1.2 0.90 

𝑘!!! -1.2 0.90 
𝑘!!! -1.3 0.92 
𝑘!"!! -1.5 0.93 
𝑘!!!! -1.5 0.93 
𝑘!"!! -1.6 0.94 
𝑘!"!! -1.7 0.95 
𝑘!"!! -1.7 0.95 
𝑘!"!! -1.8 0.95 
𝑘!"!! -1.8 0.94 
𝑘!"!! -1.9 0.95 
𝑘!"!! -1.8 0.94 
𝑘!"!! -1.8 0.93 
𝑘!"!! -1.9 0.94 
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Figure 5-14 Example of impact of the transient scaling break on spectral slope 
estimation: power spectral density (PSD) for ANDES-D04 for zonal (u ) and in the 

South-North (β y ) calculated on the fifth model coordinate level about 920 hPa. The 
black line shows the fit to the spectra between the k L /8 < k Δs < k 7Δs (left) and k L /8 

< k Δs < k 14Δs (right) wavenumber ranges. 

Toward synthesis, the diurnal trajectories of the co-evolution of hourly averaged 

spectral slopes and atmospheric stability as measured by Moist Brunt-Väisälä (MBV) 

frequency in the lower troposphere (<700 hPa) where moist processes dominate and 

between 700 and 500 hPa are presented in Figures 15 and 16, respectively. For this 

discussion, we ignore the first few hours of model simulation (black stars), which are 

affected by model initialization. Note that the nocturnal range of positive MBV is wider 

in the colder climate of ANDES-D04. Generally, the scaling factor varies with Brunt-

Väisälä frequency from −1 to −11/5 in unstable conditions during daytime at low levels 

(Figure 5-15). For ANDES-D03 and ANDES-D04, and more so for the latter, the spectral 

slopes stay close −11/5 independently of MBV at all times except at midday. This would 

suggest that convection is absent. However, inspection of the results shows this is not 

the case. Indeed, this behavior reflects heterogeneity in the flow fields with 
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nonconvective conditions over large regions and small regions with intense deep 

convection (e.g., Lilly et al., 1998). Further, the anisotropy inherent to the North-South 

asymmetry of regional circulations in ANDES-D04 is apparent by the convergence of 

spectral slopes to the −23/9 line at night and early morning at low levels (Figure 5-15). 

The spectral slopes may also reflect phenomena such as potential flow, gravity waves, 

and gravity currents, which are tightly linked to topography and thermodynamic 

environment. Indeed, there are significant differences at nighttime at low levels, with the 

spectral slope remaining at −5/3 for the Appalachians while converging to −11/5 in the 

ANDES (Figure 5-15). This result reflects the fact that topography functions as a lateral 

boundary condition in the ANDES-D03 and D04 grids, whereas it fills the space of APP-

D03 as a bottom boundary condition and in tandem with heterogeneous radiative 

cooling forces mechanically the mesoscale flow. 
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Figure 5-15 Phase-space co-evolution of the spectral slopes of zonal wind in 
the East-West (β x , top row) and North-South (β y , bottom row) and moist Brunt-

Väisälä frequency averaged hourly over all sampled cross sections from the 
beginning to the end of the simulation for the first 17 model layers below 700 hPa. 
The black stars mark the first hour used for analysis respectively 6 October and 22 

July, 06Z for Andes and Appalachian. Subsequent hours: first day, diamonds; second 
day, squares; third day, plus signs; and fourth day, circles. The vertical dotted line is 

placed at −5/3. Local standard time is UTC-5 hours. 
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Figure 5-16 Same as 14 but for 18 to 28 model coordinates between 700 and 
500 hPa. LST is UTC-5 hours. 

Aloft, the diurnal phase-space map exhibits a limit-cycle around (MBV~0) with 

anomalous scaling in APP-D03 during the first 3 days of simulation during the passage 

of the storm over the mountains consistent with the presence of deep convection (Figure 

5-16). Interestingly, the limit-cycle is rotated about β  =  − 23/9 for ANDES-D04, and the 

trajectory does not track solar forcing. Instead, points above the horizontal MBV = 0 line 

mark days during the northward progress of the CAI front on the right and during the 

CAI retreat on the left with anomalous scaling due to domain size on the last day of 

simulation. The robust phase-space analysis suggests potential to mitigate scale-

dependent errors in atmospheric models tied to orographic processes by taking 
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advantage of the relationship between the space-time organization of KE transfer modes 

and atmospheric stability. Finally, while the results reveal robust relationships between 

stability conditions and scaling factors of horizontal wind and moisture that are suitable 

to support development of multiscale models and subgrid scale parameterizations (e.g., 

cloud fraction in NB14), a systematic study is required for different orographic regimes 

to better understand the multiscale behavior that is observed in this study. 

  



 

152 

6. Prediction of second-order turbulent properties of the 
surface boundary layer for three-dimensional flow 
based on Mellor and Yamada model 

This chapter is in preparation for submission to the Journal of Advances in 

Modeling Earth Systems. Ana Barros proposed the original research ideas and research 

plan. Masih Eghdami developed and implemented the research ideas, developed the 

surface layer model, and conducted the analysis. Pedro A. Jimenez and Timothy W. 

Juliano developed and maintained the 3DPBL model, and Branko Kosovic helped with 

the discussions. The authors prepared the manuscript collaboratively. 

 

6.1 Introduction 

The surface layer is the lowest part of the planetary boundary layer (PBL), 

where turbulent fluxes are the most active, causing a sharp transition in 

meteorological variables (Stull, 1988). Accurate parameterization of surface layer 

processes is critical to the accurate representation of land-atmosphere interactions 

in numerical weather prediction (NWP) models. High-resolution NWP models are 

widely used today as modern computational capacities enable the development and 

presentation of fine resolution small-scale processes. As sub-kilometer forecasts 

become increasingly available, the representation of PBL processes (i.e., PBL 

parameterization) over horizontally heterogeneous regions is a significant challenge 

in the next decade (Goger et al. 2019; Hong and Dudia 2012; Prein et al. 2015). The 

representation of heterogeneous variability within the PBL is critical to tackling 
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weather forecasts over complex topography, renewable energy forecasts, fire hazard, 

and air quality modeling. This chapter is dedicated to understanding the physics for 

diagnosing the horizontal turbulent fluxes and vertical fluxes by examining the flow 

characteristics based on stability conditions, height above the surface, and 

spatiotemporal scales. 

The current available PBL parameterizations (e.g., Mellor-Yamada-

Nakanishi-Niinio, hereafter MYNN) used in Weather Research, and Forecasting 

(WRF) and most numerical weather prediction models only represent the vertical 

mixing in the flow. The horizontal mixing is parameterized using the Smagorinsky 

(1963) scheme – a parameterization using different closure assumptions than the 

PBL one. Although coarsely accurate, the approach loses validity as grid spacing 

approaches the grey zone (approximately 100 m to 1 km), where horizontal gradients 

in turbulent statistics become non-negligible. Consequently, horizontal turbulence is 

crucial for problems where the land surface heterogeneities such as soil type and 

land cover that determine surface radiative and hydraulic properties, surface slope 

(e.g., Lobocki, 2014), and complex topography (e.g., Goger et al. 2018; Lehner and 

Rotach, 2018). For addressing this challenge, a new three-dimensional PBL (3DPBL) 

parameterization is implemented in WRF with an integrated approach in modeling 

vertical and horizontal mixing. The new 3DPBL scheme is adopted from the 

algebraic model developed by Mellor and Yamada (1982, hereafter referred to as 

MY82). It accounts for the 3D effects of turbulence by explicitly calculating 

momentum, heat, and moisture flux divergences and the turbulent kinetic energy 
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(TKE). Therefore, the new scheme requires 3D surface boundary conditions for the 

first time, as it was limited to vertical fluxes in the earlier 1D schemes.  

The Mellor and Yamada Level 2 model (Mellor, 1973; Mellor and Yamada 

1974, 1982) is one of the pioneering works in the development and application of 

second-moment closure schemes to geophysical fluid dynamics problems. In their 

parameterization, the pressure covariances are modeled based on Rotta's 

formulation of the return to isotropy term of homogeneous turbulence in second-

order closure models. However, higher-order Rotta terms related to shear and 

buoyancy that are especially important for convective boundary layer (Moeng and 

Wyngaard, 1986), are neglected. The return to isotropy due to pressure–strain 

interaction redistributes turbulent energy among all three velocity components; 

however it cannot eliminate the anisotropy between the horizontal and vertical 

components, which are primarily maintained by shear and buoyancy respectively.   

The MY82 model assumes all the length scales to be proportional, with the 

constants of proportionality determined from the experimental data by calibration 

for neutral PBL conditions assuming equal partitioning of energy in cross-stream 

and vertical directions; and it is applied assuming validity for stratified flow.  The 

interplay of shear production, buoyancy destruction, and production of energy in the 

boundary layer creates a complex energy redistribution dynamics between 

horizontal and vertical components. BouZeid et al. (2018), for instance, proposed a 

linear Rotta model to predict directional variances based on the flow regime as 

described by the Richardson number (i.e., the ratio of buoyancy to shear forces).  An 

alternative earlier approach is the widely used PBL parameterization is the Mellor-
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Yamada-Nakanishi-Niino (Nakanishi 2001; Nakanishi and Niino, 2009, hereafter 

MYNN) which is an implementation of the 1D MY82 model to include the higher-

order Rotta terms. Additionally, the master length scale formulation is revised to 

depend on stability conditions and thus capture changes in vertical mixing in the 

convective boundary layer, whereas the original MY82 length scale is independent of 

stability conditions.   

Land-surface horizontal heterogeneity is highly influential on near-surface 

turbulence, the representation of which is a challenge in NWP (Shin and Dudhia 

2016). Whereas it can be prescribed to a great extent at sub-km grid resolution in 

NWP, there is a mix of resolved and unresolved convective motions (the turbulence 

“grey” zone) the interactions among which cannot be captured by existing 

parameterizations (Wyngaard, 2004; Honnert et al. 2011; Hong and Dudhia 2012). 

In the recent improvements of numerical weather prediction models, the emphasis 

has been on devising physics schemes that are suitable regardless of the horizontal 

grid spacing (e.g., Powers et al. 2017). A particular challenge is that PBL 

parameterizations are often developed and tested using data at specific scales. PBL 

parameterizations are therefore scale-dependent, that is to say grid-size dependent. 

However, there are many benefits of fine resolution models cannot be dismissed for 

improved representation of terrain and land cover, including numerical 

requirements to represent surface roughness gradients and changes in flow regimes 

such as the nighttime boundary layer (Zhou et al., 2014). Using a series of Large 

Eddy Simulations (LES), Honnert et al. (2011) showed that with transitioning from 

coarser to finer grids, the resolved and subgrid TKE partitioning varies, which can 
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be modeled with a similarity relationship based on boundary layer and cloud layer 

height. Shin and Hong (2013) showed that the conventional non-local PBL 

parameterizations suppress the resolved TKE and vertical transport across the gray 

zone limit in the convective boundary layer in LES, which could be remedied by 

adding explicit resolution dependent adjustments (Shin and Hong 2015). Ito et al. 

(2015) further improved the formulation of the mixing length-scale in the MYNN 

PBL parameterization by introducing an explicit adjustment as a function of grid 

horizontal resolution.  The resolution-dependent length scale formulation was 

calibrated against LES data used as a benchmark to predict the sub-grid and 

resolved scale partitioning accurately in the vertical. The representation of 

inherently 3D turbulent horizontal mixing tied to land heterogeneity remains to be 

addressed.   This is a key objective for the new 3DPBL scheme in the WRF model. 

High-resolution weather forecasts over mountain regions are of especial 

significance including for the prediction of localized extreme weather events 

(Eghdami and Barros, 2018). Predicting exchange processes are challenging over 

these regions (See Lehner and Rotach, 2018; Serafin et al. 2018 for a review) due to 

the compounding of topographic complexity and land-surface heterogeneity. The 

surface turbulence exchange in NWP models is usually determined according to the 

Monin-Obukhov similarity theory (MOST). However, the underlying assumptions 

are not accurate over complex topography due to non-stationary and horizontal 

heterogeneity. Using the Cooperative Atmosphere-Surface Exchange Study 1999 

(CASE-99), for instance, Stiperski and Calaf (2017) showed that similarity relations 

depend on stratification and state of anisotropy. Nevertheless, there are limited 
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studies devoted to scaling relationships over complex terrain showing the results are 

location dependent.  Better representation of the horizontal turbulence mixing near 

the surface will ultimately improve the representation of the cloud structure and 

microphysics that currently do not reproduce radar or satellite observations 

(Greenwald et al. 2010, Wilson and Barros 2014; 2015) near the surface. These 

results will have important implications for radiative transfer (Chen et al. 2008), 

modulating solar irradiance fluxes (Jimenez et al. 2016) and impacting land-surface 

energy budgets (e.g., Wilson and Barros, 2017),  and predictability of precipitation 

extremes.  

In this work, a three-dimensional model for the surface turbulent properties 

coupled to the 3D-PBL parameterization is developed. The model presented in this 

chapter focuses on the diagnosis of 3D fluxes at the land-atmosphere interface. The 

diagnosis of the total kinetic energy is compared against the MYNN (1D-PBL) as the 

reference parameterization, and the 3D fluxes are compared with tower observations 

of boundary-layer fluxes.  

The standard WRF model output was modified to record the surface layer 

variables every time step at the grids where the towers are located to provide a 

detailed evolution of the atmosphere within this layer. The interactions of resolved 

grid-scale and sub-grid scale in the turbulence gray zone (Shin and Hong, 2013, 

2015) and grid size dependencies are relevant to the scales of interest in this 

research. This issue is addressed in the analysis and interpretation of the results by 

contrasting model sensitivity to grid spacing at 750 and 250 m against the MYNN. It 

is shown that the proposed surface layer model is scale-dependent, and therefore 



 

158 

grid-resolution adjustments similar to MYNN are necessary and will be 

implemented in further work beyond this dissertation. Furthermore, the physical 

processes in the model, such as cloudiness and microphysics, are interacting and 

thus interdependent. An improved PBL does not necessarily guarantee an improved 

simulation (e.g., Bretherton and Park 2008) unless all resolved physical processes 

are consistent with each other. The surface layer model is described in section 2. 

Numerical setups and data are described in section 3. In section 4, the results are 

discussed and assessed with the observation. Conclusions of the study and future 

directions are given in section 5. 

 

6.2 Description of the surface layer 

In the following, the capital letters 𝑈!, 𝛩 and 𝑄! represent the ensemble 

velocity, temperature and moisture fields while small letters 𝑢!, 𝜃 and 𝑞! represent 

the turbulent variables with the indices denote the dimensions. The ensemble 

average is denoted by <  > and the 0 subscript shows the reference state. The letters 

𝑢, 𝑣 and 𝑤 are also used to differentiate zonal, meridional and vertical winds, 

respectively and 𝑧 is height. The PBL near the surface is integrated with the surface 

layer, as shown in Figure 6-1, by imposing the momentum, heat and moisture flux 

from the surface as the low boundary condition. The surface layer parameterization 

describes the viscous sublayer near the surface and connects the surface fluxes to 

the PBL where the terms are diagnosed on the half layer using Monin-Obhukov 

similarity theory. For a one-dimensional (1D) PBL only the vertical turbulent 
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components should be provided on the surface boundary that are < 𝑢𝑤 >, < 𝑣𝑤 >, 

< 𝑤! >, < 𝑤𝑞! >, < 𝑤𝜃! > as well as the Total Kinetic Energy 𝑇𝐾𝐸/2 = 𝑞! =< 𝑢! >

+< 𝑣! > +< 𝑤! >. However, for a fully (3D) parameterization the other horizontal 

components < 𝑢! >, < 𝑣! >, < 𝑤! >, < 𝑢𝑣 >, < 𝑢𝜃 >, < 𝑣𝜃 >, < 𝑢𝑞! > and < 𝑣𝑞! > 

need to be specified at the surface boundary. Given the vertical fluxes, the horizontal 

turbulent components can be diagnosed following the Mellor and Yamada level 2 

second-order closure model. 

 

 

Figure 6-1 A schematic model for the PBL and surface layer 
parameterizations near the surface. The symbol 𝒅𝒛 shows the height of the 
lowest model level. 

In the MY82 closure model, the dissipation rate, the pressure covariances 

and the third moments are parameterized based on the Kolmogorov (1941) closure 

model and Rotta return to isotropy hypothesis. For the Total Kinetic Energy 

(𝑇𝐾𝐸 = 𝑞!/2) and temperature variance < 𝜃! >, the dissipation rate for the energy 

(𝜀) and heat 𝜀!  are 
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𝜀 = !!

!!!
            (6-1) 

𝜀! =
!
!!!

< 𝜃! >         (6-2) 

respectively, where 𝐵! and 𝐵! are the closure constants and 𝐿 is the master 

length scale. The pressure-strain and pressure-temperature terms are 

parameterized as < 𝑝 !!!
!!!

+ !!!
!!!

>= − !
!!!!

< 𝑢!𝑢! > − !
!
𝑞!𝛿!"  

+𝐶!𝑞!
𝜕𝑈!
𝜕𝑥!

+
𝜕𝑈!
𝜕𝑥!

 

−𝐶!
𝑔
𝜃!

< 𝑢!𝜃 > 𝛿!!+< 𝑢!𝜃 > 𝛿!! −
2
3
< 𝑢!𝜃 > 𝛿!"  

+𝐶! < 𝑢!𝑢! >
!!!
!!!

+< 𝑢!𝑢! >
!!!
!!!

− !
!
< 𝑢!𝑢! >

!!!
!!!!!"

 (6-3) 

< 𝑝 !"
!!!

>= − !
!!!!

< 𝑢!𝜃 > −𝐶!
!
!!
< 𝜃! > 𝛿!! + 𝐶! < 𝑢!𝜃 >

!!!
!!!

   (6-4) 

 

where 𝑝 is pressure, 𝑥 denotes dimensions, the closure constants 𝐴! and 𝐴! 

are return-to-isotropy of Rotta hypothesis, while 𝐶!, 𝐶!, and 𝐶! represent shear terms 

and 𝐶! and 𝐶! represent buoyancy terms. MY82 all the Rotta terms except 𝐶! = 0.09 

are set to 0, while MYNN uses (𝐶!,𝐶!,𝐶!,𝐶!,𝐶!) = (0.137, 0.65, 0.294, 0. 0, 0.2). Note 

that this parameterization is based on the values for neutral conditions. This is 

important in the interpretation of the results for near the surface flow for 

anisotropic and stratified regimes.  

6.2.1 Surface layer model 

In this section, the equations for diagnosing three-dimensional components of 

turbulent properties for momentum, heat, and moisture are presented. We follow the 
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Mellor and Yamada model (Mellor and Yamada 1974; 1982) for second-order level 2 

as described earlier, therefore, neglecting the material derivative and diffusion 

terms. Assuming the PBL approximation reduces the model further to hydrostatic 

flow in the vertical direction and all the velocity gradients are neglected except the 

vertical component. Terms with vertical gradients of the vertical velocity are also 

neglected by the PBL approximation. For a flow where 𝑈, 𝑉, are zonal and 

meridional winds, 𝑄! is moisture, and 𝛩 is temperature only the 𝜕𝑈/𝜕𝑧, 𝜕𝑉/𝜕𝑧, 

𝜕𝛩/𝜕𝑧, and 𝜕𝑄!/𝜕𝑧 are retained. The TKE and the rest of the turbulent fluxes then 

obtained based on the level 2 model are the following 

!!

!!!
= −< 𝑢𝑤 > !"

!"
−< 𝑣𝑤 > !"

!"
+ 𝑔/𝛩! < 𝑤𝜃 >     (6-5) 

< 𝑢! >= !!

!
+ !!!

!
[−4 < 𝑢𝑤 > !"

!"
+ 2 < 𝑣𝑤 > !"

!"
− 2 𝑔/𝛩!(1 − 𝐶!) < 𝑤𝜃 >] (6-6) 

< 𝑣! >= !!

!
+ !!!

!
[2 < 𝑢𝑤 > !"

!"
− 4 < 𝑣𝑤 > !"

!"
− 2𝑔/𝛩!(1 − 𝐶!) < 𝑤𝜃 >]  (6-7) 

< 𝑤! >= !!

!
+ !!!

!
[2 < 𝑢𝑤 > !"

!"
+ 2 < 𝑣𝑤 > !"

!"
+ 4𝑔/𝛩!(1 − 𝐶!) < 𝑤𝜃 >]  (6-8) 

< 𝑢𝑣 >= !!!!
!
[−< 𝑢𝑤 > !"

!"
−< 𝑣𝑤 > !"

!"
]      (6-9) 

< 𝑢𝜃 >= − !!!!
!
[< 𝑢𝑤 > !"

!"
+ (1 − 𝐶!) < 𝑤𝜃 > !"

!"
]     (6-10) 

< 𝑣𝜃 >= − !!!!
!
[< 𝑣𝑤 > !"

!"
+ (1 − 𝐶!) < 𝑤𝜃 > !"

!"
]     (6-11) 

< 𝜃! >= !!!!
!

< 𝑤𝜃 > !"
!"

        (6-12) 

where g is the gravitational acceleration. For modeling the vertical fluxes, the 

vertical fluxes are prescribed as model input to calculate the vertical momentum, 

heat, and moisture fluxes:  
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𝑢𝑤
𝑣𝑤 = −𝑢∗!

𝑐𝑜𝑠𝛼
𝑠𝑖𝑛𝛼 ,          (6-13) 

< 𝑤𝜃 >= −𝑢∗𝜃∗ = 𝐻/𝜌𝑐!,          (6-14) 

< 𝑤𝑞! >= 𝑄/𝜌,         (6-15) 

where u∗ is the friction velocity, α is the wind direction, H is sensible heat 

flux, Q is moisture flux, ρ is the density of dry air, and c! is the specific heat capacity 

of moist air. For the surface layer flow, we use the following adiabatic model: 

∂U/ ∂z
∂V/ ∂z  ~ !∗

!!
cosα
sinα ϕ!(ζ) as z → 0,        (6-16) 

!!
!!
~ − !!!!

!∗
  !
!!
ϕ!(ζ) as z → 0,       (6-17) 

where κ is von Kármán constant, 𝛼 is the direction of the wind speed, 𝑧 is the 

distance from the surface, 𝜁 = 𝑧/𝐿! where 𝐿! = − !∗!

!"#!!"!
 is Obukhov length, and 

𝜙! and 𝜙! are similarity functions (Businger et al. 1971) for momentum and heat. A 

similar approach to Nakanishi (2001) for a fully 3D flow by replacing the surface 

layer terms in 6-1 to 6-8 Eqs to obtain will give the following: 

𝑞! = 𝐵!
!
!"

𝜙! − 𝜁
!/!

𝑢∗!        (6-18) 

!!!!
!!

= !
!
+ !!

!!

!!! !"#! !!!!! !"#! !!!(!!!!)!
!!!!

        (6-19) 

!!!!
!!

= !
!
+ !!

!!

!!!! !"#! !!!!! !"#! !!!(!!!!)!
!!!!

        (6-20) 

!!!!
!!

= !
!
+ !!

!!
 !!!!!!(!!!!)!

!!!!
          (6-21) 

!!"!
!!

= 6 !!
!!

 !!
!!!!

sin 𝛼 cos𝛼        (6-22) 

< 𝑢𝜃 >= −< 𝑤𝜃 > !!!
!!
!/!  !

!"

!/! !!!(!!!!)!!
!!!! !/! cos𝛼     (6-23) 
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< 𝑣𝜃 >= −< 𝑤𝜃 > !!!
!!
!/!  !

!"

!/! !!!(!!!!)!!
!!!! !/! sin 𝛼     (6-24) 

< 𝜃! >= !!
!!
!/!

!"
!

 
!/! !!

!!!! !/!
!!"!!

!∗!
        (6-25) 

The equations can be extended to moisture fluxes with a few assumptions. 

For simplicity, we assume that the moisture and heat cross-correlation is about 

unity, has the same sign as the product of their fluxes, and that no changes in 

phases of vapor will occur. This allows us to use the same similarity functions for 

heat and moisture, which seems appropriate and no substitute yet is available. The 

fluxes can be diagnosed from the following: 

< 𝑢𝑞! >= −< 𝑤𝑞! >
!!!
!!
!/!  !

!"

!/! !!!(!!!!)!!
!!!! !/! cos𝛼     (6-26) 

< 𝑣𝑞! >= −< 𝑤𝑞! >
!!!
!!
!/!  !

!"

!/! !!!(!!!!)!!
!!!! !/! sin 𝛼     (6-27) 

 

The above model offers a diagnosis of the 3D turbulent covariances required 

for horizontal and vertical mixing of momentum, heat, and moisture. Note that 

because shear terms and vertical fluxes are given, there is no appearance of the 

terms involving 𝐶!, 𝐶!, and 𝐶!. MY82 used values of 

𝐴!,𝐴!,𝐵!,𝐵! = 0.92, 0.74, 16.6, 10.1  that are based on neutral conditions from 

separate experiments while using values of 𝐶!,𝐶!,𝐶!,𝐶!,𝐶! = (0.08, 0, 0, 0, 0) 

neglecting the higher-order terms 𝐶! − 𝐶! due to the limited data for determining the 

constants. MY82 concluded that the results would extrapolate for stratified flow. 

However, as pointed by Nakanishi (2001), the choice of 𝐵!, for instance, depends on 

the stability condition. Furthermore, neglecting the shear buoyancy terms reduces 
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the model performance. The choice of model constants is not straightforward. As the 

model and observation do not match in the proportionality of lateral turbulent 

components. The constants depend on the mixing length, which makes the 

determination of mixing length and constants an iterative process.  

6.2.2 Length scale 

One of the major challenges in closure models is to determine the master 

length scale. There is no prognostic equation available for determining the length 

scale based on a physical model. Mellor and Yamada suggested the use of a 

simplistic algebraic equation that works well for the boundary layer. The length 

scale 𝑙 interpolates between the surface length scale 𝐿! = 𝑘𝑧 when 𝑧 → 0 and 𝑙!, the 

characteristic turbulent field depth, when 𝑧 → ∞. The length scale is defined as 

follows: 

𝐿! = 𝛼!
! !"#!

!
!"#!

!
,         (6-28) 

where 𝛼! is an experimental constant given 0.1. The length scale used by 

Mellor and Yamada is therefore: 

!
!
= !

!!
+ !

!!
          (6-29) 

Nakanishi (2001) proposed a diagnostic equation for the length scale in the 

surface layer based on large eddy simulation (LES) data allowing the surface length 

scale to vary with stability condition: 

𝐿! =
𝜅𝑧/3.7, 𝜁 ≥ 1

𝜅𝑧/(1 + 2.7𝜁), 0 ≤ 𝜁 < 1
𝜅𝑧 1 − 𝛼!𝜁 !.!, 𝜁 < 0

       (6-30) 
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where 𝛼! = 100 is determined from LES data. This model predicts a length 

scale that varies as 𝑘𝑧 while providing more flexibility for unstable conditions, which 

we adopt here. The classical length scale based on the height may lead to excessive 

diffusion for very stable boundary conditions. Although there are better choices for 

these conditions (Grisogono, 2010), in this work we adapt a similar approach to 

Nakanishi (2001) to have a fair comparison with the results from the MYNN 

parameterization. Nakanishi (2001) also includes a buoyancy length scale for 

containing the length scale in stable layers in the upper elevations. This length scale 

is not effective in the lower PBL so we avoid it for simplicity.  

 

6.3 Experimental design 

6.3.1 Simulation setup 

 

Figure 6-2 WFIP2 domain elevation map. The highlighted area shows 
the numerical domain. The location of the Wasco measurement site, Tower 
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1 (wfip2/z.19) and Tower 2 (wfip2/z.23) sonic anemometers are shown with a 
circle, cross, and square on the numerical domain, respectively. 

 

The region of the study is chosen at Eastern Washington and Oregon over the 

Columbia River Gorge that has rich measurement data during the Wind Forecast 

Improvement Project 2 (Figure 6-2). The numerical domain is on the downstream of the 

Columbia River Gorge and the lee side of the mountain cascades. Therefore, the flow in 

this region is highly influenced by the topography. A set of simulations is conducted to 

investigate the impact of buoyancy and length scale separately. The simulation with 

buoyancy terms and the surface length scale is called 3DBL where the surface turbulent 

fluxes are estimated using Eq. 6-18 to 6-27. A control case with the MY82 length scale, 

where 𝐿!/𝜅𝑧 → 1 near the surface, is conducted to investigate the impact of surface 

length scale is called 3DB, and a simulation similar to (3DB) is conducted setting 𝜁 = 0 to 

investigate the impact of buoyancy called (3D). To investigate the impact of higher order 

Rotta terms, a set of simulations called C-90, C-75 and C-50 are conducted with 𝐶! = 0.2 

and 𝐶! changing from 0.90, 0.75 and 0.50, respectively. Although the current available 

PBL parameterizations are not designed for modeling sub kilometer grids (Shin and 

Dudhia 2016) and only parameterize vertical fluxes (1D), a commonly used planetary 

boundary layer scheme, Mellor–Yamada–Nakanishi–Niino (MYNN level 2.5; Nakanishi 

and Niino 2006 and 2009) is used in the control runs because it is commonly used for sub 

kilometer simulations, and uses similar closure assumptions. To investigate the impact 



 

167 

of grid resolution, a domain (D02, 91×91) with 250 meters grid spacing is nested 

centered at the main domain for simulation 3DBL, 3DB and 3D. Table 6-1 gives a 

summary of numerical experiments. For the analysis, the closest grid output is chosen to 

the measurement sites, which the locations are shown in Table 6-2 (the University of 

Notre Dome maintains sonic anemometers wfipt2/z19 and wfip2/z23). 

 

Table 6-1 Summary of WRF simulations. 

Time* Experiment Grid 

2016 Aug, 13 00Z to 15 06Z 

3DBL 750 m and 250 m 
3DB 750 m and 250 m 
3D 750 m and 250 m 

MYNN 750 m 
C-90 750 m 
C-75 750 m 
C-50 750 m 

2016 Dec, 08 00Z to 10 06Z 

3DBL 750 m and 250 m 
3DB 750 m and 250 m 
3D 750 m and 250 m 

MYNN 750 m 
* The first 6 hours of the simulation is considered as spin up and is not used in the 

analysis. 

6.3.2 Model Configuration 

Simulations are done using the Weather and Research Forecasting (WRF) 

model version 4.0.3 (Skamarock et al. 2019) to solve numerically the non-hydrostatic 

and fully compressible flow equations with physical parameterizations and domain 

discretization strategies summarized in the following. Two 54-hour long simulations 

are done starting from August 13 00Z through August 15 06Z 2016 with a strong 
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diurnal cycle, and December 08 00Z through December 10 06Z 2016 without a 

defined diurnal cycle are considered. The first 6 hours are considered as spin-up 

time and are left out from the analysis. Initial and boundary conditions are 

extracted from High-Resolution Rapid Refreshing (HRRR) version 3, following a 

similar approach as Blaylock et al. (2017). The model is initialized at 00Z and runs 

for 54 hours in which the first 6 hours are considered as spin-up time and not 

included in the analysis. The data are provided on 3 km grid spacing on hourly time 

steps and hence useful for initializing high-resolution sub-kilometer simulations 

without the need to make telescoped multiple domain simulations. The numerical 

domain is defined with a grid-spacing of 750 meters grid spacing producing domains 

with (D01) 90×90 horizontal grid points. In the vertical, a total of 60 vertical grid 

points starting from 20 m vertical resolution near the surface and ending at 100 hPa 

at the top of the model. The new PBL parameterization diagnoses the 3D turbulent 

fluxes with level 2 Mellor and Yamada (1982) model scheme. The fluxes are then 

used to handle horizontal mixing and predicting vertical tendencies. For the control 

run, MYNN PBL parameterization (1D, Nakanishi, and Niino 2009) is used for the 

vertical mixing while the horizontal mixing is handled separately. The revised MM5 

Monin-Obukhov scheme (Jimenez et al. 2012) is used for surface layer 

parameterization. The WRF Single Moment 6-class (WSM-6) graupel scheme 

microphysics scheme (Hong and Lim, 2006), and the Noah land surface model with 

four soil layers (Ek et al. 2003). The Rapid Radiative Transfer Model (RRTM) 

(Mlawer et al. 1997) and the Dudhia scheme (Dudhia 1989) were respectively used 

to quantify longwave and shortwave radiative fluxes with updating every minute. 
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No cumulus scheme is used in the simulations, and convective effects are left to be 

explicitly solved at the grid resolution. 

 

Table 6-2 Brief description of measurements. 

Name Location Description 
Tower 1 
(wfip2/z.19.00) 

45.6383° N, 120.6716° W Sonic wind and temperature 
measurements at 17 m above 
ground level 

Tower 2 
(wfip2/z.23.00) 

45.6394° N, 120.6716° W Sonic wind and temperature 
measurements at 10 m above 
ground level 

MWR (Microwave 
Radiometer, 
wfip2.z03.b0) 

45.5901° N, 120.6719° W Relative humidity 
measurements with 50 and 
100 m resolution between 0 
to 500 m and 500 to 2000 m 
above the ground level 

 

6.4 Results 

In the following section, we present the results for the August and December 

cases associated with a typical diurnal cycle and stable atmospheric conditions, 

respectively. Accurate diagnosis of horizontal and vertical turbulent fluxes is essential in 

proper representation of horizontal mixing of momentum, heat, and moisture. The 

turbulent model diagnosis represents the subgrid-scale values shown in the figures and 

is retained from the model every 5 minutes. The turbulent fluxes from the model results 

and observations must be compared at the same temporal scales. The integral time scale 

for vertical wind fluctuations are reported to be about 10 seconds. Therefore, a 5-minute 

interval which is two orders of magnitude larger, is sufficient for averaging the 
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turbulent fluxes. For the comparison, data from two locations towers are compared. The 

17- and 10-meter tower ultrasonic anemometer data (wfip2/met.z19.00 and 

wfip2/met.z23.00 are called Tower 1 and Tower 2, respectively) measure horizontal, 

vertical winds and temperature with 20 Hz frequency. The covariances are then 

compared for 5-minutes intervals, which is at least an order of magnitude larger than the 

coherent structure of the vertical eddies. The friction velocity is the basis of the diagnosis 

of the TKE in the model predicted by the surface layer. Furthermore, we chose the 

nearest point in the model to the observation, and the quality of location (slope, facing 

orientation and ridge or valley) in the model and observation may not be similar. Note 

that high-frequency measurements of moisture are not available, and therefore not 

compared with the model results. 

6.4.1 Surface layer inputs 

Surface momentum fluxes are closely related to friction velocity that is 

parameterized in the surface layer along with heat and moisture fluxes (description 

from Jimenez et al. 2012) as follows: 

𝜏 = 𝜌𝑢∗! = 𝜌𝐶!𝑈!          (6-31) 

𝐻 =  −𝜌𝑐!𝑢∗𝜃∗ = −𝜌𝑐!𝐶!𝑈 𝜃! − 𝜃!        (6-32) 

𝑄 = 𝜌𝑢∗𝑞∗ = 𝜌𝑀𝐶!𝑈(𝑞! − 𝑞!)       (6-33) 

where 𝜏, 𝐻 and 𝐿𝐻 are momentum, sensible heat and moisture fluxes 

respectively; 𝜃∗ and 𝑞∗ are heat and moisture characteristic scales, respectively; 𝜌 is 

the air density, 𝑐! is the specific heat capacity at constant pressure, 𝑈 is the wind 
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speed in the lower layer increased for convective conditions as suggested by Beljaars 

(1995), M is the soil moisture availability; 𝜃 and 𝑞 are potential temperature and 

specific humidity, respectively denoted by 𝑎 and 𝑔 subscript for ground and air, 

respectively; and 𝐶!, 𝐶! and 𝐶! are dimensionless bulk transfer coefficients for 

momentum, heat and, moisture, respectively. For grids larger than 5 𝑘𝑚 a subgrid 

velocity correction is applied to 𝑈 following Mahrt and Sun (1995). Accurate 

estimates of the turbulent covariances depend on proper diagnosis of the surface 

fluxes. Calculation of transfer functions depends on the similarity functions and, 

consequently, stability regimes defined by bulk Richardson number (𝑅𝑖!). The 

transfer coefficients are then calculated for four distinct regimes: 1) stable regimes 

(𝑅𝑖! ≥ 0.2), 2) damped mechanical turbulence regime 0 < 𝑅𝑖! < 2, 3) forced 

convection regime 𝑅𝑖! = 0 and 4) free convection 𝑅𝑖! < 0.  

Figure 6-3 shows the comparisons of the time series of observations of friction 

velocity (𝑢∗ = < 𝑢𝑤 >! +< 𝑣𝑤 >! !.!") and temperature scale (𝜃∗ =< 𝑤𝜃 >/𝑢∗). For 

comparison, the nearest model grid is chosen. As can be seen during the first day, for 

Tower 1, there is deviation likely during the stable nighttime regime, followed by a 

jump as during the transition (08-13 12Z to 08-13 18Z) day time. A similar departure 

can be seen on the second day during stable night time (08-14 06Z to 08-14 12Z). The 

deviations are less pronounced for the other sonic location, although both are 

compared to the same grid output. The temperature scales seem to follow the 

observations more closely, although some spikes are observed, especially during the 

transition times. 
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Figure 6-4 shows the comparison of the measured friction velocity 𝑢∗ =

< 𝑢𝑤 >! +< 𝑣𝑤 >! !/! and the model prediction for simulation 3DBL as a function 

of stability. The stability measure 𝜁 = (𝑧 − 𝑧!)/𝐿! is calculated using the model 𝐿!, 

the tower height 𝑧 (here 10 and 17 m) and 𝑧! = 10 𝑐𝑚 which is typical for low-level 

crops with occasional obstructions. The model output is retained every 5 minutes 

while the fluxes are averaged over 15 minutes intervals. Hence, data points in the 

analysis are the average of 4 points from the model for every 15 minutes interval. 

The modeled friction velocity agrees well with the observation with the exception 

that near-neutral conditions are overestimated (December case). Specifically, for in 

the wintertime case, (Figure 6-4C and 6-4D) the model is overestimating for near-

neutral conditions. 
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Figure 6-3 Comparisons of the time series of the friction velocity 𝒖∗, 
temperature scale 𝜽∗, and heat flux measured by the sonic anemometer and 
the model output for 13-16, 06Z August 2016. 
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Figure 6-4 Comparisons of the friction velocity measured by the sonic 
anemometer (𝒖∗𝒐𝒃𝒔) and the model output (𝒖∗𝒎𝒐𝒅) for 13-15, 06Z August 2016 
(A, B) and 8-10, 06Z December 2016 (C, D) for Towers 1 and 2, respectively. 𝜻 
is calculated using the anemometer height and the 𝑳𝑶 from WRF output for 
𝒛𝒅 = 𝟎.𝟏 𝒎. The standard error of the estimated gradient and correlation 
coefficient are shown on the plots. 

6.4.2 Turbulent momentum fluxes 

Figure 6-5 shows the model diagnosis of the twice total kinetic energy (𝑞!). 

As can be seen, the simulation predictions 3DBL and MYNN are in agreement with 

the observation. However, 3DB and 3D values are underestimated especially during 

the day when the buoyancy production is important. The higher order Rotta terms 

do not play a role in prediction of 𝑞! (not shown here). Figure 6-6 and 6-7 show the 
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individual normal turbulent stresses. The horizontal components < 𝑢! > and < 𝑣! > 

are slightly underestimated while the vertical component < 𝑤! > is slightly 

overestimated for 3DBL. Although the 3DB and 3D simulations exhibit closer values 

for the vertical component, it should be noted that the total kinetic energy is 

underestimated in these experiment (see Figure 6-5).  This illustrates the 

importance of the higher order Rotta buoyancy term. Furthermore, the 

disagreement is more pronounced for the 10-m tower, closer to the surface. One 

possible explanation is the model limitation in capturing the asymptotic anisotropic 

conditions near the surface. 

 

 

Figure 6-5 Time series of surface layer twice total kinetic energy (𝒒𝟐) 
at the nearest point to the sonic tower observation.  
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Figure 6-6 Time series of surface layer normal turbulent stress 
components < 𝒖𝟐 >, < 𝒗𝟐 >, and < 𝒘𝟐 > at the nearest point to the sonic 
tower observation.  
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Figure 6-7 Similar to Figure 6-6 but for December case.  
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6.4.3 Impact of higher order Rotta terms  

 

Figure 6-8 Time series of surface layer normal turbulent stress 
components < 𝒖𝟐 >, < 𝒗𝟐 >, and < 𝒘𝟐 > at the nearest point to the sonic 
tower observation.  
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Figure 6-9 Time series of surface layer normal turbulent stress 
components < 𝒖𝜽 >, < 𝒗𝜽 > at the nearest point to the sonic tower 
observation.  

Figure 6-9 shows the horizontal component of the heat flux terms, which is 

necessary in addition to the vertical term for a 3D mixing handled in the PBL. In 

this case, the flow conditions show pronounced diurnal cycle in the zonal direction 

while the observations for meridional direction shows high variability and no 

direction. 

 

6.4.4 Impact of horizontal resolution 

The results from the high-resolution domain exhibit similar values for all the 

experiments. The diagnosis seems to be closer to the observation for the kinetic energy 

(Figure 6-10) for both periods in the summer and winter cases. The prediction of 



 

180 

horizontal and vertical turbulent components also seems to improve. The proportions 

are closer to the observations, as shown in Figure 6-11 and 12 for the vertical turbulent 

components.  The values for the D02 (250 m) domain are smaller than for the D01 (750 

m). This shows that the grid-resolution dependence remains and thus the new surface 

layer model is scale-dependent.   This can be addressed in part by adopting an 

adjustment similar to that in the MYNN (Ito et al. 2015), albeit modified to account for 

the 3DPBL formulation including parameter calibration.  One important factor here is 

also the fact the friction velocity presently is estimated independently of the 3DPBL, 

which introduces an element of inconsistency that is also sensitive to grid resolution.  

The probability distribution function of  (Figure 6-13) confirms the findings that 

first, the distribution for the high-resolution domain exhibit a similar shape because the 

TKE is partially resolved over the grid. Second, the difference is most pronounced for 

the August case emphasizing that the contribution of buoyancy in TKE production for 

convective regimes.  
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Figure 6-10 Time series of surface layer subgrid scale twice total 
kinetic energy (𝒒𝟐) at the nearest point to the sonic tower observation for 
the first day of simulation from D02 (250 m). 
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Figure 6-11 Time series of surface layer subgrid scale normal 
turbulent stress components < 𝒖𝟐 >, < 𝒗𝟐 >, and < 𝒘𝟐 > at the nearest point 
to the sonic tower observation for the first day of simulation from D02 (250 
m) for the first day of August case.  
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Figure 6-12 Time series of surface layer subgrid scale normal 
turbulent stress components < 𝒖𝟐 >, < 𝒗𝟐 >, and < 𝒘𝟐 > at the nearest point 
to the sonic tower observation for the first day of simulation from D02 (250 
m) for the first day of December case.  
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Figure 6-13 Probability density function of subgrid scale twice total 
kinetic energy (𝒒𝟐) for the first day of simulations of August case (top row) 
and December case (bottom row) for the first day of simulation for D01-750 
m (solid lines) and D02-250 m (dashed lines) 
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Figure 6-14 Evolution of relative humidity (RH) during the first two 
days of the simulations 1DBL, 3DBL, MYNN and MWR observation. 

6.4.5 Profiles of relative humidity  

The turbulent mixing is responsible for the structure of the profiles of scalars, 

such as moisture and their evolution during the day. Microwave radiometers (MWRs, 

doi:10.21947/1412525 for more details; wfip2/mwr.z03.b0) are calibrated approximately 

every six months and checked with radiosonde launches for accuracy. Figure 6-14 shows 

the comparison of model simulation and the observation of relative humidity (RH) from 

the MWR. This figure shows that all the PBL parameterizations exhibit similar 
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performance. Near the surface, the MWR measures higher moisture content compared 

to the model, particularly on the second day. While the profiles seem smoother 

compared to the observation, there generally show drier atmosphere aloft (1000-1500 m). 

These can be attributed to more complex and intermittent turbulent motions such as 

‘sweep and ejections’ (Carlier and Stanislas, 20) that are not resolved in the scale of this 

study, or yet represented by the PBL parameterizations. 

 

6.5 Conclusions 

This study presents a new diagnostic model for turbulent fluxes of 

momentum, heat, and moisture in the surface layer. The new model can be utilized 

in conjunction with the new 3DPBL parameterization for diagnosing the boundary 

condition of stratified 3D flows. The model results can produce the total kinetic 

energy and vertical fluxes as well as commonly used PBL parameterization – MYNN 

– examined against the observation. The presented model predicts 3D turbulent 

momentum, heat, and moisture fluxes. The findings from the results can be 

summarized as follows: 

• For the coarse grid (750 m) simulations, the choice of buoyancy dependent master 

length scale (𝐿!) and including the buoyancy terms (𝜁) in the diagnosis of TKE and 

turbulent fluxes play an important role. The simulation with both buoyancy term 

and surface length scale (3DBL) diagnoses the closest values to the observation for 

both towers used in this study and summer and winter time cases. The simulation 
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without the surface length scale (3DB) and buoyancy terms (3D) underestimate the 

total TKE. 

• Using a finer grid (250 m) for the simulations improves the model results. This 

improvement shows that the horizontal grid resolution affects the model results and, 

the model partially resolves the motion in sub-kilometer grid spacing. 

• Including the higher-order terms are necessary for predicting the horizontal and 

vertical magnitude of turbulent moment fluxes. Using C! term is critical to the model 

to accurately diagnose the ratio of horizontal (< u! > and < 𝑣! >) and vertical 

(< 𝑤! >) turbulent normal variance terms.  

The observations also show that the turbulent statistics depend on the flow 

anisotropy condition and the tower height, which only limited study has been devoted 

to this issue recently. This dependence is more important for flow over complex terrain 

and is necessary for the future development of the model. A detailed analysis of the 

results in the light of vertical dependence of the variance on the height, anisotropy, and 

model vertical resolution is necessary is left for future work. 
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7. Conclusions 
This chapter summarizes the major findings, lists the limitations of the work, and 

gives direction for future work. 

7.1 Research Summary 

The research work presented in this dissertation centers on understanding the 

scaling characteristics of atmospheric turbulent fields within relevant spatio-temporal 

scales. There has been a great effort to improve numerical weather prediction models 

and increase interest in sub-kilometer resolution modeling. Understanding the turbulent 

scaling and energy transfer is necessary to explore the limits of atmospheric 

predictability under various atmospheric conditions and to find the bottlenecks in 

improving physical parameterizations at the land-atmosphere interface. 

This work began with elucidating the energy transfer between synoptic and 

mesoscales in the atmospheric turbulence, while previous work only focused on 

synoptic and mesoscale separately (Eghdami et al. 2018; Chapter 2). A total of 21 direct 

numerical simulations (DNSs) are used to examine the energy transfer mechanism in 2D 

turbulence based on the scale of the forcing and energy input intensity. This study 

shows that a second energy injection is necessary to explain the -3 slope formation in the 

synoptic scales. The second energy input can be interpreted as feedback from the 

mesoscale, while the results indicate that small feedback is sufficient to support two-way 
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transfers. The first part concludes by showing that only small feedback from mesoscale 

can be enough. 

Next, in situ rainfall measurements are used for the first time together with the 

longest period of available climatology from ECMWF ERA-Interim reanalysis to 

investigate the connection between the orographic rain in Peruvian Andes and cold air 

intrusions (CAIs), a year-round synoptic-scale weather event over the South American 

continent. Specifically, analysis of the rain-gauge data shows significant precipitation 

enhancement tied to CAI events, while the analysis of satellite data (TRMM) 

underestimate the orographic rainfall. Analysis of the rain gauge data reveals an 

increase of up to 100% in strong precipitation in the region (~1000-2000 m altitude), 

which is linked to the enhanced moisture fluxed between 800 to 600 hPa according to the 

reanalysis.  Localized very high orographic rainfall intensity in the region of study 

drives regional landslide activity consistent with landform, precipitation, and erosion in 

the region of study. The Weather Research and Forecasting (WRF) model was used to 

investigate the mesoscale structure of the events (Eghdami and Barros 2018, Chapter 3) 

and the impact of changes in the land-cover and, in particular ongoing removal and 

replacement of Tropical Montane Forests over the eastern flanks of the Andes (Chapter 

4). In the latter study, three synoptic regimes representative of regional rain-producing 

conditions were selected to evaluate the land cover change in the TMF altitudinal band, 

specifically replacing the evergreen broadleaf forest with woody savannah. The analysis 
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of the frequency distribution of rainfall intensity indicates a shift from moderate to light 

rainfall intensity. This physics explains how documented decreases in dry season river 

discharge in the western and southern Amazon basin can be attributed, at least in part, 

to forest loss and land-cover change. Projected increases in drought severity in the dry 

season from climate change should further stress the coupled land-atmosphere system. 

Next, a mechanistic way of quantifying the vertical structure of the scaling 

behavior of atmospheric turbulent fields and regional and remote controls is presented. 

The simulations from chapter 3 and a case over the Appalachian mountains to 

investigate the control of landform on the scaling are utilized.  The scaling analysis 

shows a robust diurnal cycle at the low levels, with slopes approaching -5/3 for the 

convective regime during the daytime and -11/5 in the non-convective regimes during 

the nighttime. Furthermore, the role of topography can be interpreted as a lateral 

boundary condition in the ANDES high-resolution simulations. At the same time, the 

Appalachian does not behave as a blocking barrier and rather a bottom boundary 

condition with heterogeneous radiative cooling forces mechanically forcing the 

mesoscale flow. 

Finally, the new model can be utilized in conjunction with the new 3DPBL 

parameterization for diagnosing the boundary condition of stratified 3D flows, in 

contrast to the current available PBL schemes that only represent the vertical mixing. 

The present model predicts 3D turbulent momentum, heat, and moisture fluxes. The 
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findings from the results can be summarized as follows: For the coarse grid simulations, 

the choice of buoyancy dependent master length scale and including the buoyancy 

terms in the diagnosis of TKE and turbulent fluxes play an essential role. The simulation 

without the surface length scale and buoyancy terms underestimate the total TKE. Using 

a finer grid for the simulations improves the model results; however, remediation of 

resolution-dependent model length scales should be added in the future work. 

Particularly, using the higher-order Rotta terms is necessary for the model to more 

accurately diagnose the ratio of horizontal and vertical turbulent normal variance terms. 

7.2 Limitations and Recommendations for Future Work 

7.2.1 Realistic scaling analysis, anisotropy and height dependence 

The importance of synoptic and mesoscale interaction is established and 

associated with dominant forward enstrophy cascade in the synoptic range using a 

series of idealized 2D DNS. The realistic atmospheric turbulence happens in a 3D 

context. Therefore, future studies need to consider fully coupled 2D-3D interactions or 

an extended range of scales to elucidate energy transfer mechanisms and scale 

interactions at the mesoscale by extending the resolved scale range. Although presented 

in the context of the atmospheric synoptic scale, the results can be adapted with any 2D 

geophysical turbulence with coexisting forward and inverse transfer, such as the case of 

ocean circulation, even as forcing and fluid properties and specific range scales of 

interest may be different. 
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Although the scaling results reveal robust relationships between stability 

conditions and scaling factors of horizontal wind and moisture suitable to support the 

development of multiscale models and subgrid-scale parameterizations, a systematic 

study is required for different orographic regimes to understand better the multiscale 

behavior that is observed in this study. A detailed analysis of the results in the light of 

vertical dependence of the variance on the height, anisotropy, and model vertical 

resolution is necessary. Future research can investigate the implications of the synoptic-

mesoscale feedback mechanism for predictability limits of operational NWP models 

based on the synoptic weather type and stability conditions. 

7.2.2 Full distribution of rainfall intensity and long term impact of land 
cover change 

Chapter 4 investigates the changes in the rainfall intensity using the results from 

a medium resolution domain (~ 6 km grid spacing). This domain configuration cannot 

necessarily resolve all the convective motions. Therefore, changes in heavy rainfall 

cannot be assessed conclusively because of the limitations of parameterized convection 

at the relatively coarse resolution of D02 on the one hand, and the limited size of D03 on 

the other. Future work needs to extend the high-resolution domain size to properly 

investigate the impact on the high-intensity rainfall, which has important implications 

for extreme rainfall risk assessment. 

The findings suggest decreases in the moderate rainfall intensity and surface 

runoff on the Andes foreplain for short-term weather scales. The continuous increases in 
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drought severity during the dry season from climate change are coupled through 

complex dynamics with the land cover. Therefore, long term impact of forest loss and 

warmer temperatures on interannual and decadal climate time scale can only be 

understood by means of extended simulations. 

7.2.3 Implementation and assessment of the surface 3D boundary 
condition 

Chapter 6 provides a method for diagnosing 3D fluxes of heat, moisture, and 

momentum effects crucial to problems involving complexities in, for example, 

topography or horizontal variability in land characteristics. This issue is addressed on 

the surface by providing a model for diagnosing the 3D turbulent surface fluxes. The 

future effort needs to extend the model through the boundary layer height to improve 

the representation of the cloud structure, and microphysics currently do not reproduce 

radar or satellite observations (Greenwald et al. 2010, Wilson and Barros 2014; 2015). 

Improved representation of cloud structure has implications reduced biased in radiative 

transfer models (Chen et al. 2008) and predictability of precipitation extremes or solar 

irradiance (Jimenez et al. 2016).   

The new 3D boundary needs to be tested with a new set of prognostic equations 

for TKE. The model constants are currently based on the 1D boundary layer schemes. 

Real case scenarios with WRF and an LES experiment will be conducted over various 

landforms using the data from the field campaigns mentioned above for the revision of 

the constants and performance assessment. The 3D surface layer can also be integrated 
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with a recently proposed machine learning approach (Kosovic et al. 2020) to replace the 

Monin-Obukhov similarity theory-based surface layer parameterization in WRF. 

7.2.4 Integration of 3DPBL with model physics  

The cloud and rain microphysics and 3DPBL will be integrated by adding 

turbulent mixing to the cloud model. Various atmospheric conditions under strong and 

week synoptic conditions will be investigated to understand storm development, 

including initiation and propagation (including the space-time organization of 

precipitation). The time-space evolution of low-level entropy leading to convective 

initiation and organization will be investigated in light of surface heterogeneity 

mediated by turbulence. Future research can leverage ongoing research related to WRF-

Fire and renewable energy projects. The renewable energy applications include WRF-

Solar for quantifying the impact of sub-km horizontal mixing on cloudiness, wind 

forecasting, and mesoscale predictability, and cloud mediated solar irradiance. 

7.2.5 Atmospheric predictability and other applications 

Following the methodology described in Eghdami and Barros (2019b) regarding 

the vertical structure of horizontal scaling of atmospheric fields such as wind and 

moisture, and cloud subgrid-scale variability, the error perturbation growth can be 

investigated by interpretive analysis in light of stability condition for understanding 

atmospheric predictability. The model results along with the observations will be 

integrated and submitted to standard nonlinear systems analysis including space-time 
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instability growth analysis such as Lyapunov exponents and phase-space trajectories 

(e.g., Tao and Barros, 2007), joint spatial analysis of space-time patterns using different 

Principal Components strategies, and machine learning clustering and classification 

algorithms.  
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Appendix A 
This appendix includes the list of supplemental information for chapter 3 that are 

available electronically: 

• Supplemental Information S1a | ECMWF ERA-Interim - Geopotential 

heights and horizontal wind fields at 500 hPa. The black contour line 

marks the 2000 m elevation. 

• Supplemental Information S1b | ECMWF ERA-Interim - Geopotential 

heights and horizontal wind fields at 850 hPa. The black contour line 

marks the 2000 m elevation. 

• Supplemental Information S1c | ECMWF ERA-Interim - Composite 

surface Mean Sea Level Pressure (MSLP) and 850hPa level horizontal 

wind for austral spring (September, October and November, SON) CAI 

events during 1979-2017 with annotations indicating the high pressure 

system and cold front related to the event. The black contour line shows 

the 2000 m elevation. 

• Supplemental Information S2 | Column Precipitable Water overlain on 

850 hPa level horizontal wind fields. 

Appendix B 
This appendix includes the list of supplemental information for chapter 4 that are 

available electronically: 
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• Supplemental Information S1 | Day-averaged cloud moisture (g kg-1; 

cloud, ice, snow and graupel mixing ratio) of the cross section at 13.00 S 

for the control (CAI and WLLJ) and modified (CAIS and WLLJS) land-use 

cases. The black line shows the terrain contour. The values are from the 

high-resolution domain (D03, 1.2 km). 

• Supplemental Information S2 | Map of difference in the maximum 

MCAPE calculated every 10-minutes for (D02, 6 km) for WLLJ-WLLJS 

(SLLJ-SLLJS and CAI-CAIS) case from 2003-01-15 06Z to 16 12Z.  

• Supplemental Information S3 | Map of difference in the top 40 cm soil 

moisture (top two layers) for (D02, 6 km) for WLLJ-WLLJS (SLLJ-SLLJS 

and CAI-CAIS) at the end of the simulation 2003-01-16 12Z.  

• Supplemental Information S4 | Map of (A) elevation classes, where A 

corresponds to the 120 km through the east of the 500 m elevation 

contour, B, C, D, and D correspond to 500-1000 m, 1000-1500 m, 1500-2000 

m, and 2000-2500 m, respectively. Difference in distribution of rain rate 

between the control and the modified simulation from the WRF 

simulation (D02, 6 km) classified by elevation and 10-20S latitudes for 

CAID case (B-D). The values for each distribution are for daytime 

between 15Z to 23Z corresponding to 10 AM to 6 PM local time. 
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• Supplemental Information S5 | Map of Ucayali river basin in the Central 

Andes. Pucallpa is marked with an arrow at (8.4° S, 74.6° W) coordinates. 

This map is adapted from Figure 1 Lowman and Barros (2014). 

Appendix C 
This appendix includes supplemental figures for chapter 5.  

 
Figure C-1 . Correlation Coefficient R corresponding to the spectral slopes 

calculated in Figure 9 in the manuscript for the APP-D03. 
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Figure C-2 Correlation Coefficient R corresponding to the spectral slopes 

calculated in Figure 11 in the manuscript for the ANDES-D03. 
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Figure C-3 Correlation Coefficient R corresponding to the spectral slopes 

calculated in Figure 12 in the manuscript for the ANDES-D04. 
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