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Abstract
This dissertation presents the first findings of aerosol indirect effect in the foothills of the
Himalayas (Central Nepal), through a systematic research approach involving satellite data
analysis, field campaign, aerosol growth factor estimation and numerical modeling studies.
Satellite retrieved aerosol optical depth data over the region were first used to identify the
dominant modes of spatial/temporal variability of aerosols in the region. Based on the observed
dominant spatial mode of aerosol in the pre-monsoon season (Shrestha and Barros 2010, ACP), a
field campaign was organized under the Joint Aerosol Monsoon Experiment (JAMEX09) at
Dhulikhel and Besisahar to simultaneously measure dry and ambient aerosols size spectra using
Scanning Mobility Particle Sizer (SMPS) and chemical composition using filters (Shrestha et al.
2010, ACP). The diurnal cycle of aerosol number concentration exhibited a consistent peak in the
morning and evening period, which was found to be associated with increase in local emission
and the delay in ventilation of aerosol through upslope flows and mixing (inferred from an
idealized numerical study over Besisahar). The aerosol size distribution was mostly unimodal at
night and bimodal during the day, with a consistent larger mode around 100nm and a smaller
mode located around 20nm. The chemical composition of PM2.5 was dominated by organic
matter at both sites. Organic carbon (OC) comprised the major fraction (64~68%) of the aerosol
concentration followed by ionic species (24~26%, mainly SO42− and NH 4+ ). Elemental Carbon
(EC) compromised 7~10% of the total composition and 27% of OC was found to be water soluble
at both sites. The aerosol number concentration increased and decreased in the presence of
synoptic scale aerosol plumes and after rainfall events respectively.
A simple model based on Köhler theory was used to explain the observed growth factor
using an assumption of (NH4)2SO4 aqueous solution including the presence of slightly soluble
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organic compounds (SSC) with an insoluble core as a function of molality and mass-fraction. The
measured growth factors suggest that the aerosols are in metastable state due to the strong diurnal
cycle of relative humidity (RH). The bulk hygroscopic parameter κ estimated from the DGF and
chemical composition of aerosols suggests less hygroscopic aerosols at both locations as
compared to previous studies. The dry aerosol size distribution and the bulk hygroscopic
parameters were used to estimated the cloud condensation nuclei (CCN) spectrum, which was
vertically scaled up to lifting condensation level (LCL) assuming that the shape and chemical
properties of aerosol remains unchanged (Shrestha et al. 2011, submitted to JGR). Finally, these
regional CCN spectra for polluted and clean conditions as well as standard continental and
marine spectra used in numerical weather prediction models (Cohard et al. 1998) were used to
probe CCN sensitivity for a pre-monsoon storm system in Central Nepal during JAMEX09. A
significant shift in the maxima of the accumulated precipitation was observed between the
continental aerosol spectra (Cohard et al. 1998) and the polluted spectra for Dhulikhel. This shift
caused the displacement of rainfall maximum away from the Kulekhani water reserve catchment,
which is key to hydropower in Nepal.

Detailed analysis of the simulations suggests that

significant differences in the space-time variability and intensity of precipitation can be explained
by differences in the timing and intensity of latent heat release and absorption due to
freezing/melting of hydrometers and evaporative cooling of droplets, strengthening cold pool
formation and associated circulations. This numerical study provides the first look on the aerosol
indirect effect over Nepal for a single pre-monsoon rainfall event, and how aerosols can
potentially affect the precipitation distribution (to be submitted to JGR). In addition, it shows the
importance of using regionally consistent CCN spectra in model parameterizations of aerosolcloud interactions. At local places, the differences in simulated precipitation between marine,
JAMEX09 clean and polluted air spectra were smaller (up tp ± 50%) than the difference between
those

simulations

and

the

standard

continental

v

aerosol

spectra

(±200%).
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1

Introduction
The role of aerosols is a key uncertainty in simulation of past and future climates

[Ramanathan et al (2001), Lohmann and Feichter (2005), Andreae and Rosenfeld (2008), Levin
and Cotton (2009), Stevens and Feingold (2009)]. Either via direct and, or indirect radiative
forcing and, or via cloud microphysics, variability in aerosol spectra can modulate the local
energy budget and the timing, location and intensity of precipitating cloud systems. A particular
concern with regard to aerosol effects on climate is related to the continuous production of
anthropogenic aerosol particles, which may lead to long lasting trends in precipitation in different
regions (Khain 2009). Large natural aerosols such as sea salt, dust and pollen grains provide the
Cloud Condensation Nuclei (CCN) essential for cloud formation at lower super-saturation, and
consequently rainfall. By contrast with natural aerosols, anthropogenic aerosols are of very small
size and with large number density. An increase in the number of small cloud condensation
nuclei (CCN) can lead to the formation of large numbers of small droplets with low coalescence
and collision rates, thus modulating raindrop growth [Rosenfeld (1999, 2000), Andreae et al.
(2004)].
Givati and Rosenfeld (2004, 2005), Rosenfeld and Givati (2006) argued that this process
could explain the suppression of orographic precipitation by 15~25% downwind of pollution
sources in the hilly areas of United States and Israel. Borys et al. (2003) showed that an increase
in sulphate aerosols of 1ug/m3 can reduce the orographic snowfall rate in Colorado Rocky
Mountains by 50%. Based upon the climatological data recorded at Mt. Hua and at low elevation
stations in Xian and Huan in China, Rosenfeld et al. (2007) hypothesized that the reduced
visibility reflects increase in the concentration of anthropogenic aerosols and CCN that reduced
the rainfall over Mt. Hua. Saleeby et al. (2008) conducted a sensitivity study by varying the total
number of CCN (NCCN = 100 to 1900 cm-3) for observed mixed phase orographic clouds in Park
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Range, Colorado. Their results showed that the decrease in cloud droplet size due to increase in
CCN number reduces the droplet riming efficiency of the crystals, thus slowing down their
growth and allowing further advection downstream prior to surface deposition as supposed to
what happens for lower CCN numbers. The greatest change in precipitation change reported by
Saleeby et al. (2008) resulted when NCCN was changed from 100 to 500 cm-3 indicating that the
variation of precipitation with aerosol is not linear, as it will also strongly depend on moisture
convergence and cloud droplet formation efficiency. By contrast, in a numerical study of deep
convective clouds, Khain et al. (2005) showed that high CCN concentration decreased the
precipitation efficiency of most shallow clouds but contributed to ice nucleation and
intensification of convective activity, thus enhancing cold rainfall processes. Rosenfeld et al.
(2008) also suggested that the suppression of rainfall results in the conversion of more cloud
water to ice particles that release latent heat of freezing aloft and reabsorb heat at lower levels
where they melt after falling, thereby increasing heating higher in the troposphere and cooling
below, further enhancing the local circulation system in the convective core.
Several other studies (Khain et al. 2005, Seifert and Beheng 2005, van den Heever et al.
2006, Tao et al. 2007, Lynn et al. 2007, Fan et al. 2007, Khain and Lynn 2009, Khain 2009,
Ntelekos et al. 2009, Storer et al. 2010 among many others) indicate that the aerosol effect on
cloud microphysical processes depends strongly on the environmental conditions for each
specific storm system and the type of clouds. Tao et al. (2007) showed that the microphysical
processes dominate the impact of aerosols on precipitation in the early stage of precipitation
development but during the mature state, evaporative cooling was a key process in determining
whether higher CCN numbers enhance or reduce precipitation. Lee et al. (2010) found that the
large thermodynamic forcing associated with changes in evaporatively driven downdrafts due to
different CCN concentrations in deep convective clouds could modify the large scale atmospheric
circulation driven by these deep convective clouds. Recently, Storer et al. (2010) highlighted
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positive and negative feedbacks that may result from the differences in cold pool size and
strength of convective systems associated with the variations in aerosol concentration for
different environmental conditions. This shows the complexity of aerosol-cloud-rainfall
interactions, which will depend upon the specific physical and chemical properties of aerosols
regionally, the type of precipitating cloud systems as well as the local topography. At local scales,
these studies suggest that aerosols can play an important role in the diurnal precipitation regimes,
thereby modifying the water cycle and the dynamics of runoff and evapo-transpiration response,
and thus the overall hydrologic regime of the affected watersheds and river basins.
Satellite data from various platforms show that the Himalayas act as a barrier that separates a
region of abundant aerosols in the Indo-Gangetic Plains (IGP) from the region of pristine air at
high altitude in the Tibetan plateau. The Himalayan range at the southern edge of the Tibetan
plateau is uniquely placed to modulate not only the regional monsoon climate in northern India
[Barros et al (2004)], but to impact the Asian Monsoon as a whole, and consequently global
circulation [Ramanathan et al (2001), Lau and Kim (2006), among many others). Lau et al (2006)
proposed that an Elevated Heat Pump (EHP) effect induced by high concentration of absorbing
aerosols (e.g. soot coated dust particles) in the upper levels of the troposphere in the Tibetan
Plateau could cause an advance and subsequent intensification of the Indian monsoon with
enhanced rainfall over northern India. This association between atmospheric heating and the
monsoon is apparent in spatial structure of correlation between 850 hPa anomalous winds, JuneJuly rainfall, and Total Ozone Mapping Spectrometer(TOMS) aerosol index (AI), which reaches
a maximum in the region of transition between the Bay of Bengal (where the monsoon
depressions that bring most intense rainfall to the Central Himalayas are spawned) and the Indian
subcontinent [Lang and Barros (2002), and Lau and Kim (2006), Shrestha and Barros (2010)].
On a more local scale, the mountainous terrain of the Himalayan system is dissected by
numerous deep and steep river valleys. The dissected nature of terrain favors decoupling the
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winds in the valley from the synoptic scale winds aloft and these river valleys acts as narrow
pockets for the accumulation of aerosols within the ridges. High resolution images from
(Moderate Resolution Imaging Spectroradiometer (MODIS) along with the vertical profiles from
Cloud-Aerosol Lidar and Infrared Pathfinder Satellite Observation (CALIPSO) over the same
region also indicate the accumulation of aerosols in the narrow river valley pockets (Brun et al.
2011). Recently, Shrestha et al. (2010) showed that in the presence of regional scale aerosol
plumes during dry periods, the mean volume aerosol concentration increased and so did the
aerosol mass concentrations. On the other hand, at daily scales, the topography of the region was
found to play an important role in modulating the aerosol number concentration due to the
presence of katabatic and anabatic winds. Previous studies by Barros et al. (2006), Chiao and
Barros (2007), Barros et al. (2004) and Lang and Barros (2002) over the central Himalayas in
Nepal have shown that the space-time distribution of rainfall and the terrain are strongly
intertwined in the region. The circulation patterns arising from blocking by a series of ridges and
valley that lead to strong orographic enhancement of precipitation on the southern slopes of the
Himalayas can also explain the strong spatial gradients of aerosol along the Himalayan range,
which rapidly vanish with terrain elevation, thus establishing one of the world’s steepest gradients
in aerosol optical depth collocated over the worlds steepest western south-face of the Himalayas
[Barros et al. (2006), Lau et al (2006), Shrestha and Barros(2010)].
There are three main large rivers (Koshi, Gandaki and Karnali) in Nepal which become
tributaries of the Ganges river in Northern India. The Koshi river flowing in eastern Nepal has
seven tributaries (Tamur, Likhu Khola, Dudh, Sun, Indrawati, Tama, and the Arun). The
Narayani river in central Nepal also has seven tributaries (Daraudi, Seti, Madi, Kali, Marsyandi,
Budhi, and the Trisuli). The Karnali river in western Nepal has three main tributaries (Bheri, Seti,
and Karnali). In turn, most of the tributaries of these three main river systems have their
headwaters in the High Himalaya (3000~5000 m a.m.s.l.) and flow north-south meandering along
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the Middle Mountain (~ 2400 m a.m.s.l.), the Siwaliks (~1500 m a.m.s.l.) and finally to the Terai
region (flat plains). These rivers are fed by orographic precipitation and the melt-water from
existing glaciers. An earlier study by Shrestha et al. (1999) for climatic trends over Nepal also
suggested that the Middle mountains and the High Himalayas exhibited similar regional trends of
warming, although there is a general lack of observations at higher elevations in the region, and
therefore caution must be exercised with the conclusion. Their analysis of monthly mean of daily
maximum temperatures from 1960 to 1994 indicated a general cooling or constant trends before
1970 and warming after the mid-1970s. High warming rates were observed for the High
Himalayas and the Middle mountain ( 0.06 ο C to 0.12ο Cyr −1 ), whereas slow warming rates or
even cooling was observed at the foothills of the Himalayas, in the Terai and Siwalik ranges (less
than 0.03ο Cyr −1 ). The steady warming rate observed at high elevations in the Himalayan range
can potentially reduce snow cover and affect the local hydrological cycle. However, Nepal
receives 80% of its annual rainfall during the summer monsoon (June, July, August and
September) [eg. Shrestha et al. (2000)], and Hannah et al. (2005) noted that it was difficult to
distinguish the melt water contribution in the river discharge over Nepal as the Himalayan
ablation and accumulation seasons overlap with the overwhelming runoff response to the summer
monsoon. Thus, the observed changes in the river flow in Nepal are dominated by the timing,
intensity and location of the monsoon precipitating system.
Kansakar et al. (2004) classified the precipitation regime in Nepal into 4 types in terms of
the length of the summer precipitation peak and the rate of rise and recession of the peak A
consistent pattern of rapid onset, moderately high magnitude rainfall with a peak in July, and
gradual retreat of the summer monsoon was identified for Central Nepal. Precipitation regimes
with July~August peaks were mostly confined to western regions, where additional winter
precipitation modes was present in the western high Himalayas. Gradual monsoon onsets with
marked July peaks were mainly concentrated in the Middle mountains of eastern Nepal. The
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Terai/Siwaliks in both eastern and western Nepal and the eastern High Himalayas exhibited a
complex precipitation regime, such that not a single class of precipitation regime was dominant.
Kansakar et al. (2004)’s results are based on the raingauges maintained by the Department of
Hydrology and Meteorology (DHM), Nepal which are in river valleys and at low elevations, and
are biased as they do not capture orographic effects on the variability of precipitation between
valley-ridge gradients, which are a dominant signal of regional precipitation as identified earlier
by Barros et al. (2000), Lang & Barros (2002) and Barros & Lang (2003). Bookhagen and
Burbank (2006) used integrated daily measurements over a period eight years of Tropical Rainfall
Measurement Mission (TRMM) data (with spatial resolution of ~5 × 5 km) collocated with 90m
resolution topography from Shuttle Radar Topography Mission (SRTM) to show the presence of
two distinct rainfall bands (representing mean annual rainfalls), one continuous band along the
southern margin of Middle mountains meeting the Siwaliks, and the second discontinuous band
along the southern flank of High Himalayas. In their analysis, they applied a constant scaling
factor to the satellite data to obtain the absolute rainfall based upon the rainfall measurement
along the Marsyandgi river basin from central Nepal (Barros et al. 2000). These studies aid in the
understanding of different precipitation regimes over Nepal, but still lack in the synoptic
decomposition of these precipitation events, which has been addressed by Lang and Barros
(2002) and Barros and Lang (2003).
Very strong altitudinal variations in rainfall rate and accumulation over very short distances
(~1 m/year/10 km) in the Marsyangdi network are discussed by Lang and Barros (2002) and
Barros and Lang (2003). They showed that such large differences resulted from short-duration
events of very high rainfall intensity that occurred at nighttime. They explained these events in
part as the result of nocturnal blocking of southeasterly winds along the foothills of the Middle
Himalaya concurrent with diurnal maxima of Convective Available Potential Energy (CAPE) and
Precipitable Water. However, evidence from satellite data of aerosol run-up on the southern
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slopes of the Himalayas along the Siwalik range and extending roughly to the height of active
precipitation processes through the river valley channels along the Middle mountain range,
suggest that the role of aerosol-cloud interactions in modulating the diurnal cycle of cloudiness
and rainfall [the so called indirect effect, Albrecht (1989), Hobbs (1993), Ramanathan et al
(2001), Lohmann and Feichter (2005)] must not be ignored.
The overarching objective of this dissertation’s research is to investigate whether and
how orographic precipitation in the central Himalayan range is modulated by the variations in
local and regional anthropogenic aerosols, with implications on the local water cycle in Central
Nepal . The following science questions will be addressed specifically:
1) What are the dominant modes of the spatial variability of aerosol in the region?
2) What are the chemical and physical properties of regional aerosols? Does the aerosol size
distribution and chemical properties reflect large scale transport to the study area?
3) What are the uncertainties in developing a physical basis for CCN activation spectrum
based on measured aerosol properties? How does the size distribution and the chemical
composition of aerosols effect the CCN spectrum?
4) How does the space-time variability and properties of aerosol modulate regional
cloudiness and orographic precipitation?
To address these science questions, the research plan consisted of four major tasks:
1) Satellite data analysis to study the spatial modes of aerosol variability in the region.
2) Field measurements of aerosol physical and chemical properties during the pre-monsoon
season in locally clean and polluted areas-The Joint Aerosol Monsoon Experiment
(JAMEX09) field campaign;
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3) Characterization of the CCN activity spectra based on the aerosol size distribution,
hygroscopic growth factors and bulk chemical properties measured during the JAMEX09
field campaign, and
4) Numerical simulation studies using the CCN activity parameterization to study its effect on
microphysical processes of orographic clouds and precipitation at local (ridge-valley) and
regional scales.
This dissertation is organized as follows: Chapter 2 consists of a background and review
of relevant literature; Chapter 3 describes the satellite data analysis towards mapping the spatial
modes of aerosol-cloud-rainfall interactions in the Himalayas and the northern Indian
subcontinent; Chapter 4 reports on the chemical composition and characteristics of aerosol
spectra measured during JAMEX09; Chapter 5 describes the idealized numerical simulation of
ridge-valley circulation in a river valley (Besisahar, Marsyangdi river valley) to investigate the
observed diurnal cycle of aerosols; Chapter 6 presents the results of the characterization of CCN
activity and hygroscopic growth factors based on data collected during JAMEX09; Chapter 7
reports on numerical weather simulation over central Nepal in order to investigate the CCN
sensitivity of a pre-monsoon storm system, during JAMEX09, which was associated with a major
aerosol pollution event in the Indian Gangetic Plain (IGP). Finally, Chapter 8 provides a summary
of the major research finding from this Ph.D. dissertation as well as an analysis of future research
directions.
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2 Background
2.1 Circulation in Mountainous Regions
The diurnal cycle of the boundary layer of mountainous regions is dominated by 3D
circulations forced by solar radiation. This circulation consists of cross-valley flows
(anabatic/katabatic slope winds) and along-valley axis flow (mountain/valley wind) [Defant 1949,
1951]. In an idealized valley, the anabatic wind (upslope wind) develops almost instantly in
response to solar heating on the surrounding slopes and is very sensitive to cloudiness, whereas
the valley wind (upslope wind) starts several hours later, as soon as the valley atmosphere
becomes warmer than the plains [Vergeiner and Dreiseitl (1987)]. Anabatic winds are driven by
the higher temperature at higher elevations along the topographic ridges as compared to the air at
the same altitude above the valley. The Topographic Amplification Factor [TAF, Whiteman
(1990), Wagner (1932), Steinacker(1984)] has been reasoned to explain the magnitude of
observed valley winds. The TAF is defined as the ratio HL/A, where A is the cross-sectional area
of the valley, H is the height of the diurnal circulation system and L is the width of cross-section
height at H; TAF is therefore the ratio of volume of air in the plains to the volume of air in the
valley. The larger the ratio, the smaller is the mass of air to be heated in the valley, creating
temperature excess in the valley compared to the plains outside the mountains. This results in
stronger pressure gradients and corresponding stronger valley winds. The basic physical
mechanisms governing the valley winds were investigated using a series of numerical simulations
with idealized 3-D topography and in the absence of large-scale forcing by Rampanelli et al.
(2004). Their study showed that the subsidence of potentially warmer air into the valley due to
the anabatic winds also contributes to increasing the valley core temperature and this along with
the TAF drives the valley wind. At night, besides the mountain wind (downvalley cold winds),
radiative cooling of the ridges along either side of the valley causes the air mass to cool faster,
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increasing air density, generating katabatic wind (downslope) that form a cold pool in the valley.
Above the cold pool is the daytime warm residual layer, therefore resulting in a temperature
inversion capping the cold pool. Although the basic structure of the flow may be the same, the
general asymmetry in the valley cross-section and depth of the valley along with complicated 3D
arrangements of mountain terrain can considerably alter the classical structure of these flow
regimes for realistic topography and synoptic weather conditions.
Based upon the measurements from a meteorological network setup in the Marsyangdi
River basin at varying elevations, Lang and Barros (2002) noted extremely large gradients (up to
300% differences) in rainfall over small spatial scales (10~20km). These sharp spatial gradients
suggested that the observed peaks in precipitation at higher elevations are not only associated
with altitude, but especially with the spatial arrangement of the topography, dominated by
succession of valleys and ridges (Barros et al. 2004). In subsequent study, Barros et al. (2004)
characterized the precipitation features and space-time variability of convective activity in the
monsoon period over the southern slopes of Himalayas using remote sensing data from Meteosat5 and TRMM. They identified two different types of orographic controls at different spatial
scales: a synoptic mode (~300km) associated with the whole terrain envelope, and a second
associated mode with quasi-periodic succession of ridges and valleys that constitute the
Himalayan range (5~150km). Barros and Lang (2002) provide a first overview of vertical
structure of atmosphere in Central Nepal from radiosondes launched at Besisahar (a low lying
small town along the NS oriented Marsyangdi river valley) during the Monsoon Himalayan
Precipitation Experiment [MOHPREX (3-25 June 20001)]. Their study showed that the near
surface winds at 900 hPa were not affected by the synoptic scale event associated with the
monsoon onset on 10th June that year, although significant changes were observed at higher levels
(absence of westerly winds above 500 hPa after monsoon onset, establishment of south-easterly
wind at 700 and 500 hPa after 20 June). This suggests that the since the Marsyangdi river valley
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is oriented in NS direction and the synoptic monsoon flow is south-easterly, the lower level flow
(below the ridges) is decoupled from the upper level synoptic flows. The low level winds are
primarily dominated by the ridge-valley circulations associated with diurnal solar forcing,
although the strength of the valley winds might be modulated by synoptic flow conditions due to
cloudiness which reduces the solar heating of the valley as indicated by Ueno et al. (2008) for low
elevation areas. Thus, the understanding of these ridge valley circulations created by local
topography is integral in mapping the diurnal variability in organization of the clouds and
precipitation regimes.
The diurnal winds in one of the deepest river valleys in Nepal, the Kali Gandaki, further
west from Besisahar were studied in detail by Egger et al.(2000), Zangl et al. (2000) and Egger et
al. (2002). Their study indicated a presence of a deep layer of upvalley flow with weak nocturnal
drainage flow. The basic driving mechanism for upvalley flow was attributed to the horizontal
pressure difference between the elevated Mustang basin and the upper part of the convective
boundary layer in the foothills. The TAF, which is usually considered as the basic mechanism for
valley wind system was found to be of minor importance in the Kali Gandaki due to the dominant
presence of the wide Mustang basin. Vergeiner and Dreiseitl (1987) argued that spatial scale may
not be the sole explanation of the local and variable nature of valley wind flows, as the distinctive
arrangement of mountains, plains, basin, passes, the varying type of frequency of air masses
involved, the thermal structure of the atmosphere, and the different climatic regimes all contribute
to observed changes. This point to the need for comprehensive and coordinated numerical
simulations that can resolve the local topography and relevant weather.
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2.2 Orographic Flow Modification
The classical picture of orographic precipitation consists of a mountain range whose axis
lies perpendicular to the prevailing wind direction, causing a smooth upslope ascent of stably
stratified moist air mass along the topographic barrier [Barros and Lettenmaier (1994), Roe
(2005) ,Smith(2006)]. The characteristic response of the impinging flow on isolated topographic
barriers is usually determined by the strength of the incident flow, the static stability of the flow
and the width/height of the topographic barrier. The most frequently used indicator for this

)

)

characteristic response is the inverse Froude number, h , which is given by h = N d ho / U where,

ho is the obstacle height, U is the mean wind speed of approaching air mass and Nd is the dry
Brunt Väisälä frequency. N is a measure of the static stability (S) of the air mass [ N = (gS )1 / 2 ,
and S = d log θ e / dz ].

)

For h < 1 and a stable air mass, the air flow is unrestricted on its path up and over the
barrier, but as the inverse Froude number increases, an upstream propagating disturbance causes
deceleration of the low level flow that is approaching the barrier [Pierrehumbert and Wyman
(1985)] and a large percentage of flow is diverted horizontally around the topographic barrier. In
extreme cases, flows can even reach stagnation and the flow above the blocked layer is diverted
upward. This blocking phenomenon is often linked with the breaking of waves on the leeside of
the topographic barrier.
Even if the synoptic scale parameters U and N were constant in regions like the Himalayas,
the irregular three-dimensional orography of the southern slopes forces in a modified air flow at
multiple spatial scales. Lang and Barros (2002) estimated a representative Froude number of

)
h = 7 for the Himalayas, using U=10 m/s, h=5000m and dθ / dz = 30K / 5000m , θ 0 = 300 K ,
suggesting the blocking of low level flows, during early monsoon conditions as shown by Barros
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et al. (2006) for monsoon onset simulations. Barros and Lang (2003) hypothesized this blocking
effect to enhance nighttime convergence at low levels in the absence of upvalley winds,
explaining the nocturnal peak in rainfall locally. Overall, the spatial gradient of the precipitation
observed along the southern slopes of the Himalaya suggests complex interaction between
orographically modified circulations and cloud microphysics at various scales as pointed out by
Rotunno and Houze (2007), crucial for predicting the intensity and duration of orographic
precipitation. In the absence of comprehensive networks for measuring winds along the valleys
and ridges of the Himalayas, a complete picture of flow modification by orography cannot be
obtained and researchers will have to continue to resort to numerical modeling.

2.3 Microphysics of Orographic Precipitation
The basic mechanism of orographic precipitation is well established. As the flow ascends
over the sloping terrain, the moist air expands and cools, and the water vapor condenses into
cloud droplets. For warm clouds, the cloud droplets grow into larger sized raindrops by
coalescence and collision and ultimately fall to the ground under the influence of gravity. The
location of the precipitation will depend upon a multitude of parameters including the strength of
the impinging flow, time scale of microphysical process for hydrometeor formation and the
terminal velocity of the hydrometeor itself. This is the case for topographic barriers which can
lift the air above the Lifting Condensation Level (LCL). However, for low to moderate elevation
hills and in the absence of large scale forcing, the dominant mechanism consists of interaction
between a nonprecipitating stationary cap cloud (feeder) and a precipitation cloud system (seeder)
moving with passing fronts or cyclones [Bergeron (1960), Barros and Lettenmaier (1994)]. On
the other hand, orographic clouds triggered by high mountains are often characterized by mixed
phase clouds, where super-cooled water droplets can coexist with the ice particles, and riming
becomes an effective mechanism for rapid growth of graupel/hail [Rutledge and Hobbs (1983)].
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In fact, earlier studies by White et al.(2003), Lascaux et al. (2006), Medina and Houze(2003), and
Rotunno and Houze (2007) have shown that both riming and coalescence are key microphysical
processes for orographic precipitation enhancement. The conceptual model of orographic
precipitation mechanisms for unstable blocked flows by Medina and Houze(2003) suggests that
the riming dominates just above the freezing level, whereas coalescence dominates the evolution
of warm rain processes below (e.g. Prat and Barros 2009). For coalescence to occur, the
difference between the surface energy of incident drops and surface energy of spherically
equivalent coalesced drop must be adequately dissipated [Low and List (1982ab), Barros et al.
2008]. Since collision of water droplets following coalescence is prerequisite for efficient
precipitation, an inhibition of this cloud microphysical process is hypothesized to cause a
prolongation (delay) of the precipitation, which may lead potentially to precipitation suppression.
Moreover, the increase in the number of cloud condensation nuclei’s (CCNs) due to
anthropogenic aerosol contribution and subsequent increase in the number of very small cloud
droplets may inhibit collision processes as previously argued in Chapter 1 based on work by
Givati and Rosenfeld (2004) and others; using raingauge data from a limited number of stations
they reported that the orographic enhancement factor (ratio of rainfall at higher elevation to the
rainfall in the adjacent plains) showed a negative trend in areas with high air pollution, indicating
a decrease of orographic enhancement on the upslope side of the mountain. Givati and Rosenfeld
(2004, 2005), Rosenfeld and Givati (2006) argued that this process could explain the suppression
of orographic precipitation by 15~25% downwind of pollution sources in the hilly areas of United
States and Israel.
Sensitivity studies of warm rain events over the Cevennes ridge in France (a complex
terrain with low rise orography) using a numerical model by Pinty et al. (2000) showed that the
formation of growth of raindrops is delayed when aerosol load is increased, resulting in upstream
decrease in precipitation. They reasoned that the decrease in droplet mean diameter with higher
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droplet concentration resulting from numerous activated aerosols inhibited the autoconversion
process. In their study, the aerosol load is altered by changing the total number of CCN,

N CCN (max) and the CCN is assumed to be spatially homogenous and consisting of fully soluble
maritime aerosols with ammonium sulphate composition. In an idealized study for warm phase
clouds, Muhlbauer and Lohmann(2008) investigated the influence of anthropogenic aerosols on
moist flow over a mountain for different Froude numbers. They showed that reduction in average
cloud droplet size for the polluted case, lead to a reduction in average autoconversion rate for
unblocked flows whereas accretion processes became more dominant and compensated for the
decrease of autoconversion rate for blocked flows. In addition, their moist simulations exhibited a
considerable decrease in the maximum wind speed as compared to the dry simulations indicating
that moist processes weaken the mountain waves but increase the vertical wavelength.
Consequently, the aerosols also can indirectly affect the flow dynamics by altering the latent heat
release due to condensation and evaporation process. In another modeling study of the influence
of CCN on winter precipitation over the orographic barrier in Park Range, Colorado, Saleeby and
Cotton (2008) showed that CCN can play an important role in snowfall production by altering the
seeder-feeder process as in the presence of a precipitating ice cloud overlaying a supercooled
liquid water cloud: the larger NCCN modifies the cloud droplet distribution, thereby reducing the
crystal riming efficiency. Unrimed crystals have slower fall speeds and can be advected further
downstream prior to surface deposition. Lynn et al. (2007) tested the CCN sensitivity of the
precipitation over the Sierra Nevada Mountains for wintertime orographic clouds, with aerosol
concentrations resembling typical maritime (250 cm-3) and continental (1250 cm-3) aerosols.
Warm rain processes were inhibited in the upslope region for continental aerosols, but the
production of ice clouds and snow was enhanced. Further, the location of the maximum
precipitation was shifted downward compared to the maritime case. As the cloud ice and snow
were advected downstream, the evaporation of these hydrometers led to overall reduction in the
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surface precipitation for the continental CCN case compared to maritime case. These studies
show that changes in CCN concentrations for flow above mountains have a direct/indirect impact
for warm/mixed phased clouds, and can have an impact on both the intensity and location of
precipitation.

2.4 Aerosol Parameterizations and CCN Spectra
Following Whitby (1978), atmospheric aerosol particles can be classified according to their
equivalent spherical radius. Particles with radius r < 0.1µm belong to nuclei mode (also known
as Aitken mode), 0.1 ≤ r ≤ 1µm defines the accumulation mode, and r > 1µm particles belong to
the coarse mode. Over land, these particles can be formed by three distinct mechanisms: 1) gas to
particle conversion (GPC), 2) drop to particle conversion (DPC), and 3) bulk to particle
conversion (BPC). BPC is responsible for coarse mode particles, which constitutes soil particles,
pollen, seeds, etc. GPC is responsible mostly for the nucleation mode particles (soot, sulphates,
carbonates, oils etc), whereas DPC results in the accumulation mode particles through processing
of particles by clouds. Thus clouds act as a source and sink to the atmospheric aerosols.
Andreae and Rosenfeld (2008) provide a comprehensive review on the nature and sources
of CCN and Ice Nucleis (IN). Most of atmospheric sulphates are formed by the oxidation of
volatile precursors to gaseous sulphuric acid followed by nucleation and condensation to form
particles. Sulphur-dioxide emissions from anthropogenic activity (fossil fuel burning, mainly
coal, biomass burning, paper production) are the primary source for sulphates. Andreae et al.
(2007) suggest that anthropogenic sulphates account for an estimated 25~30% of accumulation
mode particle burden from 0˚~60˚N. The source mechanisms of primary organic aerosols are
diverse and often poorly understood and hard to quantify and large uncertainty exists in the
sources of secondary organic aerosols as well. Recently, Stone et al. (2009) used molecular
markers based on chemical balance modeling for source apportionment of carbonaceous aerosols
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over Nepal. Their study showed that the majority of organic carbon was unapportioned to the
primary sources and was estimated to be of secondary origin.
Atmospheric Particles (AP) contain both water soluble and insoluble components. In
general, maritime air consists of AP with soluble mass fraction ( ε m ) in the range: 0.8 ≤ ε m ≤ 1.0 ,
while continental air mass contains AP with ε m ≤ 0.6 [ Pruppacher and Klett (1997), hereafter
PK97]. Although chemical composition affects solubility and the critical saturation for droplet
activation, using measured CCN spectra for various aerosol types, Dusek et al. (2006) showed
that the aerosol size matters more than the chemical composition for CCN activation. They found
that when temporal variation of chemical effects on CCN is neglected, the variation in shape and
size distributions of aerosols alone explains 84~96 % of the variation in CCN concentrations,
suggesting that the variability in chemical composition only play a secondary role in CCN
activation.
As a warm air parcel rises in the atmosphere and cools adiabatically, relative humidity
(RH) increases. For the same amount of water vapor, the saturation vapor pressure ( es ) decreases
as temperature decreases, and the RH increases. When the parcel reaches above the Lifting
Condensation Level (LCL, level where e = es ) becoming supersaturated, the clouds start to form
by the presence of CCN at supersaturations of only few percent (referred as heterogeneous
nucleation). In supersaturated environments, cloud droplets keep growing by diffusion of water
vapor on their surfaces. However, condensation of water vapor releases latent heat which negates
the supersaturation by increasing the temperature along with number of drops formed (Fukuta,
1993). Eventually, equilibrium is reached when no more CCN is formed, and the supersaturation
reaches its maximum. Pre-existing stable cloud droplets continue to grow and can become
raindrops by collision-coalescence.
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Different cloud types are composed of different cloud drop concentrations. Simpson and
Wiggert (1969) differentiated continental and maritime clouds by cloud drop concentration. For
the same amount of liquid water content, this variability in CCNs impacts the cloud optical and
radiative properties, and also influences the precipitation efficiency of the system as discussed
earlier [Khyvorostyanov and Curry (2006), Khain et al. (2000), Lau et al. (2008),Ramanathan et
al.(2001), Rosenfeld et al. (2007), Tao et al. (2007), of many others]. Because observations,
theoretical and laboratory studies have their own limitations to study cloud microphysical
processes, numerical modeling is emerging as valuable tool to better understand these processes.
In order to simulate the effect of CCN spectra on cloud microphysics at mesoscale flow for real
case conditions, which is often limited by computational restrictions, current models rely on a two
moment bulk cloud microphysics parameterization which is intermediate between simpler earlier
cloud microphysics and the more computationally intensive spectral bin-microphysical schemes.
The two moment bulk microphysics assumes a priori known distribution of hydrometeors and has
prognostic equations for the number concentration and mixing ratio of the hydrometeors (i.e.
zeroth and third moment of the distribution respectively). The significant advantages of the
spectral bin microphysical scheme is that it does restrict the particle size spectra to any particular
shape, calculates explicitly the changes in size distributions caused by aerosols, and also takes
into account the change in aerosol concentration and size distribution during nucleation (Khain et
al. 2009), which is held constant in case of most bulk-parameterization schemes. Nevertheless,
spectral bin microphysical schemes are computationally expensive and have their own technical
problems (see Khain et al. 2000 for detail discussions).
Bulk microphysics parameterizations require an approximation of the observed drop size
distribution by an analytic expression. Fortunately, drop size distribution measured in many
different types of clouds under variety of meteorological conditions often exhibit a characteristic
shape, which can be reasonably approximated well by gamma distribution [PK97]:
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n x ( D x ) = n ox D xα x exp( −λ x D x )

(2.1)

where, n x ( D x ) is the number of particles per unit volume ( cm −3 ) of size D x , n ox is the
intercept ( cm −4 −α x ), λ x is the slope ( cm −1 ), and α x is the shape parameter. In addition, the mass
diameter relationship can also be defined as

m x ( D x ) = c x D xd x

(2.2)

The parameters n ox and λ x are related to the zeroth and the ratio of zeroth and third
moments of the distribution respectively.
The most commonly used parameterizations of CCNs were derived by Squires (1958)
and Twomey (1959), expressing the total activable CCN as mainly a function of vertical velocity
and CCN characteristics expressed by two parameters, C and k, via a power law that relates
number of activated CCN to the supersaturation ( s v , w ) of water vapor over cloud droplets in a
cloud parcel:

N CCN = Csvk, w

(2.3)

This relationship was derived from the differential CCN activity spectrum, ϕ s which is
expressed as:

ϕ s = dN CCN / ds = Cksvk,−w1

(2.4)

The deficiency of (2.3) is that it overestimates the droplet concentration for large values
of s v , w due to the functional form of the power law and the constant value of k. More
importantly, to understand the effect of anthropogenic aerosols on cloud microphysics, the above
parameterizations expressed in terms of CCN concentration only are insufficient. It is necessary
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to characterize the relationships between the CCN spectra and aerosol size distribution and its
physical properties [Razzaq et al. (1998), Cohard et al. (2000), see Section 2.4].
Cohard et al. (1998) extended Twomey’s approach to a more realistic shape of activation
spectra with four parameters (C, k, µ, β) that can be calibrated to capture the characteristics of the
dry, lognormally distributed aerosol population:

 k k

N CCN ( s v , w ) = Cs vk, w F  µ , , + 1;− βs v2, w 
 2 2


(2.5)

where F(a,b,c; x) is the hypergeometric faction. Cohard et al. (2000) showed that it is
possible to calibrate the parameters of this hypergeometric function to the properties of a
lognormally distributed aerosol. Thus, µ , k and β parameters of the hypergeometric function are
given by:

k  ln(s.d .)
=
k 0  ln(s.d .) 0

β r
= 
β 0  r0 

α βr





α kσ

(2.6)

  ln( s.d .)
  ε
− 1  m
exp α βσ 
  ε m 0
  ln( s.d .) 0

µ  ln(s.d .) 

=
µ 0  ln(s.d .) 0 





α βε m

T

 T0





α βT

(2.7)

α µσ

(2.8)

, where s.d. refers to standard deviation, r is geometric mean radius , T is the
temperature, ε m is the soluble mass fraction and α is an exponential function. The last parameter
C is to be estimated from the maximum CCN concentration for the specified spectra:

lim N CCN ( s v , w ) =

sv , w → +∞

C Γ( k / 2 + 1)Γ( µ − k / 2)
for k < 2µ
Γ( µ )
β k/2
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(2.9)

The parameters k and µ are suggested to have weak dependence upon aerosol physical
properties but are more sensitive to the slopes of the aerosol size distribution ( ln( s.d .) ). The β
parameter is related to the position of concavity of (2.5) depends on the physical properties of
aerosol [ ε m ] as well as the geometric mean radius of the lognormal aerosol distribution. Since
larger super-saturation is required to activate small sized aerosols, any decrease in the geometric
mean radius of aerosol is accompanied by a rightward shift in the CCN spectrum. Similarly, the
reduction of ln( s.d .) results in a steep curve for the CCN spectrum as the aerosols tends to be
mono-disperse.

Figure 2.1: Aerosol size distribution and the corresponding estimate CCN spectra at
specified critical supersaturation (sc).
Table 2.1 Parameters of aerosol size distribution and solubility (NH4)2SO4 vol.
fraction)
N (cm-3)

GM (nm)

GStd [ ln( s.d .) ] nm

Solubility( ε v )

Na1

30

87

0.6

0.2

Na2

30

87

0.3

0.2

Na3

30

87

0.6

0.4
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Figure 2.1 shows two different unimodal aerosol size distributions and the corresponding
CCN spectra of each distribution. The CCN spectra were obtained using k-Köhler theory which is
discussed in detail in the following section. The parameters of the aerosol size distribution and the
soluble volume fraction of (NH4)2SO4 are given in Table 2.1. The soluble mass fraction is simply
related to the soluble volume fraction by the density of (NH4)2SO4 and the density of the
insoluble core. When the geometric standard deviation ( ln( s.d .) ) of the distribution is reduced
(Na1 to Na2), the steepness of the CCN spectrum increases (increasing k) while the location of
the curvature of the CCN spectrum also shifts rightward (increasing β ). The increase in soluble
volume fraction (Na1 to Na3) decreases the slope of the CCN spectrum (decreasing k), which
increases the number of CCN activated at lower supersaturation. Thus, the shape of the aerosol
size distribution and its solubility is correlated with the modified CCN spectrum.

2.5 Uncertainties in CCN Spectra Estimation
2.5.1

Köhler Equation
Köhler (1936) asked a very fundamental question based upon the analysis of hoar-frost

for chlorine content: Why is the number of droplets (Nd) in fog so much smaller than the number
often measured with an Aitken’s Nucleus Counter? The number of droplets is indeed related to
the number of condensation nuclei and the vapor pressure in atmosphere, which should be less
than the vapor pressure over a stable droplet surface. Köhler (1936) showed that the vapor
pressure over a droplet surface first increases with decreasing solute concentration, reaches a
maximum, and then approaches asymptotically the saturated vapor pressure (Köhler curve, Fig.
2.2) such that for a distribution of nuclei, condensation is a selection process with larger nuclei
being activated first, followed by the activation of increasingly smaller and smaller nuclei.
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The Köhler equation for a droplet containing water soluble material for an ideal aqueous
solution may be written as:

 nw
RH = 
 ns + nw


 4σ M
 exp w / s w

 ρ w RTd





(2.10)

where RH is relative humidity (fraction), n w , n s is the number of moles of water and
solute present in the droplet, σ w / s is the surface tension of the aqueous solution, M w and ρ w is
the molecular weight and density of water, R is the universal gas constant, T is the droplet
temperature, and d is the droplet diameter.

Figure 2.2: Köhler curve (black) for a solution droplet formed on ammonium
sulphate of mass 10-16 gm based on first order approximation for diluted solution. The
Köhler curve can be decomposed into the Kelvin term (blue) and the Raoult term (red)
respectively.
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The density of water used in the second term on the right hand side of the Köhler
equation (2.10, the Kelvin term) is the density of the aqueous solution containing the solute and
water, thus, density changes with the increase in mass fraction of solute in the droplet solution,
which is usually taken into consideration by the partial molar volume in the Kelvin term (Atkins
1994). Here, the partial molar volume of the solution was replaced by the partial molar volume of
water.
The first term in the right hand side of Eq. 2.10 is the Raoult term over a plane solution
surface, which reduces the saturation ratio required for the growth of droplet of diameter d. As the
droplet size decreases by evaporation, the salt concentration increases which serves to reduce the
vapor pressure at the surface. This effect is countered by the Kelvin effect (second term on the rhs
of Eq. 2.10) that causes an increase in vapor pressure at surface due to decrease in particle size.
These competing effects are again well described in the Köhler curves. The deviations from
Raoult’s law become increasingly larger as the ambient RH drops below 100%, and the aqueous
solution can be no longer considered as ideal. Divergence from an ideal solution is addressed by
introducing van’t Hoff factor in the Raoult term. In the sub-saturated regime, the Raoult term is
replaced by water activity, a w and the Köhler equation can be re-written as:

 4σ M
RH = a w exp w / s w
 ρ w RTd

  νφms M w 
nw
 ≈ 1 +

where, a w ≈ 
M s mw 
 νφns + nw  





(2.11)

−1

and ν is the total number of ions produced by dissociation of one molecule of solute, φ
is the practical osmotic coefficient of the solution. The term νφ is the more exact representation
of the van’t Hoff factor to express deviations from ideality, m s and m w are respectively the mass
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of solute and water in the droplet, and M s is the molecular weight of the solute (here only one
solute is taken into consideration).
In the super-saturated regime, the droplets can be assumed to be a sufficiently diluted
solution, such that m s << m w , σ w / s = σ w , φ = 1 . The Köhler equation reduces then to a first
order approximation as follows:

 νφms M w
 4σ M

S = 1 −
+ ... 1 + w w + ... 
M s mw
ρ w RTd




Substituting, M w = 18 g/mol,

mw = ρ w

π
6

d3,

R = 8.31447 J / mol / K

and

ρ w = 1gm / cm 3 , we get

S = 1+

where A =

A B
−
d d3

(2.12)

34.4νφm s
8.69251e −6σ w
and B =
= 34.4νφn s , where units of σ w is in
T
Ms

J/m2. Equation 2.12 (Fig. 2.2) can be used to estimate the critical supersaturation s c = S − 1 for
each dry diameter of the aerosol particle.
The critical diameter dc can be estimated by finding the maxima of the above equation:

 3B 
dc =  
 A

1/ 2

(2.13)

and the corresponding supersaturation, S − 1 is given by:

 4 A3 

s c = 
 27 B 

1/ 2

(2.14)
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The parameter B requires the estimation of the vantHoff factor and the number of moles of
solute dissolved in the droplet which can be estimated from the molality of the solution. The
molality of the solution (m) is defined as number of moles of solute in 1000 gm of water:
[ n s = 1000 * m ]
The common assumption that the solution is dilute (φ = 1; PK 97 ) , appropriate for cloud
droplets, is not valid under sub-saturated conditions [Brechtel and Kreidenweis (2000)]. Dusek et
al. (2003) also imply that the aerosol droplets at 90% RH are fairly concentrated, so that the nonideal solution effects have to be considered. They used an empirical formula for the molality of

(NH 4 )2 SO4

solution determined by Potukuchi and Wexler (1995):

m = 135.9 − 464.03a w + 492.36a w2 + 94.33a w3 − 459.29a w4 + 200.7 a w5

and, water activity is estimated as a w =

(2.15)

RH


4σM w
exp 

 ρRT * GF * d d 

The droplet surface tension also needs to be corrected in the above estimate for water activity
for temperature and solute effects using the relationship proposed by Hänel (1976):

σ w / s = σ o (To ) + a(To − T ) + bm

(2.16)

where σ o (To ) is the surface tension of pure water at To = 273.15 K (0.0756 Nm −1 ) , a is
the coefficient to account for temperature dependence of the droplet surface tensions

[a = 1.53 X 10

−4

]

N (mK ) −1 ,

b

is

the

composition



Nmol w
* 10 −3 ; ( NH 4 )2 SO4 and m is the solution molality.
b = 2.17
mkg sol
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dependent

factor

The Köhler equation (2.12) is valid for fully dissolved ambient aerosols. However, the
ambient aerosol is composed of a mixture of compounds, including water soluble inorganic
species, slightly soluble organics and the insoluble core, and the Köhler equation must be
modified accordingly.
2.5.2

Effect of Slightly Soluble Organic Compounds
Previous studies by Shulman et al. (1996), Laaksonen et al. (1998), Facchini et al. (1999),

Mircea et al. (2002), and Razzaq and Ghan et al. (2005) have shown that the presence of organic
carbon can affect the modeled CCN spectrum. Shulman et al. (1996) suggested that the presence
of surface active slightly soluble compound (SSC) would delay activation due to the presence of
two peaks instead of one in the Köhler curve (Fig. 2.2, see Shulman et al. 1996 for detail), while
lowering of the surface tension would decrease the critical supersaturation and accelerate droplet
activation. Their modified Köhler equation incorporating the SSC effect in the Raoult’s term is
given below:

S = 1+

4σ w / s M w φM w
−
mw
ρ w RTd

 v dssc χ dssc m ssc v sulf χ sulf m sulf

+

M ssc
M sulf







(2.17)

where χ dssc and χ sulf are function of SSC solubility and sulphate concentration, both
changing with droplet diameters. In their study, φ ≈ 1 was used as they reported to introduce very
small error in the calculations.
Facchini et al. (1999) suggested that a large decrease in surface tension due to presence of
surface active organic solutes can increase the number of cloud droplets: specifically, a 30%
decrease in surface tension lead to 20% increase in modeled droplet concentration. Mircea et al.
(2002) also showed that in taking into account the solubility and surface tension depression due to
water soluble organic compounds (WSOC), the increase in CCN activation was large. They also
used the modified form of the Köhler equation (Eq. 2.17) assuming: a) water activity is not
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affected by presence of insoluble core, and b) volume additivity. The surface tension change was
parameterized based upon Facchini et al. (1999):

σ w / s = 72.8 − 0.0187T ln(1 + 628.14c)

(2.18)

where c is the WSOC concentration in molL−1
However, the uncertainty in modeling the role of organic compounds comes from the fact
that the organic fraction of ambient aerosol is itself composed of mixture of different organic
compounds, with each of them having different hygroscopic growths. Svenningsson et al. (2006)
tested the Zdanovskii, Stokes, and Robinson (ZSR) mixing rule (Stokes and Robinson, 1966) for
hygroscopic growth of mixtures of organic (levoglucosan, fluvic acid and succinic acid) and
inorganic species (ammonium sulphate). The hygroscopic growth agreed well with that obtained
by applying the ZSR assumptions to the parameterization for pure compounds, suggesting
mixture of these compounds show approximately additive behavior. The modified expression for
the activity is given by:

aw =

1
,
1 + vϕM w ∑ mi

(2.19)

i

where m =

∑m

i

i

Eq. 2.19 suggests that the hygroscopic growth factor of ambient aerosols results from the
summation of activity associated with each size dependent internally mixed species at subsaturation range. It is therefore required to assume that this molality of the solute is the same at
super-saturation regime, when the equation is used for CCN prediction. Further, when organic
species are present, the assumption that they form an insoluble core or that they are only slightly
soluble can be made and then the changes in surface tension are taken into consideration.
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Previous size resolved chemical composition studies (Covert et al. (2001, Broekhuizen et al.
2006) have indicated the dominance of organic matter in the sub-micron range, therefore though
size –resolved chemical composition is not always available, assumptions can be made to test
how the CCN spectrum is affected.
In reality, it is not possible to identify all the species present in the water soluble organic
compounds (WSOC) and their properties are not known; therefore, the application of the 2.17 to
measured ambient aerosol distribution also pose a big challenge, requiring further simplified
assumptions. These are well documented from earlier aerosol/CCN closure studies.

2.5.3

Aerosol/CCN Closure Study
In general, CCN closure refers to testing whether the estimates of CCN from aerosol size

distribution and hygroscopicity using the Köhler model agrees with the measured CCN (using
CCN counters) for given supersaturation. The magnitude of the correlation between the measured
and estimated CCN indicates the degree of closure achieved or the accuracy in agreement
between the measured and estimated CCN. Many CCN closure studies has been conducted by
comparing the measured CCN concentrations at different super-saturations with the modeled
CCN concentration from measured aerosol size distribution and chemical compositions [Liu et al.
(1996), Covert et al. (1998), Chuang et al. (2000), Cantrell et al. (2001), Roberts et al. (2002),
Rissman et al. (2006), Broekhuizen et al. (2006), Stroud et al. (2006), Medina et al. (2007),
Snider et al. (2003), Dusek et al. (2003)]. Among these studies, very few were able to produce
closure/agreement in CCN number concentration. Often, the CCN predictions were higher by
20~50%.
In the study by Covert et al. (2001), over Kaashidhoo Climate Observatory, closure was
achieved only when organic carbon compromised a quarter of total mass of aerosol. For cases
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when closure was not achieved, the authors reasoned that organic compounds internally mixed
with the electrolyte inhibit uptake of water. In their study, the inorganic and the organic species
dominated the size range 0.13µm ~ 0.79 µm and 0.04 µm ~ 0.13µm respectively. Covert et al.
(1998) reasoned that the presence of surface active organic compounds affect the hygroscopicity
at RH>90%, but are less effective below 90% RH. In their study, closure was not achieved and
the estimated CCN estimates were greater than 20% that of measured CCN.
Broekhuizen et al. (2006) used size resolved chemical composition measurements for
CCN closure study. They associated inorganic composition to d > 0.25µm and primary organics
to d < 0.25µm for aerosol concentrations measured in downtown Toronto. An internally mixed
aerosol composition was assumed for the study, with the organic fraction as insoluble and the
inorganic fraction as ammonium sulphate. In their study, closure was achieved with

R 2 = 0.87 between the measured and estimated CCN. Size based solubility and dominance of
aerosols with diameter less than 25µm suggested organic rich CCN i.e. insoluble core with small
sulphate content drives the activation.
Medina et al. (2007) also stressed the importance of size resolved aerosol composition for
better estimation of CCN. They showed that the use of size averaged composition of CCN leads
to over prediction of CCN concentration by 35 ± 28% , but the use of size dependent chemical
composition improved closure to 17 ± 27% . They also noted that the CCN closure was less
accurate for the measurements collected during changing wind directions, which can alter the
aerosol mixing state. Furthermore, if the organic fraction was assumed to be soluble, the CCN
prediction error would increase as well.
Sotiropoulou et al. (2006) showed that the error in predicted cloud droplet number
concentration was half of the CCN prediction error. The aerosol/CCN closure study reflects the
limitation of Köhler theory in predicting CCN concentration for ambient aerosols which consists
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of a complex mixture of various organic and inorganic species. Furthermore, beyond the
importance of size resolved chemical composition for better prediction of CCN concentrations,
the uncertainty due to the presence of organics acting as CCN is even larger as it reduces the
super-saturation required for aerosol activation, thus increasing the CCN concentration even
higher.
2.5.4

k-Köhler Theory
Petters and Kreidenweis (2007) proposed a much simplified approach in deriving the

relationship between particle dry diameter and the CCN activity using a single hygroscopicity
parameter κ . The hygroscopicity parameter for ambient aerosols can be estimated by knowing
the compositional data and the hygroscopicity parameter of each component, and also by fitting
the experimental critical supersaturation vs. dry diameter ( s c − Dd ) data.
In their proposed parameterization, the hygroscopicity parameter κ was defined through
water activity, a w as follows,

V
1
= 1+ κ s
aw
Vw

(2.20)

where Vs and Vw are the volume of dry particulate matter and water. The single

κ parameter incorporates the vant Hoff factor, molecular weight and density of solute and water
(see Eq. 2.11), thereby reducing the complexity of expressing the water activity.
In a multi-component system, for which the Zdanovskii, Stokes, and Robinson (ZSR)
formulation applies, the total volume of water is the sum of the volume of water associated with
each individual component, giving:

Vw =

aw
1 − aw

∑κ V
i

i

31

si

(2.21)

The above equation is valid for completely soluble species only, where the insoluble core
can be treated as κ ins = 0 . However, for sparingly soluble compounds, Petters and Kreidenweis
(2008) introduced the dissolved volume fraction of the solute, xi , given by:

xi = C i

(

)

Vw
= g 3 − 1 Ci / ε i
Vsi

(2.22)

where, C i is the solubility of the solute in water, expressed as volume of compound per
unit volume of water, g = d / d d is the diameter growth factor and ε i = Vsi / Vs is the volume
fraction of each solute.
Now, Eq. 2.20 can be rewritten as:

Vw =

aw
V s ∑ ε i κ i H ( xi )
1 − aw
i

(2.23)

xi < 1
xi ≥ 1

 xi
1

where, H ( xi ) = 

Converting the volumes into volume equivalent diameters,

d 3 = 6V / π

and

d d3 = 6Vs / π , the generalized κ − Ko&&hler equation is:

S (d ) =

and κ =

∑ε κ H (x ) ,
i

i

i

d 3 − d d3
 A
exp 
3
3
d − d d (1 − κ )
d 

(2.24)

which includes the van’t Hoff factor, the density, and the

i

molecular weight of water and solute for a complex mixture found in ambient aerosols.
The maxima of the above κ − Ko&&hler equation can be found numerically with the
algorithm proposed by Petters and Kreidenweis (2008) for each dry diameter of the observed
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aerosol size distribution. The chemical composition and volumetric fraction can be estimated
from filter data, and the hygroscopicity and solubility parameter can be inferred from the
literature. This will provide the critical supersaturation for each dry diameter, measured with the
aerosol size distribution. The number of activated CCN can be estimated by integrating over the
fitted distribution of aerosols from the critical diameter. The applicability of this method for both
sub-saturated and super saturated regime, and the use of single bulk hygroscopic growth
parameter that follows additive rule, makes this method very attractive to use for CCN estimation
from measured ambient aerosols containing complex mixture of inorganic and organic species.
2.5.5

Estimation of Vertical Profiles From Surface Measurements
When only ground based aerosol measurements are available, the CCN estimates from

these measured sized distributions need to be scaled vertically to estimate the CCN spectra above
LCL, where the clouds form. This requires the assumption that the shape of the aerosol size
distribution remains unchanged vertically, and therefore only the scaling of number concentration
vertically is necessary.
Typically, the vertical distributions of aerosols in troposphere show an exponential
decrease up to a certain height and a rather constant profile above [Jaenicke (1993)]. Eichel et al.
(1996) assumed that the concentration of atmospheric particles of each mode (3 lognormal
modes) decreases exponentially with height z according to:

N ( z ) = N i ( z o )e − z / H i

(2.25)

where H i is the scale height for each mode (2~3 km). ML08 also used an exponentially
decaying profile given by

N ( z ) = N bg + N ( z o )e − z / H i , where they used H=730 m as the scale height for remote
continental areas [Jaenicke (1993)].
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Ward et al. (2010) initialized their RAMS simulation with horizontally homogeneous
aerosol number concentration with a linearly decreasing profile in vertical upto 4000 m, and a
constant background aerosol concentration above that height. Ghan and Collins (2004) scaled the
surface measurement of CCN to estimate the vertical profile based on LIDAR backscatter and
extinction profiles collected during field measurements. Their assumption was that the shape of
aerosol size distribution does not vary with height, which could be assessed from
extinction/backscatter ratios. The scale height of aerosol given by Jaenicke (1993) can be used or
more realistically obtained from the intersection of the outline of MODIS 250m resolution haze
and the topography (Brun et al. 2011).
2.5.6

Estimation of CCN Spectra From Surface Measurements
Usually the CCN spectrum obtained from experimental data are discrete in nature,

whereas a functional relationship is desirable in terms of using the CCN activation spectrum in
numerical modeling. Sotiropoulou et al. (2006), Medina et al. (2007) fitted the observed and
measured CCN concentrations to the modified power law of Cohard et al. (1998, 2000). The total
number concentration of activated droplets was determined for each hourly average of
measurements and the parameters of the hypergeometric power law were estimated using least
squares minimization. The estimated CCN spectrum can be fitted with the modified power law of
Cohard et al. (1998,2000) using least square minimization algorithm based upon LevenbergMarquardt method (Marquardt 1963):

n( s c ) = kCs ck −1 (1 + β s c2 ) − µ

(2.26)

where, n( s c ) is the number of CCNs between critical supersaturation range of s c and

s c + ds c . The integral of Eq. 2.26 gives the CCN spectrum.
 k k

N CCN ( s v , w ) = Cs vk, w F  µ , , + 1;− β s v2, w 
 2 2
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(2.27)

Fitting of Eq.2.27 to a desired CCN spectrum will require the estimation of the 4 parameters
( C (cm −3 ), k , β

and

µ ) discussed in Section 2.4 (Eq. 2.5). As these parameters vary with

the measured size distribution and chemical composition, they can be used assess the effects of
large scale transport versus local and regional pollution sources on cloud formation and
precipitation regimes.
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3
3.1

Spatial Modes of Aerosol Variability in the Region
Introduction
Satellite data from various platforms show that the Himalayas act as a barrier that

separates a region of abundant aerosols in the Indo-Gangetic Plains (IGP) from the region of
pristine air at high altitude in the Tibetan plateau (Gautam et al. 2009a, Figure 3.1a). The
accumulation of aerosol in this region can be explained in part by the blocking effect of incoming
flows from the Indian subcontinent, but regional-scale circulations modulated by topography also
play an important role. Previous studies by Barros et al. (2006), Chiao and Barros (2007), Barros
et al. (2004) and Lang and Barros (2002) have shown that the space-time distribution of clouds
and rainfall are strongly intertwined with the terrain in the region

Figure 3.1: The Tibetan plateau and the Himalayas are unique features of Asia with
the Indian Gangetic Plain (IGP) and Indus river basin on the southern slopes and Takla
Makan desert on the northern slopes of the Tibetan plateau. Thar desert lies on the western
slopes of the Aravalli range (straight white strip). Elevation contours are plotted at 400,
1000, 2000 , 3000 and 5000 m. Topography was obtained from the USGS gtopo30 data. b):
Processing of aerosols by clouds along the North-South cross-section passing through
Kathmandu Valley in Central Nepal.
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. Lau et al. (2006) used GCM experiments to show that the mixture of black carbon and
dust aerosols at higher altitude over the foothills of the Himalaya can act as an elevated heat
source in the troposphere, strengthening the monsoon over northern India by intensifying
convergence of moist air in the pre-monsoon season. In addition to this mesoscale dynamic effect,
Figure 3.1b illustrates another possible mechanism of aerosol scavenging by orographic
enhancement of clouds and rainfall: aerosols act as condensation nuclei altering cloud drop
distributions, and therefore cloud and precipitation microphysical processes, the so called indirect
effect.

Either via direct and, or indirect radiative forcing and, or via cloud microphysics

(Ramanathan et al., 2001), the strong gradient in aerosol concentration appears therefore to be
linked to the variability of orographic precipitation along the southern slopes of the Himalayas,
thus collocating two of the world’s steepest gradients of optical depth and topography in a region
critical for the Asian summer monsoon.
Barros et al. (2004) showed that spatial variability of the diurnal cycle of convective
activity as depicted by cloudiness in the southern-facing slopes of the Himalayas is strongly tied
not only to the overall terrain envelope but also to the west-east succession of ridges and valleys,
with the major river valleys that cut through the mountains connecting the Indian sub-continent
and the Tibetan plateau controlling the overall spatial variability of clouds. Liu et al (2008) could
not find evidence of transport between northern India and the Tibetan plateau across the southern
slopes of the Himalayas using CALIPSO (Cloud-Aerosol Lidar and Infrared Pathfinder Satellite
Observations) data. However, their analysis was limited by the persistent cloud cover during the
active phase of monsoon [Barros et al. 2004], which precluded detection of plumes associated
with low-level flows aligned with major river valleys across the Himalayan range that permit
transport from northern India to the Tibetan Plateau as shown by Barros et al. [2006] for two
high-resolution simulations of monsoon onset depressions (also see MODIS Rapid Response
Image Subset over Nepal).
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In the Central Himalayas, Ramana et al. (2004) reported that the vertical aerosol
extinction measured during February 2003 over the Kathmandu Valley showed two local maxima
with the secondary maximum at 1.3 km AGL (2.6 km AMSL). Both studies, Ramanathan and
Ramana (2005) and Ramana et al. (2004), suggest that the primary elevated aerosol layers arises
possibly from boundary layer mixing and elevated transport of aerosol from the Indo-Gangetic
Plains (IGP), whereas the lower level peak was attributed to local pollution within the Kathmandu
Valley (population 2 million). The local aerosol contribution was investigated by Regmi et al.
(2003) who argued that boundary layer circulations caused by warm north-westerly flows over
cooler shallow south-westerly (250 m thick) in the Kathmandu Valley could explain the lower
level peak. An alternative mechanism was proposed by Hindmann and Upadhyay (2002) who
suggested that mountain-valley winds transported Kathmandu Valley pollution to the surrounding
hilltops, thus redistributing low level pollutants to higher elevations where they could be picked
up by synoptic flows.

However, Carrico et al. (2003) found that the surface aerosol signature at

Langtang (4000 m altitude, north of Kathmandu Valley) was similar to that associated with long
range transport of dust, and they found no evidence of transport from local sources in the
Kathmandu Valley. Their measurements of AOD in the Kathmandu Valley ( 0.37 ± 0.25 ) in the
February-May period, that is the aerosol peak season, are also consistent with Ramana et al.
(2004) [AOD in the range of 0.3 ~ 0.5]. Recently Stone et al.(2009) also reported that
carbonaceous aerosol concentrations measured during 2006 at Godavari site in Kathmandu
Valley showed peak concentrations in late March and early April during the dry pre-monsoon
season which is consistent with the annually occurring regional haze over the IGP. Further east,
Shrestha et al. (2000) measured water soluble aerosols at Phortse (4100 m AMSL, Himalayan
region of eastern Nepal), which is important from the point of view of aerosol-cloud
microphysical interactions. They also report gradual build up of pollutants in the pre-monsoon
season (peaking in April-May), which the authors linked to shifts in the large scale circulation,
specifically transport from the Indian Gangetic Plains (IGP), and even farther west from the Thar
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desert. On the other side, Bonasoni et al. (2008) suggested that the monsoon-driven cleansing
mechanism of atmosphere at pollution sources left locally suspended natural particles dominating
the AOD at the ABC-Pyramid site (Khumbu Valley, Nepal, 5079 m AMSL) during wet season
indicating the after-effects of the dominant monsoon season in the region.
One limitation of field studies is the short duration and scattered distribution of surface
point measurements that prevent data collection required to extract robust spatial patterns.
Nevertheless, all field studies agree on the consistent presence of high concentration of aerosols
at high altitude in locations far away from urban sources. Furthermore, the presence of elevated
aerosol concentrations of remote origin at high altitudes beyond the edge of rainfall maxima
signals the modulation of orographically enhanced precipitation processes upwind[Barros et al.
2004, Barros et al. 2006], and is consistent with transport from the northern Indian subcontinent
to the High Himalaya and the Tibetan Plateau through both deep and shallow flow channels along
the N-S oriented river valleys present over the Himalayas [as observed from MODIS Rapid
Response Image Subset over Nepal in the pre-monsoon season of 2009, Brun et al. 2010]
Recently, observations of aerosols and rainfall from multiple satellite platforms have
been used to characterize the relationship between aerosols, monsoon rainfall, and monsoon
dynamics. Gautam et al. (2009a) present evidence suggesting a close link between pre-monsoon
onset tropospheric warming in the IGP and increased atmospheric aerosol loading in the region,
which could amplify the land-sea gradient and thus strengthen the initial active phase of the
monsoon (June-July). Previously, Gautam et al. (2009b) pointed out that dust outbreaks over the
Thar desert were the critical source of aerosol loading in the IGP prior to monsoon onset, and
therefore interannual variability of the observed tropospheric warming discussed by Gautam et al.
(2009a) would be dependent on the frequency and magnitude of dust activity in northwest India.
Bollasina et al. (2008) found that increased aerosol concentrations in May lead to cloud
suppression, with increased shortwave radiation reaching and warming the land-surface, thus
39

proposing another pathway to strengthen the land-sea gradient prior to monsoon onset in addition
to tropospheric warming. Trend analysis of rainfall during June over an almost twenty-year
period showed statistically significant (though modest) increases in monsoon rainfall over regions
in the Indian subcontinent that are concurrent with increased aerosol loading in the pre-monsoon
period over time (Gautam et al. 2009c). In this manuscript, a concerted analysis of multisensor
satellite data is performed to characterize the joint space-time modes of variability of rainfall and
aerosol loading in the in the IGP with the objective of mapping the region where local aerosolcloud-rainfall interactions are dominant vis-à-vis large-scale transport.
For this purpose, we present an assessment of the spatial mode of variability of aerosols
and space-time modulation of rainfall using aerosol data products from the Total Ozone Mapping
Spectrometer (TOMS) & Moderate Resolution Imaging Spectroradiometer (MODIS), cloud
products from MODIS, and rainfall data products from Tropical Rainfall Measuring Mission
(TRMM). Section 3.2 provides an overview of the large scale circulations persistent over the
region of study during the identified aerosol build up and decay period. Section 3.3 describes the
remote sensing data used for this study. The EOF analyses of the fields are discussed in Section
3.4, and the joint spatial variability is discussed in Section 3.5. Summary and conclusions are
presented in Section 3.6.
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3.2

Regional Scale Circulation
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Figure 3.2: Mean geopotential height (m) and horizontal wind (m/s) at 500 hPa (a)
and 900 hPa (b) from 1998 to 2007 for the month of March, April, May and June. ERA
Interim (http://www.ecmwf.int/research/era/do/get/era-interim ) dataset were used for the
above analysis. Locations where the surface geopotential height is higher than the 900mb
geopotential height have been masked out.
The Tibetan Plateau and the Himalayas are the dominant topographic features in Asia
(Figure 3.1a). During the winter season, the westerly jet stream is bifurcated by the Tibetan
Plateau, and Shrestha et al. (2000) attributed changes in concentration of pollutants in aerosols at
high altitude locations in the Himalayas to shifts in the orientation of the southern branch between
north-westerly (low concentrations) and south-westerly (high concentrations) orientations. Figure
3.2a shows the 500 hPa mean horizontal winds and geopotential heights from ERA Interim
(reanalysis product from the European Center for Medium Range Weather Forecasts – ECMWF
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at 1.5 degree resolution, http://www.ecmwf.int/research/era/do/get/era-interim ) averaged over 10
years from 1998 to 2007 for the months of March, April, May and June. The mean wind profiles
suggest that strong westerly wind dominates from March to April and gradually veers north from
18N to 25N turning north-westerly over Nepal and northern India. With the onset of Monsoon in
June, the southern westerly branch of the jet stream falls apart, causing the main westerly flow to
shift northward of to the Tibetan plateau.
At lower levels, the buildup of the temperature gradient due to the development of a heat
low (deepest in July) over the arid regions of Pakistan and north-west India during May pulls low
level westerly flow from the Arabian sea and the Somali low-level jet (Findlater 1969, Wu et al.
1999). Figure 3.2b shows the 900 hPa horizontal wind and geopotential height from the ERA
Interim, averaged over 10 years from 1998 to 2007 for the months of March, April, May and
June. The wind fields at higher altitudes where the surface geopotential is higher than the mean
900hPa geopotential were masked out. North-westerly flow is prevalent in March along the IGP.
Note the two circulation patterns west and east of the Western and Eastern Ghat Mountains on
the west and east coasts of the Indian subcontinent respectively that persist through April, as well
as the strong low-level jet at 20~25 N crossing over the Thar desert into the IGP. The mean wind
flow over the IGP weakens in the following months, whereas the westerlies further south
strengthen and veer northeastward along the Eastern Ghats, and a weak convergence zone forms
over the IGP below the Nepal-India border. Strong westerly flow is well established in the lowerhalf of the Indian subcontienent up to the Bay of Bengal. This westerly flow bifurcates at the
Aravalli range turning south-westerly over the Thar desert, whereas it remains westerly, south of
the Aravalli range. Dust storms in the IGP during the pre-monsoon season have been associated
with dusts lifted mainly from the Thar desert and arid regions farther west along the path of the
westerly (Gautam et al. 2007). The observed blocking and convergence effects over the foothills
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of the Himalayas over Nepal create favourable conditions for the accumulation of both remote
and local aerosol establishing sharp regional gradients.

3.3

Satellite Data
Table 3.1 describes the various satellite datasets used for the study. Observations from

the Moderate Resolution Imaging Spectroradiometer (MODIS) instrument aboard the Terra and
Aqua satellites are used to study the variability of aerosol optical depth (AOD) over the region.
Over land, MODIS aerosol retrieval is less accurate where albedo is high (e.g. deserts, free watersurfaces) compared to the region of low albedo (e.g. dark vegetation) [Kaufman et al.(1997), Hsu
et al.(2004)]. To minimize the signal noise ratio (SNR), the algorithm (dark target approach) over
land is applied to 10 km ×10 km areas. The mean monthly aerosol optical depth used in this
study is obtained from the MODIS Level 3 (L3) daily product for each month sorted into an

1° × 1° equal angle grid. The daily L3 products contain statistics computed from Level 2
MODIS granules that span a 24 hour period [see King et al. (2003), Hubanks et al. (2008)].
Table 3.1: List of data products used from different satellite platforms.
S.no.

Description

Satellite

Coverage

1

Gridded daily aerosol index (AI)

Earth Probe TOMS

01/98~12/05

2

Gridded monthly AOD

Terra MODIS

01/02~12/07

3

Gridded monthly COD

Terra MODIS

01/02~12/07

4

Gridded monthly rainfall

TRMM 3B43 (V6)

01/98~12/07

To improve the retrieval over bright surfaces like deserts, an alternative AOD product is
available using the Deep Blue retrieval algorithm, although it cannot handle the presence of
clouds and therefore aerosol retrievals over cloud-contaminated scenes are not furnished (Hsu et
al. 2006). Because the region of interest in this study has frequent cloud-cover, this will also
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create gaps in the data. Hence, both the dark target approach and the deep blue algorithm will
have gaps in the monthly mean data, one spatially stationary due to bright surfaces (desert), and
the other spatially varying due to cloudy pixels. In order to eliminate the gaps in the MODIS
AOD using the dark target approach algorithm, the MODIS Deep Blue aerosol retrieval (550 nm)
at the same location and time was used to replace the missing AOD values over bright reflecting
areas such as the Thar desert and the Taklaman desert. The AQUA data obtained from Deep Blue
algorithm was available only from July 2002.
The aerosol index (AI) data from Total Ozone Mapping Spectrometer (TOMS)
instrument was also used for the study:

AI = −100{log 10 [( I 340 / I 380 ) meas ] − log 10 [( I 340 / I 380 ) calc ]}
(1)
where
and

I calc

I Meas

is the backscattered radiance measured by TOMS at a given wavelength,

is the radiance calculated using a radiative transfer model for a pure Rayleigh

atmosphere[Hsu et al. (1999)]. The low value of near-UV albedo for land/water bodies combined
with the large molecular scattering in this region of the spectrum allows for a robust
determination of aerosol properties by TOMS. However, the retrieved quantities are sensitive to
the height of UV-absorbing aerosol layer over the ground, but are not sensitive to the presence of
non-absorbing aerosol, as well as smoke in the lowest 1 km of the atmosphere except for colored
aerosols like mineral dust (Torres et al. 2002). Further, it is not possible to distinguish among
different UV-absorbing aerosol types leading to AI errors if the aerosol types for different
geographical regions are misclassified (see http://toms.gsfc.nasa.gov/news).

Although the

TOMS data from Earth Probe are available between 1996 and 2005, the time-window for this
study was constrained to the period 1998 to 2005 for subsequent comparison against TRMM
rainfall data which are available from 1998 onward. Due to calibration issues associated with
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sensor performance degradation, trend analysis of the data after 2001 is not
recommended

by

the

NASA

TOMS

science

team

(http://daac.gsfc.nasa.gov/guide/tomsl3.dataset.gd.shtml) [see also Gautam et al. (2009)].
Precipitation estimates were obtained from the TRMM 3B-43 data product
(http://daac.gsfc.nasa.gov/data/datapool/TRMM/), which are derived from the combination of 3hourly merged high-quality/IR estimates with the monthly accumulated Climate Assessment and
Monitoring System (CAMS) or Global Precipitation Climatology Centre (GPCC) rain gauge
analysis (Huffmnan et al. 2007). Monthly precipitation estimates gridded on 0.25° × 0.25°
global grids are available since 1998.
Finally, MODIS Level 3 cloud optical depth (COD) was used to study the spatial and
temporal modes of variability in cloudiness.

The retrieval of cloud optical depth requires

information about particle phase and cloud cover, and a radiative transfer model is used for the
inversion algorithm. The retrieval is valid for single-layer, liquid water clouds, plane-parallel
geometry, and errors might arise for multiple layer clouds and when ice is present (King et al.
1998). Missing values (small number) in MODIS COD were filled by linear interpolation in time.
Similar to the MODIS Level 3 aerosol products, the Level 3 cloud optical depth also contains the
statistics derived from Level 2 products gridded at 1° × 1° spatial resolution [see King et al.
(1998) for more details].
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3.4

EOF Analysis
EOF analysis when applied to a space-time dataset can be used to decompose the

observed variability into a set of orthogonal spatial patterns (EOFs), which are invariant in time,
and a set of time series, the expansion coefficients (ECs), which are invariant in space (e.g. North
et al. 1982; Behera et al. 2003, Perry and Neimann 2007, Giovanntone and Barros 2008, among
many others). In this study, we conducted EOF analysis using the covariance method (Von
Storch and Zwiers 1999) to study temporal and spatial anomalies of rainfall, aerosols and
cloudiness over a larger spatial domain covering the IGP in the south to the Tibetan plateau in the
North. Note that, due to the relatively short duration ( < 10 years) of the data sets analyzed here,
interannual variability can be detected through the temporal variability of the EOF expansion
coefficients but a robust statistical characterization is not possible. Thus, the discussion of results
is focused on the annual/seasonal cycles.
3.4.1

Aerosol Variability
The first EOF mode (EOF 1) from MODIS and TOMS explain 50% and 54% of the

overall AOD and AI field variances respectively (See Figure 3.3 and 3.4). Both modes show the
presence of two branches of the dust aerosol distribution: the southern branch (SB) over the Indus
river basin and Thar desert north-west of Aravalli range, with a sharp west-east gradient parallel
to the southern slopes of the Himalayas; and the northern branch against the slopes of the Tian
Shan and over the Takla Makan desert in the Tibetan Plateau.
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Figure 3.3: EOF 1 (a) and EC1 (b) computed from MODIS monthly aerosol optical
depth (AOD) using the combined product of dark target approach and deep blue algorithm.
[Terrain contours are plotted at 500 m interval from 500m to 8000m]
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Figure 3.4: EOF 1 (a) and EC1(b) computed from TOMS daily aerosol index (AI)
indicate a dominant mode over the Indus river basin and Thar desert with a sharp west-east
gradient along the southern slopes of the Himalayas.
The northern branch is associated with the active dust storms in the Takla Makan desert
in the Xinjiang region of Western China (Figure 3.1b and 3.5a). A sandy haze covers most of the
oval shaped desert, which sits in a depression between two high mountain ranges: the Tian Shan
to the north, and the Kunlun to the south. Earlier, Lau et al. (2006) and Lau & Kim (2006) noted
that the two branches of AOD should be composed primarily of dust aerosols originating from the
deserts, whereas carbonaceous aerosols from biomass burning over the northwestern India and
Pakistan should be present in the chemical composition of the Southern Branch. Blocking of
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incoming air masses by the mountain ranges in the north and west of the Indus river basin (Figure
3.1a) is primarily responsible for the buildup of the southern branch. This blocking creates a
favorable spot for aerosol accumulation, which is sustained by the dust originating from the Thar
desert and arid regions in Pakistan, Afghanistan and farther west.

a)

b)

Figure 3.5: MODIS image of dust storm over Takla Makan desert, northern slopes
of Tibetan plateau (a) and Thar desert, north-western part of India (b). Source: VISIBLE
EARTH NASA Image.
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Figure 3.5b shows the MODIS visible image of a storm that stretches for over 1,000
kilometers (about 620 miles) from central Pakistan into northern India in June 2005, which
exhibits morphology typical of dust storms in the region in spring and summer. The heat low over
the desert results in strong convergence inducing dry convection that carries surface dust aloft to
be subsequently transported away by the prevailing winds (see the dust plume in Figure 3.5b).
The blocking effect of the terrain is evident from the sharp W-E gradient of aerosol concentration
along the foothills of the Himalayas in the southern branch (SB) of EOF1 for TOMS AI and
MODIS AOD ( 68ο E to 80 ο E ). The MODIS SB EC1 indicates that AOD starts building up in
April-May, peaks in July, and is followed by a decline in August and September consistent with
the retreat of the monsoon. Persistent build up of aerosol in May-June-July is present over the six
year span of the study (2002 - 2007). This aerosol build up and the decline in the second-half of
the monsoon is explained by the strengthening and decay phases of the low level westerly flow
that can bring pollutants all the way from the east coast of Africa and the Middle East (Lau et
al.2006).

The second mode (EOF2) of MODIS AOD shows a spatial pattern with maximum
amplitude in the Takla Man desert over the months of March-April-May (see EC2), and accounts
for 15 % of the overall variance (Figure 3.6a,c). The southern branch appears with peaks in the
northwest sector of the Indus river basin downwind of the Thar desert and extends eastward in the
IGP aligned with the slopes of the Himalayas. EC2 (Fig. 3.6c) displays two distinct peaks in
aerosol build up that correspond to the bimodal peaks of the area-averaged time-series of AOD
over the Takla Man desert (78-81oE, 37-39oN), one during the pre-monsoon season and another
peak in the monsoon season.
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Figure 3.6: a,b)EOF 2 and EOF 3 from MODIS AOD using the combined product
of dark target approach and deepblue algorithm. c,d) EC2 and EC3 of the corresponding
spatial patterns of EOF2 and EOF3 of MODIS AOD respectively.
The third EOF mode (EOF3) of MODIS AOD is dominant along the Ganges basin,
bounded by the Aravalli range to the west and by the Bay of Bengal in the east and accounts for 7
% of the overall AOD variance. Earlier studies by Chiao and Barros (2007) focused on the role
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of the Aravalli range as a hydro-meteorological dryline separating western, drier and more
unstable air masses from moist and relatively stable air masses from the Bay of Bengal.
Likewise, note the well defined belt of haze on the foothills of the Himalayas eastward of 80 ο E
in the north-eastern sector of the IGP (see Figure 3.6b). This also explains the phase shift in the
build-up and decay of the EOF3 of MODIS AOD (April-May-June) with regard to EOF1. The
development of low level convergence in this zone during the month of May as observed in the
900 hPa wind fields (Figure 3.2b) results in the accumulation of emissions from the IGP that mix
with pollutants from the west (especially dust) and the east, creating a more mixed aerosol
loading. The decline of the third EOF mode west of the Aravalli in June is due to the onset of the
monsoon in northern India and contrasts with the August-September decline of the first EOF
mode. After the monsoon season is over, the aerosol again starts to peak during the winter season
(Dec-Jan) [Gautam et al. (2007)]. Thus, the Aravalli range appears to separate two different
modes of regional aerosol variability in the lower atmosphere.
3.4.2

Rainfall and Cloud Variability
Strong gradients of cloudiness and rainfall are aligned along the Western Ghats in the SW

of India, the SW coastlines of Bangladesh and Burma, and the southern slopes of the Himalayas.
The modes of rainfall and cloudiness are highly correlated indicating clouds as tracers of the
anomalous monsoon rainfall. The first EOF mode (EOF 1) of TRMM 3B-43 rainfall (Figure 3.7)
explains 63% of the overall variance and captures the strong gradient of monsoon rainfall
prevalent over the Western Ghats and near the Bay of Bengal, as well as a substantial amount of
rainfall in Central India. The scarcity of monsoon rainfall over the arid region of NW India is
concurrent with the strong gradient of aerosol build-up in the region which peaks in July as per
the first EOF mode of MODIS AOD and TOMS AI.
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Figure 3.7: a,b) EOF 1 and EOF 2 obtained from the TRMM monthly accumulated
rainfall product. c,d) EC1 and EC2 of the corresponding EOF1 and EOF2 of the TRMM
rainfall respectively.
As discussed before, the convective activity is confined to the east of the Aravalli range
during the monsoon. The first EOF mode of rainfall displays a strong gradient aligned with the
lower foothills of the Himalayas during the JJAS period consistent with the orographic
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modulation of low level depressions that propagate westward from the Bay of Bengal and
produce large rainfall [Lang and Barros (2002)]. In the analysis of summer monsoon rainfall in
1999, 2000 and 2001 in the Marsyangdi river basin in Central Nepal, Lang and Barros (2002)
noted that the spatial distribution of precipitation was primarily due to the specific track of
monsoon depressions originating from the Bay of Bengal, specifically whether they veer toward
or away of the Himalayas. On the other hand, large differences in rainfall (up to a factor of 8)
were also observed within a high density network with raingauges placed within 1-2 km from
each other illustrating the importance of small scale orographic effects in modulating rainfall.
Although the EOF analysis of monthly TRMM3B-43 rainfall data used here are not able to
discern the active and break phases of monsoon that take place at sub-monthly time-scales
(Krishnamurthy and Shukla, 2000; Barros et al., 2004), the presence of large spatial patterns of
the same sign in northern India and the southern foothills of the Himalaya indicates that the
dominant mode of the JJAS seasonal variation of rainfall is robust.
The first EOF mode (EOF1) of the MODIS Cloud Optical Depth (COD, Figure 3.8)
explains 35% of the variance and shows cloudiness associated with the monsoon over the
Western Ghats of southwest India and the SW coastlines of Bangladesh and Burma. Variation
over the southern slopes of the Himalayas is only apparent in the second mode (EOF2) of MODIS
COD corresponding to 12% of the variance consistent with the highly transient nature of regional
circulation in the region.
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Figure 3.8: a,b) EOF 1 and EOF 2 obtained from the MODIS COD product. c,d)
EC1 and EC2 of the corresponding EOF1 and EOF2 of the MODIS COD respectively.
The EOF2 pattern is linked to westerly disturbances propagating eastward along the foothills of
Himalayas during the winter and the dominant monsoon season (JJAS) [Shrestha (2000),
Kansakar et al. (2004)].

EOF2 also shows distinct cloudiness patterns in the Northern India
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Convergence Zone (NICZ, a convergence zone constrained to the Ganges valley and the
Himalayan range, Barros et al. 2004). In northern India, EOF2 of COD is positive while EC2 is
negative in May and Oct-Nov. This implies less cloudiness in May and Oct-Nov in northern India
consistent with the expansion and retreat of cloudiness patterns over the NICZ and the latitudinal
excursions of the ITCZ (Intertropical Convergence Zone) during the pre and post-monsoon
seasons. In the ITCZ the May cloudiness pattern precedes the onset of the summer monsoon
while the October-November cloudiness is associated with the retreat of the monsoon. In fact,
the first two modes of the rainfall (Fig. 3.7) and COD (Fig. 3.8) capture the northward movement
of the Indian monsoon: the first mode corresponding to the annual cycle of the monsoon proper,
and the second mode corresponding to the semi-annual cycle showing the southern rain band in
the spring (before the monsoon onset) and in the fall (after the monsoon retreat). EOF3 of
MODIS COD (not shown) explains 8% of all variance and exhibits a spatial pattern that is
consistent with deep convection activity consistent with the highest intensity of lightning strikes
detected by the Lightning Imaging Sensor (LIS, http://thunder.msfc.nasa.gov/) in the Manhadi
Valley against the topography of the Eastern Ghats, in the Bramaputhra valley against the Garo
Khasi Mountains, and in the mountainous region of the Indus river valley in the western
Himalayas. Although consistently positive in March and April when lightning activity peaks up
in the region, EC3 is characterized by very large interannual variability.
The temporal correlation of the ECs between TRMM rainfall/MODIS AOD and MODIS
COD/AOD were also examined. The highest correlation (r =0.86) is found among the first modes
of MODIS AOD and COD and between the first modes of MODIS AOD and TRMM
precipitation (r=0.85) with a lag of 1 month and correlation length of five-months. Further, a
survey of the temporal evolution of the standardized anomalies of ECs of the first modes of
MODIS AOD and TRMM rainfall and MODIS AOD and COD indicates that the sign is the same
(i.e., the anomalies are in phase) about 50% of the time with maximum agreement for the month
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of May. Although the data sets are short at present to elaborate on inter-annual variability effects,
the anomalies do suggest a positive relationship between the monsoon rainfall and the
development of the first mode of MODIS AOD. The first spatial mode (EOF1) of clouds and the
rainfall are aligned along the Bay of Bengal and the Western Ghats of India, and the first spatial
mode (EOF1) of AOD is aligned NW of Aravalli range, these modes reflect different source areas
for moisture (ocean) and aerosol (the middle-east, deserts and urban areas in northwest India), but
both are modulated by the same regional circulation patterns [Lau et al. (2006), Barros et al.
2004]. Regarding the standardized anomalies of the first mode of MODIS AOD and the second
mode of TRMM rainfall, the most consistent agreement is in June and July: that is, the increase in
monsoon rainfall over Central India and the southern slopes of Himalayas is concurrent with the
increase in AOD over NW of Aravalli range. Thus, the same large-scale dynamics drive aerosol
and moisture transport in the region.

3.5

Joint Variability
The coupled modes of variability between the time series of two fields were analyzed by

singular value decomposition (SVD) of the covariance matrix between the two fields. The
relevant property of the left and right singular vectors obtained from SVD is that they maximize
covariance and hence are the patterns themselves. The expansion coefficients (a,b) are obtained
as the projection of the fields on the left and right singular vectors respectively (see Bretherton et
al. 1992, Storch and Zwiers 1999 for detailed discussions). The analysis was applied to pairs of
TRMM precipitation, MODIS AOD and COD for a time span of six years from 2002 to 2007.
The TRMM precipitation data (0.25o × 0.25o) was interpolated to the same grid (1o ×1o) of the
MODIS products. Further, to identify temporal relationships among the fields, the correlation of
the expansions coefficients of the pair of patterns (fx, fy) at different lags was calculated (Table
3.2). All the patterns exhibited a strong correlation at zero lag.
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3.5.1

TRMM precipitation-MODIS AOD
The first pair of patterns has a maximum squared cross-covariance of 96 % and resembles

the first two EOF modes of MODIS AOD and the first mode of TRMM rainfall (Figure 3.9,
Table 3.2). The main features of the TRMM precipitation are the heavy rainfall over the Western
Ghats of India, Bay of Bengal, and a narrow strip of precipitation along the Himalayas associated
with the strong monsoon season. The MODIS AOD shows a dominant mode in the Indus valley
with sharp W-E gradient running parallel to the southern slopes of Himalayas. But this pair of
patterns is not exactly collocated and has the same signs i.e. similar (in phase) build up and decay
cycles. These spatial modes reflect different source areas for moisture and aerosols, with the
same large scale dynamics driving the aerosol and moisture transport into the region. The patterns
and the lag coefficients are consistent with the timing and spatial signature of monsoon dynamics.
The expansion coefficients of the first pair of patterns show a strong correlation at zero lag during
the monsoon season (Figure 3.10a). The second pair of patterns has a squared cross-covariance of
only 3 %, though the morphology of the spatial features resembles the EOF2 of TRMM rainfall
and EOF3 of MODIS AOD. Notice in particular the MODIS AOD pattern extending
from 80 ο E ~ 90ο E that peaks during the winter and pre-monsoon season and decays abruptly
during the monsoon season (Fig. 3.10a [Pattern 2], Table 3.2). The areas of anomalous aerosol
buildup during the pre-monsoon season and the areas of high rainfall during the monsoon are
collocated and have opposite signs indicating scavenging of aerosols by rainfall (see Fig. 3.9).
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Figure 3.9: The first two spatial patterns of TRMM precipitation (fx1,fx2) and
MODIS AOD (fy1,fy2) that explains the maximum covariance between the two fields.
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Figure 3.10: The time series of the expansion coefficients between the pair of
patterns: a) Spatial patterns of TRMM precipitation and MODIS AOD, b) Spatial patterns
of MODIS COD and MODIS AOD
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3.5.2

MODIS COD and AOD
Similar to the results obtained for TRMM Precipitation and MODIS AOD, the first pair

of covariance patterns for MODIS COD and AOD has the maximum squared covariance of 87 %
, and the MODIS AOD pattern resembles its first mode (Figure 3.11).

Figure 3.11: The first two spatial patterns of MODIS COD (fx1, fx2) and MODIS
AOD (fy1, fy2) that explains the maximum covariance between the two fields.
The cloudiness in the first pattern however differs from the first mode of MODIS COD. The time
series of the first pair of patterns between COD and AOD (Fig. 3.10 b) indicate a persistent
presence of cloudiness along the Bay of Bengal and Himalayas with a weak signal of cloudiness
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over the Western Ghats. On the other hand, the aerosol loading is also present throughout the year
along the southern and northern slopes of the Tibetan plateau but it does exhibit an annual cycle
with peaks during the monsoon. These two signals appear to explain the maximum crosscovariance, although the time series do not have high correlation (Table 3.2). Unlike the gradual
build up and decay of the annual cycle of precipitation (Fig. 3.10a, pattern 1), cloudiness is
present throughout the year but increases dramatically during the monsoon (Fig. 3.10b, pattern 2).
The first modes of TRMM rainfall, MODIS AOD and MODIS COD explain 63%, 50% and 35%
respectively of the total variance with comparatively lowest magnitude for the COD.

SVD

analysis of TRMM rainfall and MODIS COD (not shown here) show spatial patterns consistent
with TRMM EOF1 and EOF2. The temporal variability of the coefficients of the second patterns
exhibit higher negative values for COD compared to rainfall in the late fall and winter season,
consistent with a strong regional increase of cloudiness without significant rainfall at that time of
the year. This signal was highly dominant in the NW part (58-75E, and 30N-47N) and appears in
the first EOF of COD. AOD and rainfall on the other hand show a distinct monsoon peak only.
This difference in seasonal behavior provides a possible explanation for the different spatial
patterns of rainfall and COD associated with similar AOD (Figs. 3.9 & 3.11).
The second pair of patterns explains 10% of the squared cross-covariance with a strong
correlation between the time-series of the patterns (Table 3.2). It shows the distinct monsoon
signal with cloudiness over the Western Ghats, Bay of Bengal and Eastern Ghats, and it is
coupled with the built up of aerosol over the Arabian sea. The expansion coefficient of the
MODIS COD for the second pair of patterns explains the cloudiness over the Western and
Eastern Ghats of India, Bay of Bengal and northern India along the IGP during the summer
monsoon and the cloudiness over the Himalayan topography, north-eastern India and the northern
Pakistan, and near the ITCZ during the remainder of the year (Figure 3.10b).
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Table 3.2: Cross-correlation between the expansion coefficients of the pair of
patterns
TRMM Precipitation-MODIS AOD
Lag

-3

-2

-1

0

1

2

3

Covariance explained

0.16

0.60

0.84

0.88

0.58

0.16

-0.29

96% (a1,b1)

-0.56

-0.18

0.38

0.71

0.44

0.14

-0.05

3 % (a2,b2)

MODIS COD and MODIS AOD
-0.20

-0.12

-0.05

0.27

0.24

0.15

0.16

87 % (a1,b1)

-0.08

0.32

0.68

0.87

0.71

0.45

0.04

10 % (a2,b2)

Similar to the second pair of TRMM precipitation and MODIS AOD, an inverted Lshaped pattern of aerosol is visible in the north-eastern sector of India bounded by the Himalayas
over Nepal. This aerosol pattern peaks during the winter and pre-monsoon seasons and is
collocated with the areas of cloudiness along the IGP but with opposite sign (see Fig. 3.11), thus
suggesting possible interaction with the clouds before and during the onset of the monsoon.

3.6

Conclusions
The space-time patterns of the first EOF modes of satellite-based precipitation (TRMM

3B-43), Aerosol Optical Depth (AOD), Aerosol Index (AI), and Cloud Optical Depth (COD)
reflect large-scale circulation patterns modulated by the Himalayan range. Indeed, the overall
EOF spectra is consistent with the results pointed out by Barros et al. (2004) for the Himalayas
and by Giovannetone and Barros (2009) for the Andes with the first EOF mode explaining 45-55
% of the overall variance of all observations in continental regions where orography plays the
dominant role in organizing regional circulation and transport patterns. Analysis of the regional
mean flow shows that the blocking and convergence effects over the Indus river basin and Thar
desert and along the foothills of the Himalayas over Nepal create favorable conditions for the
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accumulation of both remote and local aerosol establishing sharp regional gradients, which is
consistent with the

spatial modes of aerosol variability obtained from EOF analysis. Two

different modes of aerosol buildup that develop east and west of the Aravalli range can be clearly
identified from the analysis of the space-time patterns defined by EOFs and ECs. The spatial
pattern of the third mode of AOD is collocated with the first and second mode of TRMM
precipitation and MODIS COD respectively. The first EOF modes of COD and precipitation
show consistent patterns against the central and eastern Himalayas and the Western Ghats and
along the ocean-land boundaries in western India and the Bay of Bengal. The break in cloudiness
between the winter and the monsoon captured by the second EC of MODIS COD coincides with
the aerosol build up mode (April-May) over the region corresponding to the transition between
distinct modes of cloudiness from cold (winter) to warm (monsoon) seasons. These results
confirm previous work regarding the relationship between the anomalous aerosol buildup during
the months of April and May and the pre-monsoon rainfall regime by aerosol cloud interaction.
Earlier, Lau et al. (2008) provided evidence for aerosol indirect effect over the IGP using the
MODIS derived cloud effective radius and AOD by showing smaller effective radius of cloud
drops less than 10um over the regions of polluted cloud. In addition, Tripathi et al. (2007)
examined the MODIS AOD and liquid/ice cloud effective radius from 2001 to 2005 over the IGP.
In their study, for increasing cloud cover fraction, best correlation between liquid/ice cloud
effective radius and AOD was obtained during pre-monsoon season, suggesting an increase in
indirect effect with increase in cloud cover during the pre-monsoon season. The strongest
correlation was obtained when cloud fraction was 0.6~0.8 but then it decreased for higher values,
suggesting a possible threshold for the aerosol indirect effect.

The SVD analysis between

rainfall, COD and AOD showed the presence of aerosol loading (resembling EOF3 of MODIS
AOD) extending from that peaks during the winter and pre-monsoon season and decays sharply
during the monsoon season: the areas of anomalous aerosol buildup during the pre-monsoon
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season and the areas of high rainfall/cloudiness during the monsoon are collocated and have
opposite signs suggesting aerosol-cloud-rainfall interaction.
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4
4.1

Field Campaign
Introduction
The southern slopes of the Himalaya in Nepal encompass the Terai (flat plains), Siwalik

range (Churia hills), the Middle mountain (Mahabharat range) region and the High mountains.
The Churia Hills are the outermost hills of the Himalayan system, separating the inner deep
valleys in the middle mountain range from the Terai (600m in elevation) and the Indian Gangetic
Plain (IGP). Major tributaries to the Ganges such as the Koshi, the Narayani, the Rapti, and the
Karnali along with other small rivers mostly originating from the Himalayas cut through the
Churia hills before reaching the IGP. The valleys of these rivers create deep narrow pockets
suitable for the accumulation of aerosols advected into the region from the low lying Indian
Gangetic Plains, thus modulating their spatial distribution along the Middle mountain region. This
potentially has a strong effect on the microphysics of orographic precipitation in this region by
modulating the cloud condensation nuclei (CCN) spectrum (the so called indirect effect). Since
both riming and collision of water droplets following coalescence is prerequisite for efficient
precipitation [White et al.(2003), Lascaux et al. (2006), Rotunno and Houze (2007)], inhibition of
this cloud microphysical process due to an increase in CCN concentration influences the
precipitation efficiency of the system [Barros and Lettenmaier (1994), Rosenfeld and Lensky
(1998), Khain et al. (2000), Ramanathan et al.(2001),Andreae et al.(2004), Tao et al. (2007), Lau
et al. (2008) , and many others].

In order to study the aerosol indirect effect, a direct

measurement of the CCN spectrum is required or, alternatively, it can be estimated from observed
aerosol size distribution and chemical composition. The latter provides a strong physical basis to
study the aerosol indirect effect as it links the CCN spectrum to the observed aerosol size
distribution and its physical properties [Razzaq et al. (1998), Cohard et al. (2000), Khvorostyanov
and Curry (2006)].
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Very few studies have been conducted to measure the aerosol size distribution in Nepal,
and most of those have been limited to very high altitude regions: Ikegami et al. (1978) measured
the size spectrum of background aerosol observed at Shorong Base Camp (Nepal, 4900 m), and
Venzac et al. (2008) report on the aerosol size distribution (diameter range 10-700nm) in the
Khumbu Valley (5,079 m). Hindmann and Upadhyay (2002) measured condensation nuclei (CN)
at different elevations (1300~5000 m), and suggested that valley winds may be responsible for
transporting pollution from the valley to the ridges. Recently, the role of ridge-valley circulation
for Kathmandu Valley was explored in detail by Panday and Prinn (2009) and Panday et al.
(2009) to explain the observed diurnal cycle of carbon monoxide (CO) in the valley. However, no
field campaigns were previously undertaken to measure the aerosol size distribution in the mid
and lower altitude ridge-valley regions, where orographic precipitation could be modulated by the
aerosol haze extending from the IGP.
The chemical composition of aerosol in the Himalayas has been studied in detail by
Shrestha et al. (2000, 2002), Carrico et al. (2003) and Stone et al. (2009). In particular, Shrestha
et al. (2000) conducted a 15 month long study of inorganic aerosol species at Phortse (4100 m
amsl.; 27.351N 86.345E, Sep 1996-Nov 1997) and Jiri (1900 m, amsl; 27.338N 86.314E, Sep
1996-Oct 1997) that revealed seasonal variations in the soluble inorganic component of aerosol
which they attributed to changes in atmospheric circulation. Carrico et al. (2003) reported the
monthly averages of ground -based measurements of chemical and optical properties of aerosols
at two locations in Nepal: (Langtang 28.13N, 85.60E, 3920m and Nagarkot, 27.72N, 85.52E,
2150m) from 1999 to 2000. Their study showed a prominent seasonal pattern associated with the
Asian monsoon, featuring a peak aerosol concentration in February-May (pre-monsoon season).
They also attributed the seasonal variation in aerosol chemical properties to synoptic scale
weather patterns: dry air masses brought by strong westerly during the pre-monsoon and the post
monsoon seasons, and moist air masses transported by weak southerly flow during the monsoon,
suggesting that well mixed air masses affect the ground based observations in both cases. The
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composition of aerosol reported by Carrico et al. (2003) was dominated by organic matter,

SO42− , NH 4+ and NO 3− , and a substantial portion of the PM2.5 mass was water insoluble and noncarbonaceous (25%~45%). Stone et al. (2009) reported similar monthly averages for organic
matter, and the ratio of unidentified mass to the PM2.5 mass from 1 year sampling at Godavari,
southern edge of Kathmandu Valley. The fraction of soluble ionic species along with their
chemical composition provides supplementary information in determining the CCN
characteristics, but little or no information is known about the aerosol size spectrum over these
valleys from which preliminary estimates of CCN can be deduced. In addition, due to the
dominance of organic species, the soluble organic fraction also has an important effect in
correctly determining the CCN spectrum.
Here, we report on simultaneous ground measurements of aerosol size distribution along
with the chemical composition of aerosols using Scanning Mobility Particle Sizer (SMPS) and
three different filters during the Joint Aerosol Monsoon Experiment (JAMEX, May~June 2009)
in Central Nepal. Two sites were selected for sampling: the first site is relatively urban and near a
large local source (Kathmandu Valley), the second site is a remote small rural town at the bottom
of the Marsyangdi river valley, enroute to a popular Annapurna trekking trail. Data from these
two sites permit intercomparison of aerosol size distribution for very different local conditions to
assess the relative contribution of the locally generated aerosols and the IGP haze extending into
the region. In this manuscript, we present an analysis of the variability of the local aerosol size
distributions and major aerosol chemical components, including water-soluble organic material.
The observations are interpreted in the context of local meteorology and the large scale
circulation during the sampling period. The estimation of hygroscopic growth factors and the
linkages of aerosol properties with CCN activation parameters will be addressed in a forthcoming
paper. The manuscript is organized as follows: Section 4.2 describes the selection of sites, field
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measurements and analysis description. Results are discussed in detail in section 4.3. Finally,
summary and conclusions are presented in Section 4.4.

4.2

Experimental Method
Earlier ground based measurements at different elevations on the southern slopes of the

Himalayan range revealed the occurrence of episodes of regional scale pollutant transport from
the low-lying Indian Gangetic Plain (IGP) and the development of south-westerly during the premonsoon season. However, ground based measurements are always affected by local emissions
(natural or anthropogenic) and long-range transport cannot be easily distinguished from local
sources. Conceptually, the ideal sampling location should be remote, and the data should have a
high signal to noise ratio, where the signal would be the long range transport, and the noise would
be the local emission. However, such locations will also typically lack proper access roads,
electricity and other necessary utilities to conduct field experiments. Furthermore, such sites also
have their own natural variability: for example, Bonasoni et al. (2008) reported locally suspended
dust particles at a high altitude sampling site in Khumbu (5059 m). In this study, the two
locations are in populated areas.
Two sampling sites were chosen during this field experiment: one of the sites was
downwind of the largest city in Nepal, Kathmandu Valley, and the other was at the small town of
Besisahar, a relatively remote location in Central Nepal. Both locations are influenced by the
large scale transport of pollutants from the IGP and by local sources, but the relative contributions
of these should differ between the two sites. The timing of the field experiment was based upon
the results from exploratory data analysis of remote sensing products retrieved from satellitebased sensors [e.g. Moderate Resolution Imaging Spectroradiometer (MODIS), Total Ozone
Mapping Spectrometer (TOMS)], which showed that the aerosol build up over this region
coincides with the pre-monsoon season (March-April-May), and is later washed away by the
monsoon rain (June, July, August, September, hereafter JJAS) [Shrestha and Barros (2010)].
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Figure 4.1: Sampling locations: Site A (Dhulikhel), Site B (Besisahar) and nearby
locations where previous studies on aerosol physical/chemical properties were carried out.
Elevation contours are plotted at following levels: 500, 1000, 1500, 2000, 4000, 5000 meters.
The elevation data was downloaded from the USGS gtopo30 data.
Ground based measurements of aerosols were conducted during the months of May-June,
2009. The urban site was located within the campus of Kathmandu University (KU), Dhulikhel
(27.601N, 85.538E, 1510m, hereafter referred to as Site A, Fig.4.1) and is 30 km southeast
(downwind) of the Kathmandu Valley (approximately more than 2 million inhabitants). The
instrumentation at Site A was placed on the roof top of a three storey building, surrounded by the
premises of KU, an agricultural field and playgrounds to the east, west and north and a few
residential buildings in the south. Another major city, Banepa is located approximately 2.5km
NW from the sampling site, and a densely populated housing area is located on the eastern
hillside, 1.3km from the sampling site. Because Dhulikhel is downwind of Kathmandu Valley,
the influence of pollutants from the city is expected, and measurements are likely to represent a
combination of well mixed aerosols from Kathmandu and the broader regional background.
Regmi et al. (2003) indicated that the major surface winds in the Kathmandu Valley are
southwesterly and northwesterly, which merge into the westerly wind channeled to Banepa
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Valley. During the night time and early morning, the Kathmandu Valley is filled by a thick cold
air pool at low elevations favored by the bowl shaped topography of the high mountains [Regmi
et al.(2003)]. Thus, any transport of pollutants from the Kathmandu Valley to the sampling site at
Kathmandu University is expected only during day time.
The second location, Besisahar (28.232N, 84.375E, 786m , hereafter Site B) is at a low
lying narrow cross-section in the Marsyangdi river valley (Fig. 4.1) with approximated area of 6.2
km2, 42 km north of the main highway and a total population of 8,616 (2001 census). The
instrumentation at Site B was placed on the roof top of a two-storey building surrounded by
residential areas and agriculture fields (growing maize) in the north, and in a close proximity to
the hill on the south. The main local source of air pollutants is from household cooking (using
primarily wood, kerosene and gasoline as fuel). Because of the NS orientation of the Marsyangdi
river valley, Besisahar provides a relatively clean location to test the large scale transport of
aerosols by southerly winds during the pre-monsoon season.
4.2.1

Aerosol Size Distribution Measurements
Scanning Mobility Particle Sizer (SMPS) was used to measure aerosol size distribution

with sizes in the range 14 nm – 340 nm. The SMPS was run continuously from May 14 to May
25 at Site A, and from May 28 to June 6 at Site B. The SMPS consisted of a Differential Mobility
Analyzer (DMA, TSI model 3071) and a Condensation Particle Counter (CPC, TSI model 3010).
The DMA was operated in sheath recirculation mode, the flow being provided by an AMETEK
Minispiral blower. The flow rate was monitored using a mass flowmeter (TSI model 4140). The
voltage was supplied to the DMAs by a high voltage power supply (Bertan model 605C). Flow
rates check and leak tests were performed daily.
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The aerosol size distribution data were fitted with multi-mode lognormal functions using
one to four lognormal functions for each measured size distribution. The fit criterion was chosen
to satisfy a χ 2 goodness of fit test at 5% significance level with minimum number of modes.
4.2.2

Filter Sampling and Analysis
Filter sampling was conducted from May 5 to May 25 at Site A and May 28 to June 6 at

Site B. Three parallel filter samples were collected over a nominal period of 12 hours for Site A
(7AM~7PM) and 21 hours for Site B (10 AM~7AM next morning): Teflon membrane for ion
chromatography (IC), and water-soluble organic carbon (WSOC) analyses, Quartz fiber for
organic carbon (OC) and elemental carbon (EC), and Polycarbonate membrane for Scanning
Electron Microscopy (SEM) analysis. Filter sampling duration was regularly interrupted by
power outages at both sites, reducing the actual sampling time, which was corrected based upon
the data outage recorded by the SMPS and the relative humidity (RH) sensors. The duration of
each electricity outage was on average 1.22hr (approximately ranging from 0.5 ~ 2.5 hrs) and 3.7
hr (approximately ranging from 0.5 hr to 6 hr) for Sites A and B respectively. The filter collection
system was arranged as follows: the air was collected at 2 m above the surface through a Tefloncoated PM2.5 cyclone (URG Inc.). The flow after the cyclone was split into three lines: 15 L/min
for the Teflon filter, 11 L/min for the quartz fiber filter, and 2 L/min for the polycarbonate filter.
Flow rates through the three filter lines were controlled by three critical orifices (BGI Inc.).
Shorter sample duration (12 hrs) for Site A was used to avoid overloading the polycarbonate
filters, which may render them useless for SEM (Scanning Electron Microscope) analysis (the
polycarbonate filters have not yet been analyzed at this time). The samples were shipped between
Nepal and the US in air-tight petridishes (along with dry ice) and kept frozen before analysis.
Teflon filters were extracted by placing them in 25 mL of double-dionized (18MΩ•cm )
water and sonicated for one hour. The extract was split into two equal parts. One part was used
for determining the major inorganic aerosol species: Na+, NH4+, K+, Ca2+, Mg2+ ,Cl-, NO3-, SO4273

using cation and anion ion chromatographs (IC, both Metrohm 761, the anion unit was equipped
with a suppressor). The other part of the extract was used for WSOC (Water Soluble Organic
Carbon) and WSN (Water Soluble Nitrogen) analysis using the high sensitivity TOC/TN analyzer
(Shimadzu TOC-Vcsh). Since the TOC/TN instrument can not distinguish between water-soluble
and water-insoluble components in the solution, the sample was filtered through a 0.2 μm pore
Teflon membrane filter to remove water-insoluble particles. Water Soluble Organic Nitrogen
(WSON) was determined by subtracting the total nitrogen measured with the ICs from WSN
measured with the TOC/TN. The details of the organic nitrogen determination using
measurements of the total and inorganic nitrogen can be found in Lin et al. (2010).
Quartz-fiber filters were pre-baked in an oven at 500oC for 12 hours to remove
carbonaceous contamination prior to shipment to Nepal. The Quartz fiber filters were analyzed
for organic carbon and elemental carbon content using a thermal-optical-transmission technique
(Turpin et al., 1990) and the Sunset Laboratories Thermal Optical Transmittance (TOT) OC/EC
(Organic Carbon/Elemental Carbon) analyzer was used. Blank filter samples were also taken at
both sampling sites and used for correcting all the results obtained during the study.
4.2.3

Local Meteorology
The local meteorological variables were measured simultaneously using a Väisälä

weather station (WXT500) at both sites. Pressure, temperature, wind speed, wind direction and
precipitation were measured continuously during the sampling period at intervals of 10 seconds
and 5 minutes for Sites A and B, respectively.
The 2009 monsoon advanced into Eastern Nepal on June 23, thus delayed by roughly two
weeks according to monsoon climatology. A large fraction of the country was much drier and
warmer than normal before the onset. The precipitation in first week of June was primarily due to
the western disturbances which generally become weaker and do not reach Nepal from the second
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week of June onward (Preliminary Weather Summary of Nepal, June 2009: DHM,
http://www.dhm.gov.np/).

4.3
4.3.1

Results
Local Meteorology

The pattern of wind speed and direction observed at Site A indicates southerly inflow (probably
associated with downslope mountain wind from the southern hills) during the night till early
morning. After 9 AM, the wind direction rotates to become easterly (Fig. 4.2a).
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Figure 4.2: Local Meteorological Variables measured during sampling: a) and b)
Diurnal wind speed and wind direction at Site A and Site B, respectively. The red-dots are
the outliers which have a value more than 1.5 times the interquartile range away from the
top and bottom of the box, c) and d) Daily accumulated precipitation at Site A and Site B,
respectively.
As solar heating increases, the wind direction rotates clockwise until it becomes westerly in
the afternoon consistent with local ridge-valley circulations. The wind speed also reaches its
diurnal maximum at this time. At Site B, the flow is westerly ranging from south-westerly to
north-westerly at night time. During daytime, south-easterly flow develops from 9 AM to 4 PM
with peak wind speeds around noon (Fig. 4.2b). These wind patterns suggest that the day time
aerosol distribution is primarily affected by valley winds transporting air masses from the plains
to the valleys, whereas at night, the cold mountain winds flow downward from the hill tops on the
western flank of the sampling location.
There were periodic rainfall events observed at Site A associated with local thunderstorms
and western disturbances that bring rainfall to Nepal during the pre-monsoon season (Barros et al.
2004). Figures 4.2c and 2d show the daily accumulated rainfall at Sites A and B, respectively.
The heavy precipitation event during sampling at Site B in the morning of June 5 was caused by a
westerly disturbance (see Section 4.3.4 for discussion).
4.3.2

Aerosol size distribution

4.3.2.1

General Characteristics

The aerosol size distribution at both locations exhibits significant variability on diurnal
time scales. Figures 4.3 and 4.4 show the time series of aerosol size distribution, total number
concentration, total volume concentration and geometric mean diameter for the entire sampling
periods at Sites A and B, respectively. The dates on the abscissa are marked at mid-night local
time (LT). Two distinct peaks (morning and evening hours) in the number and volume
concentration are present everyday for both sites. The aerosol concentrations reach a
daytime/nighttime minimum value in the afternoon and after midnight respectively, and the
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geometric mean of the size distribution also reaches its daytime/nighttime maximum during these
periods. A sharp decrease in aerosol number concentration is observed during the precipitation
events (marked by square black dots on the abscissa). Gaps in the data continuity are due to
electricity outages, when no measurements could be made. The bulk statistics of the number and
volume concentrations are presented for particle diameters (Dp<30 nm and Dp≥30nm) based
upon the location of observed larger and smaller mode, which are discussed in further detail in
Section 4.3.2.2.
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Figure 4.3: Diurnal evolution of dry air size distribution for Site A (Dhulikhel). a)
2D dry size distribution) Total number concentration [ cm −3 ; c) Total volume concentration
[ nm 3 cm −3 d) Geometric Mean diameter [nm]. The discontinuities in the data are associated
with electricity outages. The square dots (black/blue) on the bottom axis indicate
precipitation events.
The average total number concentration (± one standard deviation) of particles with diameter
(Dp) between 30-340 nm was 5334±3355 cm −3 for the entire sampling period at Site A. Note
that the standard deviation is of the same order of magnitude as the mean value, the coefficient of
variation [CV=standard deviation/mean] is very high, and therefore the information content of
bulk statistics is limited at best. Nevertheless, it is a standard reported in the literature, and thus it
is reported here also. The corresponding average total volume concentration was 8±4 µm 3 cm −3
(calculated assuming spherical particles). For Dp<30 nm, the average total number concentration
at Site A was 850±1407 cm −3 (CV>1) suggesting a very high day to day variability in Aitken
mode particles. At Site B, the average total particle number and volume concentrations for 30-340
nm were 7566±8013 cm −3 and 7±6 µm 3 cm −3 respectively. The high variability in the reported
mean concentrations for the entire sampling period at both the sites is caused by the two diurnal
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peaks in the morning and evening hours, so caution should be exercised in the use of grand
means; instead, a better representative of aerosol concentration at both sites is given by the
diurnal cycle discussed below.
At both locations, the observed aerosol peaks take place when the wind speed is calm during
the boundary layer (BL) transition growth in the morning and during the collapse of boundary
layer in the evening preceding the nocturnal stable layer. For Site B, during the BL transition
period, the wind veers from west to south in the morning (changing from downvalley to upvalley
wind), and from south to west in evening (changing from upvalley to downvalley wind) (Fig.
4.2b). At Site A, the wind direction changes from south to east during the morning peak period
with approximately southerly winds during the evening peak. The change in wind direction takes
place in the afternoon, from easterly to more westerly ( and then back to southerly (Fig. 4.2a).
The number concentration decreases as the wind speed starts to pick up during the daytime.
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Figure 4.4: Diurnal evolution of dry air size distribution for Site B ( Besisahar) a)
2D dry size distribution, b)Total number concentration [ cm −3 ;c)Total volume
concentration [ nm 3 cm −3 d) Geometric Mean diameter [nm]. The discontinuities in the data
are associated with electricity outages. The square dots (black/blue) on the bottom axis
indicate precipitation events.
During the non-peak emission periods, the average total number concentration for Dp ≥
30nm was 4054±2602 cm −3 and 3778±1043 cm −3 during the day (1000 to 1700 LT) and at night
(2300 to 0400 LT), respectively. Although the night time mean concentration of Dp<30nm was
low (163 cm −3 ), the day time mean concentration was still high and exhibited a strong variability
(1261±1971 cm −3 ) suggesting a higher influence of Aitken mode particles throughout the day at
Site A. The strong presence of Aitken mode particles during day time resulted in a lower
geometric mean diameter of 74nm which steadily increased to 96nm at night (Fig. 4.3d). The
corresponding total volume concentrations were 6±3 µm 3 cm −3 and 7±2 µm 3 cm −3 respectively.
For Site B, the average number concentration for Dp≥30nm was 3931±2856 cm −3 and
2252±803 cm −3 respectively for day time (1000 to 1700 hrs LT) and night time (2300 to 0400 hrs
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LT).

The

corresponding

volume

concentrations

were

5±3

µm 3 cm −3 and

4±2 µm 3 cm −3 respectively. The geometric mean diameter increases from 78nm (daytime) to
99nm (night time) suggesting a decrease in Aitken mode particles (Fig. 4.4d). The nighttime
mean total aerosol number concentration for Dp<30nm was 59±76 cm −3 and 545±913 cm −3
respectively. Earlier, Komppula et al (2009) reported mean aerosol concentrations of 4290cm −3
during the month of March-May at a remote location with minimal local emission (Mukteshwar,
India, adjacent to Manora Peak, see Fig. 4.1), which is lower than the observed mean for the
whole sampling period at both sites in this study. This is primarily due to observed diurnal cycle
of aerosols, with peaks in the morning and evening, documented in this current study. In fact, the
daytime/nighttime averages are comparable and even lower than the seasonal mean total
concentrations at Mukteshwar, India. Venzac et al. (2008) reported an average concentration of

560 ± 160cm −3 from 03:00 to 08:00 LT throughout the measuring period in pre-monsoon season
at the Himalayan Nepal Climate Observatory at Pyramid (NCO-P, see Figure 4.1) site in the
Khumbu Valley (5,079m ), but the mean seasonal values peaked at 2000cm −3 during day time.
Recently, Sellegri et al. (2010) report an integrated (nucleation, Aitken and accumulation mode)
aerosol concentration of 1480cm-3 (10:00 to 18:00 LT) and 675cm-3 (03:00 to 08:00 LT) during
the pre-monsoon season at NCO-P (May 2006 to May 2008). The corresponding volumetric
concentration over the accumulation mode was 2.51 µm3cm-3 (10:00 to 19:00 LT) and 1.47 2.51
µm3cm-3 (03:00 to 08:00 LT). Both number and volume concentration indicated lower
concentration during the night time. In this study, we also found lower concentration of aerosols
at night time at both study sites (23:00 to 04:00 LT). However, the nighttime mean concentrations
at Site A and B are respectively on the order of 6 and 3 times the measured mean nighttime
concentration at NCO-P, which is representative more of a tropospheric background.
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Figure 4.5: Mean aerosol size distribution for the entire sampling period a) Site A
and b) Site B. All represents the whole samples. Day represents the sampling done from
1000~1700hrs LT and Night represents sampling period from 2300~0400 hrs LT. The
windows used for day and night period filters out the sampling of locally emissions.
Figures 4.5a and 4.5b show the mean aerosol size distributions for the entire sampling period,
including day and night time separately. Interestingly, Site B (rural) has a higher grand mean
aerosol number concentration compared to Site A (urban), but the night time aerosol at Site B has
a relatively lower concentration compared to Site A. The number concentration of the day time
mean distribution at Site B for particles below 100 nm is much smaller than that at Site A, which
exhibits high mean values below the accumulation mode. The higher aerosol number
concentrations measured during the peak periods at Site B compared to Site A could be due to
lower BL mixing associated with the narrow width and small cross-sectional area in the N-S
oriented Marsyangdi river valley during the transition periods of boundary layer growth in the
early morning and boundary layer collapse in the evening as compared to the much wider bowl
shaped landform of Dhulikhel. It is also possible that there may be some localized influence at
site B during traditional cooking hours due to the relatively higher density of the residential
housing near the sampling station, which coincide with the timing of peak concentrations.
Nevertheless, because of the narrow width and orientation of the Marsyangdi valley at Besisahar
(site B), the diurnal cycle of mountain-valley circulations is very consistent at this locations
independently of large-scale conditions (Barros and Lang, 2002), suggesting that Site B is
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suitable for monitoring the influence of large-scale aerosol transport from the IGP to the inner
regions of the Himalayas.
The measured aerosol size distribution was fitted with multi-lognormal distributions, and a
Pearson Chi Square test with α=0.05 was used to select the distribution with χ 2 value less than
the χ cr and the minimum number of modes. Figures 4.6a and 4.6b show the frequency of
occurrence of distributions with different number of lognormal modes during the observation
period at Sites A and B, respectively. Bimodal distributions were most frequent, comprising 53%
(Site A) and 45% (Site B) of observations. Unimodal distributions occurred 26% of the time at
Site A and 34% of the time at Site B. The frequency of the trimodal distributions was higher at
Site A (13%) compared to Site B (8%).
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Figure 4.6: a-b):Modal distribution for dry aerosol size distribution. Multilognormal distribution was used to fit the observed spectra and a χ 2 test was used to
choose the distribution with lowest number of modes with alpha=0.05. c-d)Time evolution of
fitted lognormal modes (geometric mean diameter of each mode).
However, the frequency of distributions with number of modes greater than three is higher at
Site B (12%) compared to Site A (6%). That is, there is less modal variability at the urban Site
A, than at the remote Site B. Overall, the fitted distributions exhibit a consistent dominant larger
mode around 100 nm at both sites, which is indicative of the most processed background aerosol
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(Figs. 4.6c and 4.6d) upon which the smaller modes are superimposed whenever present. The
dominant smaller mode is located around 20 nm, and could be due to fresh particles from local
sources or formed in nearby areas. The two dominant modes identified in this study are close to
those identified by Venzac et al. (2008) and Komppula et al. (2009).
4.3.2.2

Diurnal Cycle

The significant variability in aerosol size distribution observed on diurnal time scales along with
consistent diurnal wind shifts motivated a detailed analysis of the data at sub-daily time scales.
Figures 4.7a and 4.7b show the composite diurnal cycle of the fitted aerosol size distributions for
Site A and Site B respectively. Again, a consistent diurnal pattern of modal distributions is
observed at Site B compared to Site A. The higher frequency of unimodal distributions at Site B
compared to Site A can be attributed to the near absence of the bimodal distribution after
midnight to early morning. Indeed, the diurnal cycle of unimodal distributions shows that they
are dominant only at nighttime [23:00 to 04:00 LT] at both sites (Figs. 4.7a-b). Bimodal
distributions are the dominant mode during daytime (10:00 to 17:00 LT at Site B and 07:00 to
20:00 LT at Site A). The diurnal cycle of multimodal distributions (number of modes ≥ 3)
indicates two distinct aerosol peaks, one in the morning (05:00 to 10:00 LT) and the other in
evening hours (17:00 to 20:00 LT) for Site B. These time periods coincide with the transition
period of boundary layer growth and collapse (inferred from the vertical profile of virtual
potential temperature estimated from the radiosonde sounding obtained over Besisahar (Site B)
[Barros and Lang (2003)]. Likewise, the composite diurnal cycle of the total number
concentration over the sampling periods for Site A and Site B clearly displays these distinct peaks
(Figs. 4.7c-d).
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Figure 4.7: a-b) Diurnal evolution of fitted multi-lognormal distributions. Composite
diurnal Cycle of the measured total number concentrations for the entire sampling period
c-d) Dp<30 nm and e-f) Dp>30 nm. g-h) Composite diurnal Cycle of the geometric mean
diameter of measured aerosol size distribution.
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Both sampling sites exhibit a strong increase in number concentration in the morning (05:00
to 10:00 LT) and in the evening (17:00 to 22:00 LT). Similar increase in particle number
concentration was observed by Rissler et al. (2006) for particle diameters less than 25 nm at a
pasture site in southwestern Amazon region (Rondonia). In their study, the peak concentrations
were observed from 4 AM to 8AM in the morning and 5 PM to 11 PM in the evening. However,
in Rondonia, the number concentration of particles with diameters Dp>30 nm decreased during
the daytime reaching a minimum value and then increased till midnight and became stable till
early morning. In this study, an increase in number concentrations was observed for particles
with diameters Dp<30 nm as well as for Dp>30nm. Figures 4.7c-f show that the contribution to
the total number concentration during the peak periods is higher for Dp>30nm than Dp<30nm.
The observed peak in Dp>30nm in the early morning could be related to mixing of elevated and
aged background aerosol which remain aloft in the residual layer during the morning [Rissler et
al. (2006), Panday and Prinn (2009), Panday et al. (2009)] which would increase the number
concentration of larger mode. As the boundary layer develops during the day time, the total
concentration for Dp>30nm drops and tends to approach a minimum around 14:00~15:00 LT.
The second peak in the evening for Dp>30nm is associated with the decrease in the height of the
boundary layer as the nocturnal stable layer forms, thus naturally favoring the increase in the
concentration of the larger modes. Furthermore, the possibility of local emissions in the particle
size range of the larger accumulation mode, especially during the peak periods cannot be
neglected also. As the nocturnal stable layer forms at night, one would expect the concentrations
to increase in the night as well, but katabatic winds developing in the night time lift the warm air
mass in the valley, resulting in the decrease of the aerosol number concentration near the surface.
Hence, mountain valley circulations play an important indirect role in modulating the diurnal
cycle of low-level aerosol concentrations in the central Himalaya, which is mainly composed of
series of river valleys of different shapes, sizes and orientation. The succession of these rivers
valleys and ridges was also found to be linked to the spatial organization of the cloudiness in the
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Middle Himalayas (Barros et al. 2004). Previously, Panday and Prinn (2009) also explained the
observed semi-diurnal peak of carbon monoxide (CO) at Kathmandu valley (a bowl shaped
valley, see Fig.4.1) in terms of diurnal variations in emissions and ventilation. They suggested
that strong ventilation from westerly winds lowered CO level during the afternoon in Kathmandu
Valley, while CO concentration reduction at night time was explained by the lifting of polluted
air due to formation of cold pool in the valley. Further, Panday et al. (2009) used MM5 to
simulate the Kathmandu Valley’s meteorology and study the dynamics of basins nocturnal cold
air pool, using a nested grid with a highest resolution of 1km. They suggested that subsidence
warming was present in both summer and winter simulation over Kathmandu Valley for the
dissipation of the nocturnal cold air pool. They used back-of-the envelope calculations to confirm
the subsidence in their simulation, which also supports the role of mixing of elevated aerosols in
residual layers during boundary layer growth in the morning.
On the other hand, the amplitude of the diurnal peaks at Site B are significantly larger than at
Site A (Figs. 4.7c-f), even for aerosol particles with Dp<30nm (Site B: the concentration
increases from 50 cm-3 to 3000 cm-3; Site A: the concentration increases from 100 cm-3 to 2000
cm-3). The larger diurnal peaks at Site B is explained by the weak mixing due to the narrow crosssection of the valley. The peaks dissipate during daytime at Site B approaching a local minimum
around 14:00~15:00 LT. At Site A, the daytime total number concentration for Dp < 30nm
exhibits a strong short-term variability, which was found to be associated with the variable wind
during the daytime. This high variability in daytime distribution is absent at Site B due to
topographic controls in creating strong ridge-valley circulations and therefore a consistent diurnal
wind profile, suggesting that the local sources do not affect Site B much in the afternoon, while
they do in Site A. During peak times, the geometric mean diameter of the aerosol size distribution
also decreases (Figs. 4.7g-h) more visibly at Site B (100 nm to 70 nm). High variability in
geometric mean diameter at Site A during daytime corresponds to high variability in the total
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particle number concentration of Aitken mode particles as discussed above. Otherwise, the
geometric mean diameter at both sites is consistent during the night time (from midnight to early
morning) and approaches similar values during the mid-afternoon, when the number
concentration approaches its minimum.
Based upon the above observed strong diurnal cycle of aerosol size distribution, the
parameters of the fitted distributions were classified into night time average (11 PM to 4 AM),
daytime average (10 AM to 5 PM), and transition period average (5 AM to 10 AM and 5 PM to
11 PM). A summary of the distribution parameters is presented in Table 4.1. As discussed above,
both sites exhibit a consistent mode at 100nm when either unimodal or bimodal distributions are
dominant during the non-peak periods suggesting that it corresponds to the regional background
mode. The other smaller accumulation mode is superimposed upon it, whenever present.
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Table 4.1: Parameters of the Multi-lognormal Fits for the measured aerosol size distribution
N (cm-3)

Mode

GM
(nm)

G.Std
(nm)

N (cm-3)

GM
(nm)

G.Std
(nm)

N(cm-3)

GM
(nm)

G.Std
(nm)

Night time average

Day time average

Transition period average

SITE A

(11 PM ~ 4 AM)

(10 AM ~ 5 PM)

(5 AM~10 AM & 5PM ~11PM)

Unimodal

147±47

101±7

0.65±0.03

88±45

93±11

0.67±0.03

265±120

85±9

0.67±0.03

Bimodal

152±41

106±8

0.59±0.05

123±54

105±17

0.64±0.07

237±117

91±12

0.65±0.05

20±13

27±16

0.54±0.13

76±116

28±15

0.55±0.15

47±118

22±11

0.52±0.13

105±60

117±60

0.61±0.08

162±88

110±18

0.61±0.08

148±124

48±26

0.47±0.15

162±94

53±18

0.49±0.13

96±112

17±9

0.41±0.21

46±60

21±10

0.33±0.15

Trimodal

Night time average

Day time average

Transition period average

SITE B

(11 PM ~ 4 AM)

(10 AM ~ 5 PM)

(5 AM~10 AM & 5PM ~11PM)

Unimodal

87±34

106±13

0.6±0.04

143±48

89±17

0.66±0.03

238±171

84±14

0.65±0.04

Bimodal

122±35

103±13

0.55±0.04

133±54

97±17

0.6±0.06

386±242

80±12

0.62±0.05

18±11

20±23

0.61±0.14

30±32

23±15

0.5±0.14

51±114

19±10

0.47±0.14

94±55

123±25

0.56±0.07

305±177

95±15

0.62±0.1

94±102

63±24

0.48±0.15

310±189

55±15

0.48±0.13

47±90

19±10

0.43±0.21

67±132

21±8

0.31±0.13

Trimodal

4.3.3

Aerosol Composition

At both the sites, PM2.5 chemical composition is dominated by organic carbon, and the ionic
composition was dominated by SO42 − and NH 4+ (Fig. 4.8). Similar observations were reported by
Carrico et al. (2003) for Nagarkot (27.72N, 85.52E, 2150m), a hilltop location northwest of Site
A.
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Figure 4.8: Comparison of measured elemental carbon, organic carbon (insoluble) ,
water soluble organic carbon /nitrogen and ionic composition of PM2.5 at Site A(left) and
Site B (right) during the pre-monsoon season.
The statistics of mean concentration (± one standard deviation) of the ionic species, organic
carbon, water soluble organic carbon and elemental carbon are summarized in Table 4.2. Note
that, since the sampling period and sampling hours were different, caution should be exercised in
comparing the average concentrations for the two sites.
Table 4.2: Ionic and Organic concentrations of aerosols sampled in Site A (May 4 to
May 25 2009) and Site B (May 28 to June 06) during the late pre-monsoon season 2009. All
units are in ug/m3 .
Dhulikhel

Besisahar

Na +

0.02±0.027

0.014±0.024

SO4

NH 4+

1.12±0.47

0.87±0.58

C 2 O4

K+

0.37±0.28

0.36±0.28

WSON

Ca 2 +
Cl −

0.0021±0.0012 0.0012±0.001
0.30±0.85

0.00±0.00

Dhulikhel
2−

2−

Besisahar

2.68±1.28

2.21±1.32

0.31±0.15

0.22±0.12

0.43±0.24

0.27±0.19

WSOC 2.96±1.33

2.62±0.93

OC

11.09±2.49

10.18±2.76

EC

1.69±0.62

1.10±0.39

For example, the average concentration at Site B is biased high due to very high
concentrations on June 3 (Fig. 4.9) during a haze episode in the IGP observed from the MODIS
Terra 250m resolution images as well as ground based observations (see further discussion in
92

Section 3.4). The measured concentration of dominant ionic species ( NH 4+ and SO42− ) before and

Figure 4.9: Daily composition of PM2.5 in terms of organic carbon (OC), ionic
compounds (IN) and elemental carbon (EC) for Site A (a) and Site B (b). The sudden peak
in concentration at Site B is linked to a large scale pollution episode
after the pollution episodes at Site B are within 5% of the mean values reported by Carrico et
al. (2003) for peak season (Feb-May) during 1999~2000 at Langtang (28.13N, 85.6E, 3920m, see
Fig, 4.1), a high altitude pristine location. Note that the data reported in the study is a short period
data compared to the monthly averaged data for 2 years reported by Carrico et al. (2003). During
the pollution episode at Site B, the ionic species concentration increases fourfold, dominated by
increases in SO42 − and NH 4+ concentrations (Fig. 4.10b). A similar rise in concentration of
aerosol species was also observed at Site A, which coincided with synoptic scale haze episodes
observed over the IGP (MODIS Rapid Response Image Subsets over Nepal). Synoptic scale haze
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was observed May 4, 6, 10, 15, 17 and 22 during the sampling period at Site A (Fig. 4.10a), based
on

250m

resolution

images

from

Terra

(approximately

around

10:00

LT).

Figure 4.10: Daily composition of major PM2.5 ionic compounds for Site A (a) and
Site B (b). The ionic species were dominated by NH 4+ and SO42− at both sites with lower
mean concentrations at Site B. The peak in the ionic concentrations is associated with the
presence of synoptic scale pollution episodes.

The measured daytime concentration of dominant ionic species ( NH 4+ and SO42− ) at Site A is
less than 30% of the mean values reported by Carrico et al. (2003) in a nearby location (Nagarkot
, Fig. 4.1). Likewise, the average daytime OC (Organic carbon) concentration measured at Site A
( 11µg / m 3 ) is significantly higher than the monthly average concentrations ( 3.27 µg / m 3 )
reported by Stone et al. (2009) at Godavari (27.59N, 85.31E, 1600m , south of Kathmandu
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Valley) during May of 2006, but less than 30% of the mean value (Feb-May 1999) reported by
Carrico et al. (2003) at Nagarkot. These observations show there is large spatial variability in the
relative chemical composition of aerosol, though the chemical composition per se is stable across
the region.
The light absorbing properties of EC (Elemental Carbon) play a crucial role in atmospheric
heating and surface cooling and hence are relevant to the radiative properties of aerosols
(Ramanathan et al. 2007). The average EC concentration at Sites A and B are 1.69 ± 0.62µg / m 3
and 1.1 ± 0.39 µg / m 3 respectively. The mean EC/OC ratio for Site A and B were 0.15 ± 0.05
and 0.11 ± 0.01 , respectively (Fig. 4.11). These ratios are much smaller than previously reported
values of 0.5 ± 0.3 by Venkataraman et al. (2002 ) for Bombay, India during Feb-March 1999.
More recently, chemical properties of aerosols over the Himalayas were also reported by Ram et
al. (2010) for field measurements carried out at Manora Peak (Fig. 4.1), 2000m a.m.s.l from Feb.
2005 to July 2008. Their reported mean monthly concentrations of 0.8±0.5ugC/m-3 for EC and
4.7±2.0ugC/m-3 for OC during May are much lower than the measured values for EC and OC
during this field campaign (Table 4.2). Note that the sampling durations of the two studies were
different ( ~ 2 weeks in our case; ~ 4 months in 4 different years for Ram et al. 2010). The mean
fractions of WSOC/OC for Site A and B were very similar at 0.27 ± 0.12 and 0.26 ± 0.05
respectively (Table 4.2). These values are much lower than the average WSOC/OC ratio of
0.51±0.12 at Manora Peak for the month of May. However, the concentration of WSOC reported
by Ram et al. for the month of May is 2.7±1.3 ugC/m3 , which is similar to the WSOC
concentration in Site A and B (Table 4.2). The OC concentration at Manora Peak is only 4.7±2
ugC/m3, thus much lower than in this study (Table 4.2) which explains the different WSOC/OC
fractions. Jaffrezo et al., (2005) summarized the average data for WSOC/OC fractions from
previous work that ranged from a low of 0.12 up to a maximum of 0.8. The reported values of
WSOC/OC fraction were 0.28~0.32(winter 1992) and 0.32~0.55 (summer 1992) for Tokyo
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(urban), 0.32±0.15 for ACE-Asia, and 0.17~0.44 for Nanjing, China. The WSOC/OC fractions
reported in this study are in line with those values.

Figure 4.11: Daily ratio of water soluble organic carbon (WSOC/OC) and elemental
carbon to organic carbon (EC/OC) and the diurnal temperature amplitude (maximum daily
temperature-minimum daily temperature) for Site A (a) and Site B (b). The EC/OC ratio
was lower in Site B compared to Site A.
Jaffrezo et al. (2005) also discuss the dependence of WSOC on temperature for
measurements in the Alps. In the current study, similar dependence was exhibited by WSOC
mass concentration and WSOC/OC fraction as a function of the amplitude of the diurnal air
temperature , which probably explains much of the variance in the time series of WSOC for Site
A (Fig. 4.11). However, it is difficult to infer any such temperature influence in WSOC/OC
fraction at Site B. Previous studies by Facchini et al. (1999), Mayol-Bracero et al., (2002),
Ervens et al. (2005), Mircea et al. (2005), and Decesari et al., (2005) have showed that large
fractions of WSOC can potentially influence the aerosol hygroscopic growth and activation. The
96

dominance of particulate organic matter in the PM2.5 filter samples, and significant WSOC/OC
ratios at both sites in this study suggest possible influence of WSOC in the CCN activation for
this region, which needs to be further examined.

Figure 4.12: Daily composition of water soluble organic nitrogen (WSON) Site A (a)
and Site B (b). Similar peak in WSON concentration is also observed for Site B associated
with pollution episode.
Total nitrogen concentration (TN) was also measured during the filter analysis. The water
soluble organic nitrogen (WSON) was estimated from TN by subtracting the inorganic nitrogen
concentration. The WSON concentrations were 1.30 ± 0.51µg / m 3 and 1.10 ± 0.39 µg / m 3 for
Site A and Site B, respectively (Fig. 4.12). The WSON/TN fraction was 0.32 ± 0.10 for Site A,
and 0.28 ± 0.05 for Site B. Data on this aerosol component are very scarce in the literature. It is
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interesting to note that the few studies report similar WSON/TN ratios around the world: WSON
was shown to account for 30% of total particulate nitrogen mass in Beijing, China (Duan et al.,
2009); 19 - 25% of total aerosol nitrogen in Cape Grim, Australia (Mace et al., 2003); and
approximately 33% of the total nitrogen in Chapel Hill, NC, USA (Lin et al. 2010).
For Site B, there was only one strong precipitation event in the morning of June 5th during the
sampling period (Fig. 4.2d). Rainfall washed out the low level aerosol, which is reflected by the
decrease in the concentrations of all the analyzed species at the same time. Overall, the
differences in the observed daily variability in the aerosol concentrations at Site A compared to
Site B are explained by the wash out due to such periodic precipitation events (Fig. 4.2c). During
the subsequent dry periods, the aerosol concentration tends to increase in the days after rainfall
(for example, May 5~7, May 13~15, May 17 ~19 and May 22~23, Fig. 4.9a), indicating
accumulation in the valley. These periods also coincide with the presence of synoptic scale haze
as discussed above. Aryal et al. (2009) discusses these accumulation effects for PM2.5 measured
in the Kathmandu Valley during the winter months caused by stagnant wind and temperature
inversions. The observations from Site A in this study indicate that such accumulation effects are
also present for Site A during the pre-monsoon season.
4.3.4

Regional influence on aerosol spectra

On June 3, 2009, visible haze was observed in the south and south-east direction from the
sampling site indicating transport of pollutants from the IGP (as observed from MODIS Terra
250m resolution images, not shown here). The steady increase in the concentration of all the
analyzed species over that period also suggests the presence of non-local pollutants. A
precipitation event on June 5 washed away this effect. Figure 4.2b shows the typical diurnal wind
profile at Site B. Up-Valley wind strengthens from 09:00 to 14:00 LT and then begins to weaken
afterwards in afternoon as mountain downslope winds begin to establish (north-westerly flow).
The vertical profiles of wind from radiosonde data at lower levels (850~900 mb) in Besisahar
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during June 1999 reported by Barros and Lang. (2003) also show the presence of north-westerly
mountain wind from mid-night to morning, which transitions to up-valley wind around 09:00 LT
in the morning and strengthens during daytime. These observations are consistent with the
descriptive models provided by Defant (1949, 1951), Vergeiner and Dreiseitl (1987), Rampanelli
et al. (2004), Mcnider et al., 1984) for mountain valley circulations in narrow valleys. Therefore,
mountain valley wind mechanisms can be expected to play an important role in transporting the
pollutants further inwards into the inner Himalayan region from the low lying plains.
At the synoptic scale, 500 mb geopotential height data from ERA Interim (ECMWF’s latest
global atmospheric reanalysis product) show that the development of low pressure systems above
Afghanistan cause westerly flow above Nepal which veers north-westerly (Fig. 4.13). Shrestha et
al (2000) noted a rise in aerosol concentration at Phortse, 4000 m amsl, when the 500 mb flow
became south-westerly. The 900 mb geopotential height from ERA Interim shows well developed
south-westerly flow from the Arabian Sea, through the Thar Desert, then flowing parallel to the
Himalayan range. The flow appears to be stagnant around the India –Nepal border on the IGP as
it meets opposing flow from the Bay of Bengal. Coinciding with the synoptic scale flows, the
MODIS satellite images captured a well developed haze event along the IGP adjoining Nepal and
in the inner river valleys pockets of Nepal on June 3-5. During this period, the SMPS data show a
shift in the minimum total volume concentration to a higher value (Fig. 4.4c) accompanied by an
increase in the geometric mean diameter (Fig. 4.4d). The ERA Interim data at its coarse
resolution cannot resolve the detailed wind fields in the inner regions of complex terrain proper
but observed surface wind profiles suggest the transport of pollutants along the river valleys of
Nepal from the southern lower plains via mountain-valley wind mechanisms [Zängl et al. (2000),
Barros and Lang (2003)]. On the other hand, the precipitation event in the morning of June 5 (Fig.
4.2d) washed away the haze build-up in the previous 3 days, which is also reflected in the SMPS
data (drop in max geometric mean diameter).
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Figure 4.13: Regional scale wind flow pattern during the sampling period at Site B
(Besisahar) at a)500 mb and b)900 mb. The circular dots represent the two sampling sites.
Note the relatively stagnant flow as the synoptic wind (900 mb) approaches the southern
outermost foothills of Himalayas along the Nepal India border. Geopotential heights(m) and
horizontal winds (m/s) were obtained from ERA Interim dataset.
The above analysis was further extended for Site A as well, using the observed mean volume
concentration during the afternoon (12:00 to 16:00 LT) and night time (23:00 to 03:00 LT). The
interval range was selected such that minimum volume concentration was observed during that
period of the day (Figure 4.14). As discussed earlier the synoptic scale haze was observed during
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Figure 4.14: Time series of mean volume concentration measured at night (23:00 to
03:00 LT) and afternoon (12:00 to 16:00 LT) from the SMPS. The missing values are the
periods when no SMPS data were available due to electricity outages during the night
May 15, 17 and 22 based on MODIS rapid response images from Terra. From May 23
onwards, due to increased cloud cover, it is impossible to ascertain whether there was any haze
event. Significant rainfall events were observed on May 15, 16, 20, 21 and 25. In general, Fig.
4.14a shows that the mean volume concentration during the afternoon, as well as at night,
increases in the presence of haze events relative to previous day (e.g. May 15, and 17 ), while the
concentration decreases after the rainfall event (May 16, 20 and 21). A corresponding increase
(and decrease) in elemental carbon and inorganic aerosol composition due to haze (and rainfall)
was also observed relative to previous day (Figure 4.10 a).
Further, the standardized anomalies of inorganic species (IN), elemental carbon (EC), afternoon
mean volume concentration (Nv) were estimated to investigate the linkages between aerosol
volume concentration and the aerosol mass concentration of different species, during regional
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scale haze events. Figure 4.15 shows a strong in-phase relationship between observed mean
afternoon

volume

concentration

and

aerosol

species

concentrations

at

both

sites.

Figure 4.15: Time series of standardized anomalies of afternoon mean volume
concentration (Nv) , inorganic species (IN) and elemental carbon (EC). The mean volume
concentration at night was not used due to some missing values.
Specifically, a clear peak is observed during the synoptic haze events followed by dry periods
[Site A: May 15, 17~19, 23 and 25, and Site B: June 3 to 4]. An unambiguous reduction in
aerosol mass concentration and volume concentration is observed after a strong rainfall event at
both sites as well. The above analysis was also repeated for the transition periods when aerosol
peak was observed (03:00~10:00 LT and 16:00~23:00 LT), which showed consistent results as in
the daytime and nighttime periods. Thus, in the presence of regional-scale haze and dry periods,
the mean volume aerosol concentrations increases and so does the aerosol mass concentration.
Therefore, over a specific time window, significant day-to-day variability in the aerosol size
distribution along with the increase in concentrations of analyzed species can be attributed to the
influence of broader regional scale aerosol transport.

102

4.4

Conclusions:
The combination of aerosol size distribution and chemical composition sampled in

Dhulikhel (Site A) and Besisahar (Site B) provides the first picture of the aerosol distribution in
the foothills of the central Himalaya. Both sites exhibit a strong diurnal cycle with aerosol peaks
both for Dp < 30nm and Dp > 30nm during the morning and evening hours. The aerosol peaks are
associated with the transient stage of boundary layer growth and decay processes, when the wind
is weak. Further, this period also coincides with the peak in local household activities (mainly
combustion of fuels while cooking). The diurnal cycle of the measured aerosol number
concentration shows strong linkages to the topography of the sampling site due to the modulating
effects of mountain-valley winds and ridge-valley circulations. This was also noted earlier by
Panday and Prinn (2009) and Panday et al. (2009) in their study to explain diurnal CO peaks in
Kathmandu Valley. The total number concentration/geometric mean diameter at both sites
approached a minimum/maximum during the afternoon coinciding with the nighttime number
concentration/geometric mean size. The classification of the lognormal fittings of the aerosol
distributions indicated the predominance of unimodal distribution at night, whereas the bimodal
distribution was mostly dominant during the daytime. The fitted distributions indicated a
consistent larger mode around 100nm which is usually the oldest, most processed background
aerosol. The smaller mode was centered at 20nm, which suggests the presence of fresh aerosol,
though not necessarily local.
The chemical composition of PM2.5 is dominated by organic matter at both sites.
Organic carbon comprises the major fraction (64~68%) of the aerosol concentration followed by
ionic species (24~26% mainly

and ). Elemental carbon compromised 7~10% of the total

composition. A large fraction of OC was also found to be water soluble (nearly 27% at both
sites). The variability in the aerosol concentration at Site A was found to be strongly correlated
with the periodic precipitation events and the presence of synoptic scale haze. A strong decrease
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in aerosol concentration after rainy days is consistent with the scavenging role of precipitation. In
the presence of regional scale haze and dry periods, the mean volume aerosol concentrations and
aerosol mass were found to increase. A relatively stronger correlation between day time volume
concentration and elemental carbon for Site A (r=0.76), daytime volume concentration and
inorganics for Site B (r=0.79), nighttime volume concentration and organic carbon for Site B
(0.75) was observed. During other periods, although the correlation is present, its magnitude is
relatively weak (r<=0.70 i.e. r2<0.5). Longer term measurements are necessary to achieve more
robust statistics and to better understand the influence of large scale transport of aerosol in this
region.
During the sampling period at Site B, a single large scale pollution episode was observed
which resulted in the increase of all analyzed aerosol species. The synoptic scale wind during that
period, along with the observed diurnal profile of surface wind, suggests that daytime upvalley
wind might be responsible for transporting aerosols from the low lying plains to the inner valleys
of the central Himalayas. Results from this study provide new insights and confirm previous work
regarding the role of mountain-valley circulations in the diurnal cycle of aerosol number and
mass concentration across the Middle Himalayan range, and document evidence of the role of
synoptic scale transport and weather controls (haze events and rainfall) in modulating the
amplitude of the diurnal cycle and day-to-day variability of aerosols in the pre-monsoon season.
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5 Mountain-Valley Circulations and the Diurnal cycle of
Aerosol Concentrations in a Narrow Valley in Central Nepal
5.1 Introduction
Independently of synoptic scale conditions, the diurnal cycle of total aerosol number
concentration at two sampling during JAMEX09 [Shrestha et al. (2010)] showed the presence of
two aerosol peaks in the early morning and in the evening with a relative daytime depression in
the afternoon and a nocturnal minimum after midnight, which was explained tentatively in terms
of the interactions among boundary-layer processes, cross-valley circulations, and the thermal
structure of the mountain-valley atmosphere [Shrestha et al. (2010)].
The conceptual models of thermally driven along-valley and cross-valley circulations has
been well established [Wagner (1938), Ekhart (1948), Defant (1949), Steinacker (1983),
Vergeiner and Dreiseitl (1986), Whiteman (1990) of many others]. More recently, Rampanelli et
al. (2004) and Schimidl and Rotunno (2010) have used idealized simulations to investigate the
heat budget of thermally driven up-valley winds. Their numerical studies have confirmed the
earlier conceptual models, and further shown that vertical advection of potentially warmer air
from the free atmosphere contributes to the warming in the upper layers within and above the
valley, and that the advection term opposed the driving force of valley winds except during the
transition period: in their study, the total advection was found to rapidly cool the valley during
evening transition and warm the valley during the morning transition. During these transition
periods, the surface aerosol concentration measured at Dhulikhel and Besisahar during JAMEX09
was found to increase sharply.
Previously, Panday and Prinn (2009) and Panday et al. (2009) also explained the presence of
a morning and evening peak in CO concentration in the Kathmandu Valley (Nepal) in terms of
the dissipation of the cold air pool in the valley and mixing with polluted air mass in the residual
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layer during the morning, cleansing of the air mass by clean westerly wind in the afternoon, and
lifting of the warm polluted air mass in the evening. Likewise, diurnal maxima in aerosol
concentrations of NOx in the morning and in the evening were also reported by Gohm et al.
(2009) in the Inn Valley. They reasoned that rapid increases in concentration were due to high
emission rates of pollutants and weak turbulent mixing governed by stability in the surface layer,
though the PM10 measurements did not show the same behavior. The presence of an elevated
aerosol layer at night time was also documented by Savob et al. (2001), who used lidar to
investigate the spatio-temporal distribution of aerosols in a mountainous region in Bulgaria.
Savob et al. showed that aerosols emitted during the night rise upward due to their thermal
buoyancy, but are trapped above due to the presence of stable stratification, creating an elevated
aerosol concentration. In another study, Prévôt et al. (2000) reported that the minimum VOC
(Volatile Organic Carbon) concentration (measured at Mesoclina Valley during summer)
observed from 09:00 to 12:00 LT depended on whether the air mass above the shallow inversion
layer in the morning was clean or polluted. In their study, depending upon the direction of the
flow at upper levels in the nighttime, polluted or clean air masses were advected into the valley
above the shallow inversion. Overall these studies suggest that the observed morning peaks in
aerosol concentration result from the contribution of emissions from local sources and aerosols
that are trapped in the shallow inversion layer at night, followed by the daytime erosion of such
layer due to vertical mixing with polluted or cleaner air mass above.
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Figure 5.1: Aerosol peaks observed during the morning at Site B (Besisahar).
Measurement data collected during late pre-monsoon season (May 30~June 5) during
JAMEX09 are shown.
The morning peak for total aerosol concentration (Dp>30nm) increases at a rate of
12000/hr/cm3 before sunrise from 04:30 to 06:00 LT, remains stable for about two hours till
08:00 LT (Figure 5.1), and decreases afterward until it stabilizes by 2 PM LT. After 08:00 LT, the
aerosol concentration starts to drop rapidly at a rate of 7500/hr/cm3 from 08:00 to 10:00 LT and at
a rate of 1250 /hr/cm3 from 10:00~12:00 LT. In addition, the ventilation rate is higher in the
08:00~10:00 LT interval than between 10:00 and 12:00 LT. The total aerosol concentration
(Dp<30nm) also shows a similar rate of increase and decay but at a rate lower by an order of
magnitude and is in phase with the total concentration (Dp>30nm).
Based on previous studies, the observed morning aerosol peak in Central Nepal is
hypothesized to be due to: 1) Lower mixing in the morning during the boundary layer growth and
an increase in emission due to anthropogenic sources – surface layer control; and/or 2) Mixing of
elevated aged aerosols trapped in the residual layer from previous night, also hypothesized by
Panday and Prinn (2009) and Panday et al. (2009) earlier for observed morning peaks of CO
concentration in Kathmandu Valley – residual layer control. The second hypothesis would
appear particularly relevant in the context of the narrow Marsyangdi river valley, where
downslope winds at night lift the polluted surface layer in the centre of the valley, which is
trapped in the residual layer, and where at least partial low level blocking of large-scale forcing
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would naturally shield the valley from long range transport [Barros and Lang (2003), Barros et al.
(2006), Vergeiner and Dreiseitl (1986)]. Note that the synoptic influence of valley winds would
be significant even in such cases as the circulation is driven by pressure gradient in valley air and
the plain due to different temperature gradients [Wagner (1938)].
In order to test the residual layer control hypothesis, and given that only surface
measurements of aerosols and meteorological variables were obtained during JAMEX09, we
resorted to a numerical simulation of cross-valley circulation at Site B (Besisahar) with an
idealized topography to test our hypothesis for a narrow steep river valley under fair weather
conditions. The residual layer control hypothesis is less robust in the case of Dhulikhel, the
second sampling site during JAMEX09, due to its open and bowl-shaped topography and largeday-to-day variations in flow patterns which lead to high day-to-day variability of aerosol number
concentration in the afternoon at Dhulikhel [Site A, Shrestha et al. 2010]. Furthermore, during
the sampling period at Besisahar, fair weather conditions were observed from May 28 to June 3,
2009. The manuscript is organized as follows: Section 5.2 describes the numerical setup for the
simulation and the results are presented in Section 5.3. Summary and conclusion are presented in
Section 5.4.

5.2 Numerical Setup
Numerical simulation was conducted using an idealized topography with the same valley
depth and volume as the segment of the Marsyangdi Valley that includes Besisahar (Figure 5.2).
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Figure 5.2 SRTM topography of Marsyangdi River Valley. BS represents the
sampling site for aerosol (Besisahar). Section AA”-BB” represents the valley segment in the
along valley direction and the segment along the cross-valley direction is confined to the
ridge levels on either side.
Because of the importance of valley volume effect for the formation of diurnal along
valley wind, the cross-section of the valley was estimated using the area-height distribution of the
valley segment as described earlier by Steinacker (1983). The cumulative area at each height
level was divided by the length of the valley segment to obtain the width of the cross-section. The
topography representing similar cross-section (Figure 5.3) is then formed using the same
analytical expression in Rampanelli et al. (2004):

h( x, y ) = h p h y ( y ) hx ( x )

where h y ( y ) =

 y
1 1
+ tanh 
S
2 2
 y

(5.1)
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and


1
 1 1
 x − Vx
hx ( x) =  − cos π
Sx

2 2

0

x > S x + Vx

 ,V x < x < S x + V x


x < Vx

The sloping side wall width is Sx =4.2km, and the valley floor half width is Vx = 0.5km.
The edges of the domain are located at x = ±5.70 km. In the along valley direction, Sy = 8 km and
y=0 defines the mouth of the valley, with the length of domain extending from y = -79 to 121.3
km.

Figure 5.3: Idealized topography used for the simulation.
The numerical simulation of the thermally forced wind was performed using a coupled
version of a terrain-following, anelastic, finite-difference model [Clark (1977, 1979), Clark and
Farley (1984), Clark and Hall (1991, 1996)] with the land surface hydrology model [LSHM,
Devonec and Barros (2002), Bhushan and Barros (2007)]. The first order scheme of
Smagorinsky-Lilly (Smargoinsky 1963; Lilly 1962) is used to treat the sub-grid-scale closure.
The radiation physics is based on the NCAR Community System Model version 3 (CCM3; Keihl
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et al. 1994, 1998). The solar zenith angle that takes into account the sloping terrain effect is used
as an addition input to the CCM3 routine to calculate the solar flux. The computational domain
for the simulation is covered by 1002*58 equally spaced grid points with an equal horizontal
resolution of 200 m. A vertical grid stretching using 88 levels with 30m resolution at the surface,
100m at 2.2km and 200m at 12 km is used. The lateral boundary conditions are open. An upper
level Rayleigh friction absorber was placed in 16 vertical levels (3.2 km) to absorb the vertically
propagating waves. The no-slip boundary condition is imposed at the surface with surface friction
formulation using uniform surface drag. A sixth order horizontal spatial filter is applied to damp
the high frequency modes (< 4∆x,4∆y ) .
The simulation was started at 05:30 LT, around the time of sunrise and integrated for 12
hours. The surface pressure and surface temperature were set as 915 hPa and 301.5 K
respectively. The atmosphere is initialized horizontally homogeneous and at rest using an
idealized sounding representative of the MOHPREX soundings taken on Jun 08 2001 [Barros and
Lang (2003), Fig. 5.3]. A constant value of the Brunt-Väisäla frequency N at different levels is
used to define the thermal structure of the valley from the sounding data,, with N=0.019 s-1
(0<z<330m), N=0.011 s-1 (330m<z<770m), N=0.014 s-1 (770m<z<1330m), N=0.0040 s-1
(1330m<z<1550m), N=0.0121 s-1 (z>1550m). The vertical profile of mixing ratio is initialized
with 14 g/kg in the near surface layer and decays exponentially with height. The LSHM
implementation used here consists of 3 soil layers at depths of 0.10, 0.30 and 0.60 m. Grassland
was used as the vegetation type, with a fractional vegetation of 0.7 and a leaf area index (LAI) of
2. The specified soil type was silty-loam with soil moisture at 40 % of the saturation capacity.
The surface and deep soil temperature was initialized with an offset of 1oC and 3oC from the air
temperature.
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5.3 Results

Figure 5.4: Evolution of simulated cross-valley circulation at y=+20 km.
The cross-valley circulation starts to strengthen only after 09:00 LT (Figure 5.4) and the
strong upslope flow starting around 09:00 LT results in subsidence of potentially warmer air in
the centre of the valley which is responsible for warming the valley core, and the resulting
pressure difference drives the upvalley flow (Rampanelli et al. 2004). This upslope mass flux
appears to be a strong mechanism to ventilate any pollutants near the valley surface to higher
levels along the lateral slopes. In their idealized numerical study over the Austrian Inn Valley by
Lehner and Gohm (2009) also showed that the upslope flow was responsible for the aerosol
ventilation. Due to the east-west orientation of the valley, asymmetry in the upslope flow was
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observed due to the asymmetry in the solar heating of the slopes. Such asymmetry is not present
in this study due to the NS orientation of the Besisahar valley (Figure 5.5).

Figure 5.5: a) Cross-section of cross-valley wind component (UX) at y=20.0km and
T=12:00 LT. Contours for UX are plotted at an interval of 0.4 m/s from -2.0 to 2.0 m/s b)
Vertical wind component (UZ) with contours at interval of 0.05 m/s from -0.1 to 0.6 m/s. c)
Along valley wind component (UY) and potential temperature in solid lines. Contours for
potential temperature are plotted at an interval of 1K.
Around 12:00 LT, the thickness of the upslope flow decreases around 1km due to a presence
of inversion near the ridge top (x=±3km, not shown here). This reduces the mass flux along the
slope at the level below the elevated inversion and results in a partial horizontal transport towards
the centre of the valley (Figure 5.4). Similar flow-splitting was observed for the upslope flow, in
the presence of strong inversion layer over Alpine Valleys, causing partial advection of aerosols
to the centre of the valley [Harnisch et al.(2008), Schnitzhofer et al. (2009), Lehner and Gohm
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(2010)]. A conceptual model of this phenomenon was proposed earlier by Vergeiner and Dreiseitl
(1986) using a simple heat balance for a parcel of air on the valley slopes. They showed that the
mass flux of upslope wind during daytime is proportional to the sensible heating of the slope and
inversely proportional to the static stability of the valley air. Their study suggests that in the
presence of elevated inversions below or at the ridge level, the thickness of the upslope flow is
reduced and some part of the upslope flow are directed to the centre of the valley below the
inversion.
Figure 5.5 shows the cross-section of slope winds, vertical wind component and the upvalley wind along with potential temperature at the end of the simulation. The strong increase of
the horizontal wind component (UX) at low levels from the bottom of the valley along the lateral
slopes shows the presence of upslope flow, which ventilates aerosol from the lower surface layer
to higher elevations. The vertical wind component shows the presence of subsidence at the centre
of the valley and upward flow along the slopes. Along with the cross-valley circulation, the upvalley flow is also well developed at the centre of the valley where the well mixed region is
present.

Figure 5.6: a) Half-hourly time series of the vertical profile of upslope flow at
y=20km and x=0.0km. b) Same profile at x= 1.5km. c) Same profile at x=3.0km. The vertical
profile of upslope flow at 09:00 LT is indicated by the red profile.
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Figure 5.6 displays the temporal evolution of the vertical profile of upslope flow is displayed
at different elevations in the valley. At the centre of the valley, the upslope flow is very weak, but
gradually strengthens along the slope, with the depth of the flow increasing. The profiles show a
strong strengthening of the upslope flow at x=±1.5km from the centre of the valley. The
magnitude of the upslope flow near the surface decreases at x=±3.0km due to flow splitting as
discussed earlier. These profiles also give an indication of the depth of the upslope flow, which is
around 300m at x=±1.5km. Finally, note the return flow at the centre of the valley for x=±3.0km
near the level below the top of the boundary layer. Therefore, depending upon the number of
elevated inversion layers, a series of cross-valley circulation can be expected. In any case, this
upslope flow is a strong mechanism to transport any pollutants from the surface layer along the
slopes (<300 m a.g.l) to higher levels and return it to the centre of the valley depending on the
thermal structure of the atmosphere.

Figure 5.7: Half hourly time series of the vertical profile of along valley wind (UY)
and vertical wind component (UZ) at y=20km and x=0.0km. The vertical profile at T=09:00
LT is indicated by the red profile.
The simulated up-valley flow (UY) is still very weak at 09:00 LT, but gradually strengthens
after 10:00 LT, reaching a maximum speed of 6 m/s at the surface layer around 12:00 LT (Figure
5.7). This is consistent with observed up-valley wind at Besisahar during JAMEX09 showed
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strengthening after 09:00 LT with peak winds around 12:00 LT. The time-series of the vertical
profile of the wind component also shows that the subsidence only increases in magnitude after
09:00 LT and reaches a maximum of 0.1 m/s at 12:00 LT. Before 09:00 LT, the upslope flow has
not fully developed yet. So there is no ventilation mechanism for local emission during this
period, which encompasses the rising phase (5:30 to 8:00 LT) of the morning peak in the
measured aerosol number concentrations. After 09:00 LT, the upslope flow starts to strengthen,
which intensifies the subsidence warming of the valley core, which in turn strengthens the upvalley flow after 10:00 LT.

However, after 09:00 LT, a strong drop in aerosol number

concentration is present in the observations approaching the relative afternoon minimum. This
indicates that the residual layer is likely clean, so no increase in aerosol number concentration is
observed after 09:00 LT, as suggested by Prévôt et al. (2000). Although, the lack of observations
of vertical profiles of aerosols prevents us from fully evaluating the idealized modeling results
against observations, these results suggest that the morning peak observed at Besisahar before
09:00 LT is mainly contributed by local emissions, and therefore favors the local controls
hypothesis to explain the diurnal cycle of aerosol concentrations in narrow valleys in the region.

5.4 Conclusion
The mountain-valley circulation obtained from the numerical study suggests that the upslope flow is the main source of ventilation of the pollutants near the surface. The cross-valley
circulation strengthens after 09:00 LT, suggesting mixing of residual layer above with the surface
after this period only but the peak aerosol number concentration is decreasing by this time. The
net ventilation of aerosols from the surface after 09:00 LT is higher than the subsidence of any
pollutants trapped in the residual layer with the surface layer. This might be different for enclosed
valleys [large oval shaped basin like Kathmandu valley, as observed by Panday and Prinn
(2000)]. On the other hand, these narrow river valley have a strong downslope wind during the
night time (observed in radiosonde soundings as well). Assuming this downvalley wind from the
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mountains to be clean compared to the valley, it is expected that the residual layer above the
valley in the early morning might be clean also but in the absence of vertical profile of aerosols,
this hypothesis cannot be validated at the moment. However, this study does show that the
observed peak in aerosol number concentration during the morning hour in Besisahar is these
results suggest that the morning peak observed at Besisahar before 09:00 LT is mainly
contributed by local emissions, and therefore favors the local controls hypothesis to explain the
diurnal cycle of aerosol concentrations in narrow valleys in the region.
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6
6.1

CCN estimates from bulk hygroscopic growth factor
Introduction
The variability in the number concentration and chemical properties of aerosol influence

the CCN spectra, and therefore can potentially affect the cloud microphysical processes in the
region. Previously, numerous modeling studies have been conducted either via idealized or real
case simulations to investigate the sensitivity of cloud microphysical processes to CCN [e.g.
Pinty et al. (2001), Thompson et al. (2004), Muhlbauer and Lohmann (2007), Lynn et al. (2007),
Cheng et al. (2006), Fan et al. (2007), Tao et al. (2007), Iguchi et al. (2008), Saleeby and Cotton
(2009), among many others]. In order to perform such studies, either the aerosol size distribution
and chemical properties, or the CCN spectrum are required. Such measurements were not
conducted previously in the central Himalayas. In this work, CCN spectra for central Nepal were
estimated using measured aerosol size distributions and the estimates of bulk hygroscopicity of
sampled aerosol. Specifically, the algorithm developed by Petters and Kreidenweis (2008) using a
single parameter representation of hygroscopic growth was used to estimate the critical
supersaturation and obtain the CCN spectra. The CCN spectra was then fit to the modified power
law of Cohard et al. (1998, 2000) using a least square minimization algorithm to derive the CCN
parameters necessary for CCN parameterizations used in numerical weather prediction models.
Section 6.2 describes the instrumental setup for dry and wet aerosol size distribution
measurements and the algorithm to estimate the growth factors from measurement data. The
growth factor estimates, and the simple Köhler model to describe the growth factor along with
critical supersaturation estimates and CCN spectra fitting are presented in Section 6.3.
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6.2

Experimental Method
Data used in this study were collected at two sites during the JAMEX09 campaign as

discussed earlier in Section 4. The first site was in Dhulikhel (Site A), in the Kathmandu Valley,
downwind of the largest city in Nepal, and the second site was in the small town of Besisahar
(Site B), a relatively remote location in Central Nepal at the bottom of the Marsyangdi river
valley [Figure 4.1, see Shrestha et al. (2010) for detailed description]. This aerosol hygroscopicity
was estimated using the dried and the ambient aerosol size distribution measured from May 14 to
May 25 2009 at Site A and from May 28 to June 05 at Site B. In addition to the size distribution
measurements, the chemical composition of the aerosols was obtained from filter samples taken
at both sites (see Shrestha et al. (2010) for detailed description of the filter measurements).
Teflon membrane filters were used for ion chromatography (IC) and water-soluble organic carbon
and nitrogen analysis. Quartz fiber filters were used for organic carbon and elemental carbon
analysis. Both sites exhibited similar aerosol composition dominated by organic carbon (OC, 6468%) followed by ionic species (24~26%, mainly SO42− and NH4+). The organic particulate mass
was estimated following Turpin and Lim (2001):
POM = 1.3*(OC-WSOC) + 3.2*WSOC

(6.1)

where POM is particulate organic matter, OC is the organic carbon, and WSOC is the water
soluble organic carbon.
The mass of slightly soluble compound (SSC) is given by the second term on the right hand
side of Eq. 6.1. The PM2.5 mass concentration was calculated as the sum of the inorganic
species, POM, and elemental carbon. This yields an average inorganic species mass fraction of
0.17±0.05 for Site A, and 0.14±0.05 for Site B. The average mass fraction of SSC is 0.35±0.09
for Site A, and 0.37±0.05 for Site B. The inorganic composition is dominated by (NH4)2SO4 that
accounts for almost 90% of the total inorganic mass.

119

6.2.1

Aerosol Size Distribution
Aerosol size distribution was measured using two SMPS systems with diameter range 14

nm – 340 nm. Each SMPS consisted of a Differential Mobility Analyzer (TSI model 3071) and a
Condensation Particle Counter (TSI model 3010). The DMAs were operated in sheath
recirculation mode, the flow being provided by an AMETEK Minispiral blower. The flow rate
was monitored using a mass flowmeter (TSI model 4140). The voltage was supplied to the DMAs
by a high voltage power supply (Bertan model 605C). The two systems were operated in the
SMPS mode (Wang and Flagan, 1990). To assess the aerosol hygroscopicity as a function of
particle size, one SMPS (dry SMPS) was operated at low RH conditions and the other at ambient
RH (ambient SMPS). The approach is similar to the one described by Khlystov et al. (2005) and
Stanier et al. (2004). To reduce RH in the dry SMPS, a silica gel diffusion dryer was used at its
inlet. Since the sheath air was operated in a recirculation mode, the RH in the SMPS stabilized
within 30 min. Silica gel was replaced depending upon field conditions to maintain the RH of
reference measurements below 35%, the crystallization point of ammonium sulfate. The RH in
both SMPS systems was monitored using miniature RH sensors (Humirel HM1500) at the inlet of
the DMA. The RH sensors were calibrated in the lab and inter-compared during the field
campaign. The SMPS systems were calibrated in the lab using mono-disperse PSL particles, and
their inter-comparability was characterized in the laboratory using a poly-disperse ammonium
sulfate aerosol, as well as in the field during side-by-side comparisons. The flow rates checks and
leak tests were performed daily.
6.2.2

Growth Factor Estimation
The measured aerosol size distribution data were fitted with multi-mode lognormal

functions using one to four lognormal functions for each measured size distribution. The fit
criterion was chosen to satisfy a χ 2 goodness of fit test at 5% significance level with minimum
number of modes (Shrestha et al., 2010). Overall, the fitted distributions exhibit a consistent
dominant larger mode around 100 nm at both sites, which is indicative of the most processed
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background aerosol upon which the smaller modes are superimposed whenever present [see
Shrestha et al. (2010)]. For the estimation of the diameter growth factor, fitted lognormal
distributions for ambient and dry distributions with equal number of modes were used. Further,
the size distribution data were filtered to remove distribution with number of modes greater than
four, which were indicative of intermittent local sources [see Shrestha et al. (2010)]. A more
accurate location of the larger mode of both distributions was then estimated by finding the
maxima of the sum of the fitted lognormal distributions within the diameter range
(50nm<Dp<200nm). This step is essential since the least square fitting of the lognormal
distribution does not place the modes exactly at the actual peak locations in a consistent manner.
These small shifts are very important because of the sensitivity of the growth factor estimates in
the sub-saturated RH regime for less hygroscopic aerosols. Using the corrected location of the
larger mode of the fitted lognormal distributions determined as described above, the aerosol
hygroscopicity or diameter growth factor (DGF) was estimated as a ratio of particle diameter of
the larger mode of the size distribution measured at ambient RH to that of the dried distribution.
The larger mode around 100nm is usually the oldest, most processed background aerosol, and is
assumed to be internally mixed with size independent chemical composition..

6.3
6.3.1

Results
Diameter Growth Factors
The estimated diameter growth factors (DGF) for the entire sampling period at Sites A

and B are shown in Figures 6.1a and 6.1b, respectively. The diameter growth factor data obtained
during this field experiment at both sites are in the RH range between the crystallization RH
(CRH) and the deliquescence RH (DRH) of (NH4)2SO4. Figures 6.2a and 6.2b show the diurnal
cycles of RH during the sampling period for both dried and ambient air entering the SMPS. The
RH sensor in the ambient SMPS inlet always measured lower RH than the ambient air RH (as
measured by WXT sensors), suggesting warming of air as it entered the SMPS
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Figure 6.1: Estimated diameter growth factor (DGF) using the larger mode (~100
nm) of the fitted lognormal distributions to the ambient and dried distribution.
This was partly due to the SMPS being located inside a recess on the roof of the building
with the air inlet at the roof top for Site A. For Site B, the instrument was also located in a recess
in the roof top, but there was lateral ventilation, and the differences in RH are considerably
smaller. Figure 6.2c-d shows the diurnal cycle of ambient temperature measured during the
sampling period at Sites A and B respectively. The amplitude of the diurnal cycle at both sites is
about 10 ºC. The maximum and minimum temperatures observed at Site A were 18~27 ºC and
10~16 ºC respectively. The maximum and minimum temperatures at Site B were 30 ºC and
18~23 ºC respectively. For this range of temperatures, the expected effect of temperature on
DRH of (NH4)2SO4 is ±1% [(Wexler and Sienfeld (1991)].
The DGF data show a much stronger increase in DGF with increasing RH at Site A than at
Site B, where DGF is only slightly above unity, suggesting small to negligible growth. Although
the atmospheric mixing ratio of water vapor was increasing during the sampling period due to the
approaching monsoon season (not shown here) the ambient RH rarely reached 80% during the
sampling period at Site B due to warmer air temperatures. Therefore, the aerosols at Site B
remained mostly below the DRH of ammonium sulfate during the sampling period. At Site A, the
ambient RH was above 80% at night time. The phase transition from a solid particle to saline
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droplet occurs rather abruptly when the deliquescence RH is reached, but these saline droplets
exhibit hysteresis behavior during droplet evaporation and continue to exist as aqueous droplets
in a metastable state between the deliquescence and crystallization RH [Tang et al. (1981), Ansari
and Pandis (1998), Santarpia et al. (2004)]. Cruz and Pandis (2000) measured deliquescence and
hygroscopic growth for internally mixed aerosol mixtures (including (NH4)2SO4– glutaric acid
with varying organic mass fraction), and found that the changing mass fraction of organic
component had no effect on the deliquescence RH of the salt. In the present study, growth factors
were measured at ambient relative humidity. DGF values greater than unity at RH below the
DRH of (NH4)2SO4 for Site A indicate the presence of aqueous droplets of (NH4)2SO4 in
metastable state. At Site B, only slightly higher than unity DGF values and ambient RH below
80% during the sampling period, suggest that only a small fraction of solid aerosol particles
transitioned to saline droplets.
6.3.2

Model for hygroscopic growth of aerosols

A simple model assuming spherical aerosol particles consisting of an insoluble core
surrounded by an aqueous solution of (NH4)2SO4

[Fitzerald 1975, Svenningsson et al. 1992,

Swietlicki et al. 1999] was used to explain the growth factor at Site A. For this study, the model
was further modified to include the effect of SSC [See Appendix A for the derivations and
assumptions] as follows:

ρ
DGF =  d
 ρ a

 
1000
ε as 1 +
  η as (a w ) M as



1000
 + δ ssc ε ssc 1 +

 η ssc (a w ) M ssc


ρ 
 + (1 − ε ssc δ ssc − ε as ) d 
ρ i 


1

3

(6.2)
where DGF is the diameter growth factor, ε as and ε ssc are the mass fractions of
(NH4)2SO4 and SSC, ρ d , ρ i and ρ a are the density of dry aerosol particle, the insoluble core and
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aqueous solution respectively, δ ssc is the fraction of WSOC that goes into the solution of the
droplet, η as ( a w ) and η ssc ( a w ) are the molality of (NH4)2SO4 and SSC as a function of water
activity a w , M as and M ssc are the molecular weight of (NH4)2SO4 and SSC. Here, the δ ssc
parameter was introduced to account for the effect of SSC solubility. Earlier, Shulman et al.
(1996) also introduced similar term as a function of SSC solubility and sulfate concentration,
both of which changed with droplet radius. If δ ssc = 0 , the effect of SSC on the growth factor is
neglected and the model simply predicts growth factor for an aqueous solution of ammonium
sulfate with an insoluble core. In this study, we set δ ssc = 1 to include the effect of SSC.

Figure 6.2: a-b) Relative humidity (RH) measured by the sensors in the SMPS for
ambient and dried air. Also plotted is the ambient RH measured by the weather station
(WXT). c-d) Ambient air temperature measured by WXT.
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The above growth factor model is valid for the range 0.48<aw<1, given the validity of the
parameterized molality of each aerosol component. In sub-saturated conditions, the
hygroscopicity response of (NH4)2SO4 solution is described by the model given by Potukuchi and
Wexler (1995) in which the molality [ η as ( a w ) ] is parameterized as a function of water activity.
The largest uncertainty comes for slightly soluble compounds, as it is presently impossible to
characterize the individual composition of WSOC. To address this problem, the present study
relies on the data for Levoglucosan (Svenningson et al. 2006), which was inverted to give
molality [η ssc ( a w ) ] as a function of water activity. The model for the density of (NH4)2SO4
solution [ ρ a ] was obtained from Tang and Munkelwitz (1994), with the assumption that the
increase in density due to addition of SSC is negligible. The density of the insoluble core
(organics mainly) was estimated as ρ i = 1.3 gm / cm 3 .

Figure 6.3: a) Modeled DGF plotted against the measured DGF for Site A. The
parameters ε as = 0.16 and ε ssc = 0.40 were obtained by a least squares fit of the measured
DGF data using the simple Köhler model. b) Measured DGF for Site B plotted with
modeled DGF using the mean mass fraction obtained from chemical composition data.
The model was tested against DGF data of Site A only, since the DGF at Site B were only
slightly higher than unity during the sampling period. The mass fractions ε as = 0.16
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and ε ssc = 0.4 for the model were estimated by a non-linear least square fitting of the measured
data (Figure 6.3a). The estimated mass fractions are within 6% and 14% of the mean mass
fractions of (NH4)2SO4 and SSC obtained from chemical composition for Site A ( ε as = 0.17
and ε ssc = 0.35 ). On the other hand, using the mean mass fraction obtained from chemical
composition for Site B, the modeled growth factor for Site B is overestimated compared to the
observed growth factor (Figure 6.3b), suggesting that only a small fraction of solid aerosol
particles did make to DRH at Site B. Since much of the growth factor data in this study is only
available in the sub-saturated range (RH<80%), it was not possible to extrapolate the validity of
the model at RH>80% (for Site A) with any certainty. However, for comparison purposes, it can
be inferred using the above model that the DGF at 80%RH is expected to be 1.14, suggesting less
hygroscopic aerosols [Sweitlicki et al. (2008)].
6.3.3

Estimates of bulk hygroscopicity (k-parameter) for aerosols

Petters and Kreidenweis (2007) introduced a single hygroscopicity parameter κ (applicable
in subsaturated as well as the supersaturated conditions) defined through its effect on water
activity of the solution, which basically incorporates density of the dry particulate matter, the
soluble mass fraction, molecular weight of the solute/solvent, and the number of ions that go into
the solution along with the osmotic coefficient. Using the ZSR mixing rule, a bulk hygroscopicity
parameter can be even estimated from the κ for multi-component aerosols as:

κ = κ as ε v _ as + ε v _ sscκ ssc

(6.3)

where κ inso lub le = 0 and ε v is the volume fraction of solutes and estimated from the
mass fraction using a density of 1.769 g/cm3 for (NH4)2SO4 and 1.3 g/cm3 for organics. This
approach has limitations as little information is known about the composition of the SSC present
in the aerosols and hence the magnitude of κ ssc , leading to uncertainty in modeling the
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hygroscopic behavior of the aerosol. However, the field experiment already provided the data to
characterize the relationship between DGF and a w , and the bulk hygroscopicity parameter κ can
also be estimated using the simplified approach of Rissler et al. (2006) assuming that the Kelvin
effect can be neglected given that the mode of distribution is at 100 nm:

RH


100 
DGF = 1 + κ


1 − RH
100 


1

3

(6.4)

Figure 6.4: Least squares fit of the measured diameter growth factor for Site A,
using Eq. 4, with single parameter κ .
Using a least square fit of the DGF versus RH data for Site A, the κ parameter was
estimated to be 0.13 for the observed range of RH (Figure 6.4). Recently, Jurànyi et al. (2010)
presented a closure study between measured and predicted CCN number concentration. Similarly
to our study, the aerosol was assumed to be internally mixed with size independent composition,
and bulk hygroscopicity was also estimated using the ZSR mixing rule. They used κ as = 0.61
[Petters and Kreidenweis (2007), CCN derived] and κ ssc = 0.1 [Sjorgen et al. (2008), Jurànyi et
al. (2009)]. Using the same values of κ as and κ ssc , Figure 6.5 shows the time series of the bulk
hygroscopicity assuming the ZSR mixing rule for both sites. The mean values obtained for κ
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were 0.12±0.03 and 0.11±0.02 for Site A and Site B respectively, which is in a similar range of

κ values obtained by fitting Eq. 6.4 to DGF vs. RH data for Site A.

Figure 6.5: Time series of estimated bulk hygroscopicity using the ZSR mixing rule
and the chemical composition from the filter samples from Site A and Site B.
On the other hand, a mean value of κ ssc for Site A can also be obtained using the estimate
from the least square fit (Fig. 6.4) and Eq. (6.3) with κ as =0.61. This gives a mean estimate of

κ ssc =0.14±0.1 which is near the range of κ ssc used above and within the proposed organic
hygroscopicity range ( 0 < κ < 0.2 , Ervens et al. 2010). The range of κ obtained from both
estimates suggests less hygroscopic aerosols, which confirms earlier results using the DGF
model. The κ values estimated in this study are also within the range of the hygroscopic
parameters κ =

0.1 and κ = 0.15 for the Aitken range and accumulation mode range

particles reported by Pöschl et al. (2010) for a remote site north of Manaus, Brazil (first two
weeks of March 2008).
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6.3.4

Critical supersaturation estimates and CCN parameters

Petters and Kreidenweis (2007) proposed a much simplified approach in deriving the
relationship between particle dry diameter and CCN activity using a single bulk hygroscopicity
parameter κ as follows:

S (d ) =

d 3 − d d3
 A
exp 
3
3
d − d d (1 − κ )
d

(6.5)

where S(d) is the saturation ratio such that the critical supersaturation is defined as
sc=S(d)-1, d and dd are the wet and dry diameter of aerosol particles respectively, A=8.69251 ×
10−6 σ s / a

/T is a constant evaluated at σ s / a = 0.072 Jm −2

and T=298.15 K, and

κ = ∑ ε i κ i H ( xi ) is a weighted sum of the product of individual bulk hygroscopicites and
i

volume fractions, as explained below.
For aerosol mixtures containing slightly soluble compounds (SSC), Petters and
Kreidenweis (2008) introduced the dissolved volume fraction of the solute xi given by:

xi = C i

(

)

Vw
= g 3 − 1 Ci / ε i
Vsi

(6.6)

where C i is the solubility of the solute in water, expressed as volume of compound per
unit volume of water, g = d / d d is the diameter growth factor, ε i = Vsi / Vs is the volume
fraction of each solute, and

x
H ( xi ) =  i
1

xi < 1
xi ≥ 1

The solubility data for SSC was obtained from the concentration of WSOC obtained from
TOC analysis. The algorithm provided by Petters and Kreidenweis (2008) was used to determine
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numerically the maximum of Eq. (6.6) for each dry diameter of the observed aerosol size
distribution. The algorithm scans the growth factor data in specified increments until the
termination maximum growth factor is reached to find the global maximum (Appendix B). The
bulk hygroscopicity parameter and the volumetric fraction were inferred from chemical
composition data at both sampling sites. The volume fraction of solutes was estimated from the
mass fraction using a density of 1.769 g/cm3 for (NH4)2SO4 and 1.3 g/ cm3 for organics (water
soluble and insoluble cores). The number of activated CCN is then estimated by integrating the
fitted lognormal distribution of dried aerosols, upward from the critical diameter.

6.3.4.1

Vertical Extrapolation of Surface Measured Aerosol Size Distribution

A considerable challenge exists when trying to predict the vertical profile of aerosol size
distributions using surface measurements only. The measured sized distribution needs to be
extrapolated vertically from the surface to the lifting condensation level and above in order to
estimate CCN spectra influencing cloud number concentrations. Earlier, Ghan and Collins (2004),
Ghan et al. (2006) have used vertical profile of backscatter to extrapolate vertical profile of CCN
assuming aerosol composition and shape of aerosol size distribution at the surface is
representative of the vertical column. In this study, the extrapolation is achieved by assuming that
the shape of the aerosol size distribution remains the same vertically, whereas there is attenuation
of number concentration vertically, which is consistent with observations of the vertical profile of
aerosol size distribution measured over the Indian ocean (6.78 N, 73.18 E, March 2006) during
the Maldives Autonomous Unmanned Aerial Vehicle Campaign [Corrigan et al. (2008)].
Corrigan et al. (2008) present two cases of vertical profiles of aerosol size distribution: the total
number concentration during the clean air period decreases continuously above the mixed layer,
while during the polluted period (influenced by pollution transport from continental sources), the
concentration reached a maxima above the mixed layer. It is expected that the vertical profiles of
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aerosol over remote continental areas differ from marine aerosols [Jaenicke (1993)]. Specifically,
the vertical distribution of aerosol concentration in the mixed layer over remote continental areas
has been found to decrease with altitude. Jaenicke (1993) proposed a vertical aerosol number
concentration profile that consists of exponential decrease of aerosol concentration up to a certain
height, and a uniform profile above:

  − z
N ( z ) = N o ( z o )exp
  H n

  NB
+
 N
  o

ν





v


Hn
 ; Hn ≠ 0 v =
Hn


(6.7)

where No is the number concentration of aerosol at the surface and Hn is the scale height
of aerosol dependent on the order of magnitude of No. Similar or modified exponential decays of
aerosol concentration have been used in other studies to investigate the sensitivity of aerosol to
cloud droplet formation and precipitation (e.g. Eichel et al. 1996, Muhlbauer and Lohmann 2008,
Iguchi et al. 2008, Ward et al. 2010).

Figure 6.6: Typical daytime profile of virtual potential temperature obtained from
the radiosonde launched during MOHPREX campaign (Barros and Lang 2003) for the
month of June 2001 at Besisahar (Site B). The above data were extracted from the 03~12
June 2001 launches, whenever available
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The representative height ‘z’ up to which the scaling is applied was estimated for this study
from the daytime mixed layer height inferred from the virtual potential temperature profile
obtained from pre-monsoon onset radiosonde data (03~12 June 2001) at Besisahar (Site B) during
the Monsoon Himalayan Precipitation Experiment (MOHPREX) campaign (Barros and Lang
2003). The inferred mixed layer height from the ground level was around 2300 m, which is the
best estimate given the scarcity of any other data for the region (Figure 6.6). This gives a vertical
scaling height z =1515 m a.g.l. The same scaling height was used for both locations, because, to
our knowledge, no other radiosondes have been launched, or documented systematically in this
region. The background aerosol concentration of N B = 560 ± 160 cm −3 was used to estimate the
vertical scaling factor from the aerosol size measurement taken during the pre-monsoon season
(Jan 2006~Feb 2008, from 03:00 to 08:00 LT) at the Himalayan Nepal Climate Observatory at
Pyramid (NCO-P, Khumbu Valley (5,079m)) site (Venzac et al. 2008, Sellegri et al. 2010).
Finally, vertical extrapolation was applied to the median aerosol size distribution measured
during the afternoon only, when the mixed layer height is well developed, as it is not possible to
assume such vertical scaling at other times of the day when the boundary layer is developing or
collapsing and / or in the presence of polluted residual layer aloft at night time (Shrestha et al.
2010).
The total number concentration at both sites exhibited a minimum value during the afternoon
(12:00 to 15:00 LT, when the mixing layer is well developed) and at night time (00:00 to 04:00
LT, when katabatic wind develops bringing cold air mass from the ridges to the valley, lifting the
warm polluted layer above). The mixed layer height nearly approximates the ridge layer height in
these river valleys (Figure 6.6a), so the assumption that the katabatic wind brings aerosol from
the top of the mixed layer height to the surface at night time is reasonable. In making this
assumption, it is implied that the night time distribution has similar number concentration as the
vertically attenuated distribution from the afternoon aerosol distribution, assuming no other
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influence in the upper layers. However, because of the presence of cross-valley circulations, the
downslope flow at different levels incorporates the contribution of the upward rise of the air in
the centre of the valley, thus partially recirculating polluted air. In order to address this issue, the
night time distribution of aerosol at surface is taken as a weighted combination of the aerosol size
distribution at different levels in the river valleys. At both locations, the night time distributions
have similar shape compared to the afternoon distribution, strengthening our assumption that the
shape of the aerosol size distribution remained the same vertically during the sampling period.
6.3.4.2

CCN spectra parameters

In the absence of a separate aerosol microphysics module, numerical models require the
specification of activated CCN at each time step depending upon the maximum supersaturation
reached by the air parcel [e.g. Pinty et al. (2001), Milbrandt and Yau (2005) of many others]. In
this study, the CCN spectra were fitted to the modified power law (Cohard et al. 1998) with four
parameters:

 k k

N CCN ( s c ) = Cs ck F  µ , , + 1;− β s c2 
 2 2


( 6.8)

where, C, k , µ β are the parameters of the hypergeometric function F.
Because the range of variability of NCCN and sc (%) spans nearly 4 orders of magnitude,
the fitting of Eq. 6.8 using non-linear least square minimization is very sensitive to initial values,
and therefore difficult to converge. In order to simplify the process, an alternative is to estimate
the parameters using the following equation

n( s c ) = kCs ck −1 (1 + β s c2 ) − µ

(6.9)

where n(s) is the number of activated CCN in the diameter size increment ds between s
and s+ds. The order of magnitude of n(sc) is smaller than Nccn making it much easier to apply
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non-linear least square fitting to Eq. (6.9). Note that, since Nccn is the integral of n(sc), the C
parameter estimated from Eq. (6.9) is divided by ds to derive the parameters for fitting using Eq.
(6.8).

Figure 6.7: CCN spectra and sc-Dd curves during the build up of pollution in
Dhulikhel (Site A). The spectra were obtained by using median size distribution during the
afternoon and the bulk hygroscopic parameter (κ) from daily chemical composition data.
a,c) CCN spectra fitting using the modified power law (Cohard et al. 1998). b,d) sc-Dd
curves obtained from the Petters and Kreidenweis algorithm (2008) using the size
distribution and chemical composition/solubility data for the given day.
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For the initial guess, k is a measure of the slope of CCN spectra at lower supersaturation, µ
represents the location of flattening of the curve at higher supersaturation, and β represents the
location of the slope break. The k parameter can be easily obtained from the observed NCCN and sc
(%) at lower supersaturation constrained within 1% (i.e. lower bound and upper bound) for fitting
purposes. The fitting algorithm utilizes the “lsqcurvefit” available in Matlab, with lower and
upper bounds specified. Curves were fitted to Eq. (6.9), and the estimated parameters with
updated C values were used to plot the CCN spectra given by Eq. (6.8) for real values only. The
fits obtained using the above optimization algorithm are shown in Figures 6.7 and 6.8, and the
parameters obtained by fitting the CCN spectra for different days are summarized in Table 6.1 for
Site A and Table 6.2 for Site B. Cohard et al. (1998) report large differences in the values of C for
clean and polluted air. These discrepancies are due to increase in the k value which must be
counteracted by an increase in the magnitude of C.
Table 6.1: CCN parameter estimates using the modified power law (Cohard et al. 1998)
for Besisahar (Site B, May~June 2009)
Date

C

k

µ

β

May 28

16321

2.54

1.76

19.30

May 29

29791

2.63

1.80

23.32

May 30

16752

2.37

1.64

22.80

June 01

7309

2.56

1.99

7.60

June 02

19602

2.66

1.77

20.78

June 03

82309

2.35

1.65

79.63

June 04

31255

2.03

1.36

76.36

June 05

7061

2.70

2.12

6.99
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Table 6.2: CCN parameter estimates using the modified power law (Cohard et al. 1998)
for Dhulikhel (Site A, May 2009)
Date

C

k

µ

β

May 14

26933

2.54

1.52

36.94

May 15

13970

2.19

1.43

30.99

May 16

6085

2.30

1.68

13.49

May 17

9629

2.27

1.82

12.32

May 18

26570

2.01

1.04

110.92

May 19

23736

1.98

1.24

88.71

May 20

10392

2.64

1.73

10.09

May 21

9491

2.08

1.35

32.20

May 22

9982

2.15

1.45

31.72

May 23

12985

2.21

1.42

37.48

May 24

7307

2.25

1.69

17.04

May 25

61984

2.70

1.83

29.46

Figure 6.7 shows the CCN spectra and Sc-Dd curves at Site A during the pollution buildup
phase (dry weather and extended aerosol haze intrusion from the IGP). The increase in the bulk
hygroscopicity of aerosol from May 17 to May 18 (Figure 6.5) is observed in the shift of the ScDd curve towards the left (Figures 6.7 c,d). This causes more aerosol particles to activate at lower
supersaturation, which also depends on the shape of the distribution. The increase in the CCN
concentration at higher supersaturation is attributed to the presence of a secondary mode around
20nm in the measured aerosol size distribution on May 18. This is based on the assumption that
the composition and GF derived for 100 nm particles are still valid at 20 nm, so at these sizes, the
estimates are probably quite uncertain. At Site B, in the presence of synoptic scale haze, the
hygroscopicity of the aerosol increased from June 02 to June 03 (Figure 6.8), and also the
geometric mean diameter of aerosol size distribution shifted to a larger size. Both of these factors
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contributed to decreasing the slope of the CCN spectra (Figures 6.8 a and c). The Sc-Dd curves
(Figures 6.8b and d) also shift towards the left (Figures 6.8c and d).

Figure 6.8: Site B CCN spectra and sc-Dd curves during the haze build up period in
Besisahar are shown. The spectra were obtained by using median size distribution during
the afternoon and the bulk hygroscopic parameter (k) from daily chemical composition
data. a,c) CCN spectra fitting using the modified power law (Cohard et al. 1998). b,d) sc-Dd
curves obtained from the Petters and Kreidenweis algorithm (2008) using the size
distribution and chemical composition/solubility data for the given day.
Recently, Konwar et al. (2010) reported mean CCN concentrations of 400 cm-3 (for low
aerosol optical depth (AOD) conditions, AOD = 0.15) and 1000~2000 cm-3 (for high AOD
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conditions, AOD = 0.52~0.64) at an altitude above 2000 m, over the Western Ghats, India (MaySeptember 2009) and at supersaturation of 0.35~0.45%. This is perhaps the only regional dataset
available for the inter-comparison of CCN. In the present study, the mean CCN concentration at
supersaturation ranging from 0.35~0.45% for Besisahar (Site B, countryside) was 435±98 cm-3
during clear dry days, and 750±50 cm-3 during the haze built up event (June 3~4, 2009), which is
within the range of CCN measured over the Western Ghats of India, under the influence of
synoptic scale haze (Atmospheric Optical Depth, AOD= 0.8-1.0). At Dhulikhel (Site A, urban),
the mean CCN concentration at 0.35~0.45% supersaturation during the observed pollution event
(followed by a dry period) was 700 cm-3 (May 18 2009, AOD = 0.4,). The mean average for the
month of May was 411±92 cm-3, excluding May 18 2009, which also included some rainfall
events in Dhulikhel (Site A). Although longer sampling is required for robust statistics, the CCN
parameters presented in this study provide the first observational insight on the CCN spectra over
Central Nepal based on aerosol physical/chemical properties, including the effect of synoptic
scale haze in local CCN spectra.

6.4

Conclusions:
An estimate of CCN spectra during the pre-monsoon season over Central Nepal is

presented based on the measured dry aerosol size distribution and hygroscopic growth factor from
the chemical composition of the aerosols sampled during the JAMEX09 campaign (Shrestha et al.
2010). The observed diameter growth factor can be explained by a simple Köhler model using
spherical aerosol consisting of insoluble cores surrounded by an aqueous solution of (NH4)2SO4.
A relatively better fit was obtained when the SSC was also taken into account, but since much of
the data were only in the sub-saturated regime, no information could be extracted from this model
to explain the DGF at higher RH. However, the estimates of DGF at 80% RH using the above
model and the estimated bulk hygroscopicity parameter “k” from chemical composition indicated
that the aerosols in this region are less hygroscopic according to the classification of Sweitlicki et
138

al. (2008). The bulk hygroscopicity of the aerosol varied daily with increasing magnitudes during
the haze events. The CCN spectra were estimated using this bulk hygroscopicity parameter and
the vertically scaled dry aerosol size distribution, assuming that the shape of the distribution does
not change with height. Although, limited by the lack of extensive instrumentation such as direct
CCN measurements and Hygroscopic Tandem Differential Mobility Particle Analyser (HTDMA)
to measure growth factors of aerosol at higher RH and for size resolved chemical compositions,
this study provides the first data on the CCN spectra during the pre-monsoon season over Central
Nepal. In addition, it provides regionally meaningful CCN parameters for aerosol-cloud-rainfall
interactions modeling studies, until more measurements and field campaigns are conducted in this
region.
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7
7.1

CCN sensitivity Study
Introduction
The climatology of the observed strong peak of aerosol optical depth in the pre-

monsoon season in the Indian Gangetic Plains (IGP) has been well documented in
numerous studies using satellite retrievals (Bollasina et al. 2008, Gautam et al. 2009a,
Gautam et al. 2009b, Shrestha and Barros 2010). These studies have attempted also to
link this build up of aerosol to upper tropospheric warming and low cloudiness, resulting
in amplification of land-sea gradient, thus strengthening the initial phase of monsoon.
Shrestha and Barros (2010) identified the central region of the Himalayas and adjacent
foothills as a region of potentially high aerosol-cloud-rainfall interactions as the synoptic
scale aerosol plume in the IGP penetrates and runs up and accumulates along deep river
valleys (Brun et al. 2011). On a more local scale, Shrestha et al. (2010) showed that, in
the presence of regional scale aerosol clouds and during dry periods, the mean volume
aerosol concentration increased and so did the aerosol mass concentrations in two
different valleys of Central Nepal, the Marsyangdi and the Kathmandu. In addition, the
topography of the region was found to play an important role in modulating the diurnal
cycle of aerosol number concentration due to the katabatic and anabatic winds. Previous
studies by Barros et al. (2006), Chiao and Barros (2007), Barros et al. (2004) and Lang
and Barros (2002) over the central Himalayas in Nepal have also shown that the spacetime distribution of rainfall and the terrain are strongly intertwined in the region.
Depending upon the type of cloud systems and synoptic conditions, changes in
aerosol number concentration and chemical properties influence the microphysical
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pathways of aerosol cloud rainfall interaction in different ways, resulting in suppression
of rainfall, invigoration of the storm, and even displacement of rainfall (Pinty et al. 2001,
Khain et al. 2005, Tao et al. 2007, Rosenfeld et al. 2008, Saleeby et al. 2008, Muhlbauer
and Lohmann 2008, Iguchi et al. 2008, and Lee et al. 2010 among many others). The
particle sizes measured during Joint Aerosol Monsoon Experiment (JAMEX09) in
Central Nepal indicate that the dominant aerosol mode is around 100 nm, which is also
consistent with the predominance of fine aerosol (< 350nm) found by Dey and Girolamo
(2010) in the Himalayan foothills using MISR (Multi Imaging Spectro-Radiometer) data.
Higher CCN concentrations from fine aerosol particles slow the conversion of cloud
drops into raindrops, thus inhibiting rainfall production initially followed by
intensification later (Rosenfeld et al. 2008). Several previous studies (Khain et al. 2005,
Seifert and Beheng 2005, van den Heever et al. 2006, Tao et al. 2007, Lynn et al. 2007,
Fan et al. 2007, Khain and Lynn 2009, Khain 2009, Ntelekos et al. 2009, Storer et al.
2010 among many others), have also shown that the aerosol effect on cloud
microphysical processes strongly depends on specific environmental conditions and
varies with cloud types. Overall, these studies suggest that mechanisms of aerosol-cloudrainfall interactions are very complex and highly nonlinear, and therefore transferability
and generalization of the results learned from one case study for particular storm may not
be applicable for other storm in different environmental conditions, including climate
regime and topography, which plays a significant role in airflow modifications that in
turn feedback into microphysical pathways. To achieve a comprehensive understanding
of the thermodynamic forcing of the aerosol, an integrated approach from measurement
to modeling of regional processes is required. The dependence of the aerosol sensitivity
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on environmental conditions and cloud types necessitates a better understanding of the
climatology of the storms and precipitation events (e.g. pre-monsoon, monsoon, postmonsoon and winter rainfall for Nepal). In-situ measurement of aerosol chemical and
physical properties for the different seasons of the year is required to evaluate the
sensitivity of the aerosol for different cloud systems using numerical models. Only then,
a clear picture of cloud-aerosol-rainfall interaction might emerge. Here, we present an
exploratory study to investigate the CCN sensitivity of the numerical simulation of a premonsoon season storm in Central Nepal associated with the intrusion of a major IGP
aerosol plume. The CCN spectra used in the study was estimated from the in-situ
measured aerosol size distribution and chemical composition during the Joint Aerosol
Monsoon Experiment (JAMEX09, Shrestha et al. 2010, and Shrestha et al. 2011,
submitted to JGR). Although this study consists of multiple simulations of the same
storm using different CCN forcing, it allows us also to assess quantitatively the effect of
changes in storm dynamics and precipitation fields on critical water infrastructure in the
region, specifically the Kulekhani Water Reserve (KWR) hydropower dam, for the first
time. The chapter is structured as follows: Section 7.2 describes the experimental setup
for the simulation. Results are discussed in Section 7.3. Summary and conclusion are
presented in section 7.4.

7.2

Experimental Setup
The model used in this study is the Advanced Research WRF version 3.2. The

physics packages used for the simulation are: the Milbrandt and Yau (2005) double
moment microphysics, the Kain-Fritsch cumulus parameterization scheme [Kain and
Fritsch (1993)], the Rapid Radiative Transfer Model (RRTM) longwave radiation scheme
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[Mlawer et al. (1997)], the simple cloud interactive short wave radiation scheme [ Dudhia
(1989)], the unified Noah land-surface model [Chen and Dudhia (2001)], the Yonsei
University planetary boundary layer (PBL) scheme [Hong et al. (2006)] and the MM5
similarity theory surface layer scheme.
The numerical domain was set up using 4 nests defined on a Lambert conformal
projection, while maintaining a 1:3 grid resolution ratio, starting from 27, 9, 3, and 1 km
(Figure 7.1). The horizontal grid sizes used in the 4 nests are 51*51, 52*52, 73*73 and
121*73 respectively, with 40 vertical grid levels and model top at 50 hPa. An implicit
gravity wave damping layer, 5km deep was specified at the model top to absorb vertically
propagating gravity waves. The outermost regional domain encompasses different
countries, the Himalayas in Nepal, much of the Tibetan Plateau in China, the Indian
Gangetic Plain over India, Bangladesh and Bhutan on the south-east corner. Figure 7.2
shows the topography of the innermost domain comprising the Kathmandu Valley and
Dhulikhel where the aerosol sampling was conducted during JAMEX09, along with the
outermost terrain of the Himalayas that separates the inner valleys from the plains over
the Terai region adjacent to the IGP. Major water resource features observed at 1km
resolution like the Indrawati river and the Kulekhani water reservoir (KWR) are also
shown.
The land-used specified in the model domain is based on the USGS 20-category
vegetation (land-use) database and the topography is interpolated from USGS GTOPO30. The model simulations were conducted using one way nesting. The European Center
for Medium Range Weather Forecasts (ECMWF) latest atmospheric global reanalysis
product ERA-Interim at 0.7˚ spatial resolution and 6 hourly temporal resolution
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downloaded from Computational and Information Systems Library (CISL) Research Data
Archive were used for the initialization and lateral forcing of the outermost domain,
starting on May 14 2009, 0000 UTC, corresponding to 05:45 LT in Nepal.

Figure 7.1: Geographical location of the four nested domains centered over Central
Nepal. Domain d01 (27 km) encompass the Indian Gangetic Plain (IGP) and the Tibetan
plateau extending up to Bhutan and Bangladesh in the east. Domain d02 (9km), d03 (3km)
is over Central Nepal. Domain d01 (1km) encloses the Kathmandu Valley and Dhulikhel
(Site A, where aerosol sampling was conducted) extending up to the outermost terrains of
the Himalayas.
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The outermost domain was first integrated for 48 hours, from which the initial and
lateral boundary condition were created for the second nest. The second nest was then
initialized on May 14 2009, 0600 UTC using the outermost domain data and the model
was integrated for 42 hours. Similarly, the third (3km horizontal resolution) and fourth
domain (1 km horizontal resolution) were also integrated for 42 hours from May 14 0600
UTC to May 16 0000 UTC, but with the cumulus parameterization turned off. A
simulation time-step of 6∆x seconds (e.g. 18s for 3km horizontal resolution) was used for
the outermost 3 domains and a time-step of 3s was used for the innermost domain. This
period was chosen for the simulation due to the availability of the CCN spectra associated
with the synoptic scale aerosol plume present, which increased the volume concentration
of aerosol as well as the mass of the aerosol species (Shrestha et al. 2010).

Figure 7.2: Topography of the innermost domain (d04: 1km) showing the hills
surrounding the Kathmandu Valley (KTM) and the Terai Plains. Also shown is the
Indrawati River (IWR) flowing along the east of Site A and the Kulekhani Water Reserve
(KWR) south-west of Kathmandu Valley. The cross-marks locate the rain-gauge network
maintained by Dept. of Hydrometeorology (DHM, Nepal). Contours are plotted at 100 m
interval with specified color codes (Black:100m~1000m, Blue:1100~2000m, Red:>2000m).
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Figure 7.3: Top: Wind vectors and wind speed contours at 300mb showing the
upper level westerly jet at 300hPa.Bottom: 850 hPa wind field and mixing ratio, showing
the influx of moisture to Central Nepal IGP near the Bay of Bengal. The terrain at level
higher than 850 hPa was masked out. ERA Interim reanalysis product was used for this
analysis.
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Dry conditions led to the increase of aerosol concentration from 14~15 May, which
was followed by rainfall on 15th May, scavenging the aerosols and reducing its
concentration. During that period, the synoptic scale conditions were characterized by a
northwesterly flow aloft with the axis of the upper level trough, east of the study region
(Figure 3). The NW flow extends up to 3km amsl. At lower levels, a cyclonic circulation
is present in the IGP, creating a south-easterly flow that impinges upon the outermost
foothills of the Himalayas over central Nepal. This low level flow also tends to veer
along the hills westward and turn clockwise, impinging the outer ridges of Kathmandu
Valley and the KWR from north-west, matching with the direction of upper level flow. In
course, this potentially unstable air at the lower level releases its instability while flowing
above the topography, triggering pockets of intense precipitation event. Previous studies
of orographic effects on rainfall in Mesoscale Alpine Program (MAP) have also
consistently shown the importance of the change in static stability of the flow at low
levels coupled with the orographic modification of the flow in the prediction of the
intensity, location and duration of orographic precipitation (Medina and Houze 2002).
Table 7.1: Hydrometeor type specific shape parameters
Parameter Cloud
Water

Rain

Cloud Ice

Snow

Graupel

Hail

αx

1

2

0

0

0

3

vx

3

1

1

1

1

1

In order to model the sensitivity of aerosol-cloud-interactions, the double moment
version of the Milbrandt and Yau (2005), hereafter MY05 was used. Table 7.1
summarizes the specified shape parameters for the gamma distribution of different
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hydrometeors, which are held constant in the simulation. Setting vx=1 and αx=0 results in
an inverse exponential function for the cloud ice, snow and graupel. In WRF 3.2.1, the
MY05 double moment microphysics utilizes the CCN activation scheme developed by
Cohard et al. (1998). In the present form, the maximum supersaturation is not explicitly
solved in WRF 3.2.1. Instead a least square fit of the number of activated CCN,
N CCN = f ( w, T , P ) , where w, T, P represent vertical wind component, temperature and
pressure, and the maximum supersaturation s v , w max = f ( w, T , P ) is implemented in the
algorithm for specified CCN spectra. Therefore, a separate least square fit is required for
each different CCN spectra used in numerical simulations. This is cumbersome as it
involves non-linear regression with three degrees of freedom, and the least square fits
need to be developed for NCCN as well as maximum supersaturation. Moreover, the least
square fits may have different uncertainty tolerances, and thus residual uncertainty. To
avoid this shortcoming, an iterative method to solve for maximum supersaturation using
the method described in Cohard and Pinty (2000) was implemented in WRF3.2.1 for this
study as described next.
Cohard et al. (1998) extended Twomey’s approach to a more realistic shape of activation
spectra which limits the maximum number of CCN activated at higher supersaturation and
produces a more realistic CCN spectrum.

 k k

N CCN ( s v , w ) = Cs vk, w max F  µ , , + 1;− β s v2, w max 
 2 2


(7.1)

where s v , w max is the maximum water vapor supersaturation w.r.t to plain water and
F(a,b,c; x) is a hypergeometric function and C, k,µ β are the parameters of the fit.
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where all quantities are in cgs units, and g is gravitational acceleration, Lv is the latent
heat of vaporization, w is the vertical wind speed, T is the air temperature, P is the pressure, Rd
and Rv are the gas constants for dry air and water vapor respectively, ε is the molecular weight
ratio of water vapor to dry air, Cp is the specific heat of air at constant pressure, qvsw is the water
vapor saturation mixing ratio with respect to water, Dv is the diffusivity of water vapor in air, Ka
is the thermal conductivity of air and β is the beta function. Eq. (7.2) cannot be solved
analytically and the solution is obtained by iteration, with the first guess assuming F( , , ; ) = 1.
The solution converges within couple of iterations (<5 observed in this case). Once the maximum
supersaturation as a function of w,T,P is estimated, Eq. (7.1) is then used to estimate the number
of CCN activated.

Figure 7.4 shows the CCN spectra estimated from the measured aerosol size
distribution and hygroscopicity during the JAMEX09 campaign (Shrestha et al. 2010)
and the marine (CCN Type 1) and continental (CCN Type 2) spectra obtained from
Cohard et al. (1998). The May 15 CCN spectra (CCN Type 3) corresponds to polluted
conditions when the aerosol plume was intruding from the IGP. The May 16 CCN spectra
(CCN Type 4) is representative of clean air conditions as most of the aerosols were
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scavenged after the rainfall event on the night of May 15. The parameters for the CCN
spectra used in this study are summarized in Table 2.

Figure 7.4: The marine (CCN Type 1) and continental (CCN Type 2) CCN spectra
are based on the study by Cohard et al. (1998). The CCN spectra for May 15 (CCN Type 3)
and May 16 (CCN Type 4) are the estimated spectra from aerosol size distribution and
chemical properties at Site A during JAMEX09 campaign.

Table 7.2: CCN spectra parameters for the hypergeometric function
C

k

µ

β

CCN Type 1

1.98E08

4.16

2.76

1370

CCN Type 2

3270

1.56

0.70

136

CCN Type 3

13970

2.19

1.43

30.99

CCN Type 4

6085

2.30

1.68

13.49

This study focuses on the sensitivity of simulations conducted with the CCN Type 2
(default continental aerosol in MY05 microphysics module in WRF3.2.1) and the CCN Type 3
spectra measured during JAMEX09 (hereafter CT2 and CT3 respectively) for the observed May
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15 2009 storm. However, the simulations do not permit examination of direct impact of aerosol
on heterogeneous nucleation of ice and direct radiative effect of aerosol. The parameterization of
nucleation efficiency of different ice nuclei on heterogeneous drop freezing could be important in
ice-phase clouds (Diehl et al. 2007, Hoose et al. 2010), and will be considered in future study.

7.3

Results
Ground based radar measurements of precipitation are non-existent in this region and

TRMM/MODIS overpasses provide valuable spatial data on rainfall and cloud-coverage
over this region. Nevertheless, since the overpasses are narrow, take place twice daily
only and the satellite trajectories vary substantially from one overpass to the next, the
TRMM/MODIS observations may have a limited use for storm-based case-studies such
as this depending on the storm of interest, including timing and localization. The paths of
the A-Train Satellites are also east and west of the innermost d04 domain. By contrast,
geostationary satellites such as Meteosat7, Fengyun-2D, and Kalpana provide a regional
overview of cloud processes in this region. Figure 7.5 shows the visible satellite imagery
(METEOSAT7) of the storm development at hourly intervals over Nepal. The storm
continues to strengthen after 0900 UTC organizing itself along the outer ridges of
Kathmandu Valley (the arrow indicates the location of d04 domain). This north-westerly
storm is fuelled at low levels by south-easterly flow impinging on the southern and
western ridges of Kathmandu valley. As a result, a series of multiple convective cores,
enhanced by the complex orography, produced copious amount of rainfall from late
afternoon to evening on May 15 2009.
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Figure 7.5: Visible satellite imagery of the north-westerly storm development over
Nepal. The arrow at 1100 UTC shows the storm in the d04 domain. The images were
obtained from European Organization for the Exploitation of Meteorological Satellites
(EUMETSAT) data center.
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The simulated cumulative rainfall fields at 0000 UTC May 16 2009 are compared
with the measured precipitation from rain-gauges maintained by Department of
Hydrology and Meteorology (DHM, Nepal, Figs. 7.6a-b). Figures 7.6c-d show the scatter
plots among the average simulated cumulative rainfall at the 9 grid points surrounding
each rain-gauge location in d04, and the cumulative rainfall measured at the rain-gauge.
The WRF rainfall predictions do not agree well quantitatively with the rain-gauge data
and show strong overestimation, but the simulated rainfall patterns over the ridges
surrounding Kathmandu Valley and the dry pattern in the valley itself are consistent
overall with the pattern of observed rainfall.
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Figure 7.6: a-b)Total Accumulated precipitation at 00:00 UTC 16 May 2009 for CT2
(a) and CT3 (b) respectively. Also, shown in the location of KWR and Site A. c)Scatter plot
between the rain-gauge and the model simulated rainfall for CT2 and CT3. Note the
northward shift of the precipitation maxima in CT3 compared to the precipitation maxima
at KWR in CT2. The colored small circles with cross-hairs indicate the accumulated
rainfall for the same period measured by the rain-gauges.
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The simulated surface air temperature, relative humidity and accumulated
precipitation were also compared with measurements obtained during the JAMEX09 at
Dhulikhel (Site A). Figure 7.7 shows that the model captures the diurnal cycle of surface
air temperature and relative humidity relatively well at Dhulikhel, but the simulated air
temperature shows a persistent offset of about 2 ˚C higher than the measured temperature
in the late evening and at night time, implying that nighttime radiative cooling may be too
weak. Note that the differences between CT2 and CT3 simulations are negligible before
moist processes associated with the storm passage begin to dominate after 0600 UTC on
May 15. For the observed rainfall, the timing of the major precipitation is better captured
by the CT3 simulation compared to CT2. CT2 over-estimates the total rainfall and CT3
under-estimates the total rainfall.

155

Figure 7.7: a) Measured and modeled (CT2, CT3) surface air temperature for
Dhulikhel (Site A). b) Measured and modeled (CT2, CT3) surface relative humidity (RH)
for Site A. c) Measured and modeled (CT2, CT3) surface accumulated rainfall for Site A.

A major shift in rainfall maxima in the NE direction is observed between CT2 and
CT3 simulations. Clearly, the rainfall maxima have shifted from the KWR basin to the
northern-facing slopes of the terrain surrounding the KWR, that is the on the other side of
the watershed divide. The difference in the total accumulated rainfall between the two
simulations is shown in Figure 7.8a. The northward shift in the precipitation maximum is
clearly observed from the cross-section of cumulative precipitation for all simulations
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using the various aerosol types (Figure 7.8b). The CT2 simulation exhibits a distinct shift
toward southwest in the precipitation maximum compared to the other runs, with major
difference between CT3. To further examine the microphysical impacts of the two CCN
types on the spatial/temporal evolution of rainfall event, budget analysis has been
performed using the bounding box d05 over the KWR (with maxima in rainfall shift).

Figure 7.8: a) Difference in total accumulated precipitation between CT2 and CT3
at 00:00 UTC 16 May 2009. The d05 box bounding the region of precipitation maxima
difference, has been used for budget analysis of different hydrometeors. b) Total
accumulated rainfall along c-s AA’ for CT1, CT2, CT3 and CT4 simulation. The
topography along the cross-section is also plotted. CT2 exhibits a distinct shift in peak
compared to other CCN type.
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Figure 7.9a shows the time series of averaged rainfall rate over the area defined in
Figure 7.8a as d05. Although both simulations show similar timing for the rainfall event
on 15 May 2009, the rainfall in the CT3 simulation is suppressed in the initial period
from 0830 to 1000 UTC compared to CT2, and at the mature state (1300 UTC), the mean
rainfall rate for CT3 is enhanced by only 3mm/hr. This was due to 1hr delay in the
initiation of convection for CT3, as diagnosed from the time series of the spatial plots of
integrated liquid water path (LWP) and ice water path (IWP) [see spatial plots of LWP
and IWP at 0830 UTC in the following discussion]. Figure 7.9b shows the time sequence
of model simulated maximum vertical velocity (d05 box). CT3 shows substantially
higher maximum vertical velocity compared to CT2 in the later phase of the storm at
times associated with increase in simulated surface rainfall rates. Likewise, the
suppression of rainfall from 0900~1000 UTC for CT3 is associated with significant drop
in the maximum vertical velocity. Fig. 7.9c-d shows the averaged liquid water path
(LWP) and ice water path (IWP) over the d05 box. Both LWP and IWP decrease in the
early phase of the storm at 09:00 UTC for the CT3 simulation compared to CT2. This is
due to the delay in the initiation of convection within d05. During the mature phase of the
storm, the LWP is higher for CT3 compared to CT2, whereas a shift in the timing of the
peaks of IWP is observed for CT3 compared to CT2. The higher LWP in the mature
phase of the storm is associated with the wider extent of the convective core of the storm
which uplifts a larger mass of moist air. Due to the presence of an upper level jet, the
anvil of the deep clouds will also spread more horizontally (Koren et al. 2010), and this
was also a common feature in this simulation as the strong upper level north-westerly
winds pushed the anvil of the clouds to spread further south-east. The different extents of
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spread in the anvils of the convective cores can potentially also affect radiative forcing,
hence further complicating the aerosol-cloud interaction.

Figure 7.9: Time series of d05 domain averaged rain-rate(a), maximum vertical
velocity (b), total integrated liquid water path (c), total integrated ice water path (d) for
CT2 and CT3 simulations. The liquid water path (LWP) includes cloud water and rain. The
ice water path (IWP) includes cloud ice, snow, graupel and hail.

Rosenfeld et al. (2008) showed that the suppression of rainfall by high
concentrations of fine CCN results in the conversion of more cloud water to ice particles
that release latent heat of freezing aloft and reabsorb heat at lower levels where they melt
after falling. The increased heating at higher levels in the troposphere and cooling
underneath can enhance the local circulations. On the other hand, the suppression or
decrease in the efficiency of the conversion of cloud droplets to rainfall due to increased
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aerosol concentration accelerates evaporative cooling of cloud droplets, leading to an
increased intensity of downdrafts, and thus gust fronts (Lee et al. 2010, Tao et al. 2007).
Lee et al. (2010) showed that the large thermodynamic forcing associated with changes in
the evaporatively driven downdrafts in deep convective clouds can modify the large scale
atmospheric circulation driven by these deep convective clouds. Recently, Storer et al.
(2010) highlighted positive and negative feedbacks that may result from the differences
in cold pool size and strength associated with the variations in aerosol concentration for
different environmental conditions. The formation of smaller and weaker cold pools
provides less forcing to the formation of the secondary convection, decreasing the overall
intensity and spatial coverage of the convective storm. On the other hand, weaker cold
pools tend to move slower and remaining coupled to the convective storm, thereby
enhancing it. In general, the simulated polluted storms were found to produce smaller and
weaker cold pools (Storer et al. 2010). These features can be more easily tracked in
simulations of isolated storm events or under idealized/controlled conditions.

The

present study consists of a success of multiple storms and airflow over complex
topography, and therefore it is not straightforward to isolate the influence of each factor
in the modification of the storm in response to changes in initial CCN concentration.
Depending upon the maximum supersaturation reached, the number of activated CCN
will be higher in CT3 and CT2 for s v , w max > 0.1% and s v , w max < 0.1% respectively (see
Fig. 7.4). In general, a diagnostic spatial plot of integrated cloud drop number
concentration in the d03 domain (Figs. 7.10a-b) indicates that there is a higher number of
activated cloud drops for CT3 compared to CT2, suggesting s v , w max > 0.1% . These large
numbers of droplets increase the source of evaporative cooling. On the other hand, they
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also affect the glaciation of shallow phase clouds (cloud top <5km) by diminishing
autoconversion and secondary ice crystal production (Philips et al. 2001). Hallet and
Mossop (1974) showed that secondary ice crystals are produced when drops larger than
25µm in diameter freeze on ice substrate at temperatures between -3˚C and -8˚C,
hereafter referred as the H-M process.

Figure 7.10: a-b) Horizontal wind vectors at z=1500 m amsl., and maximum cloud
droplet concentration for CT2 (a) and CT3(b) for d03 domain. The contours are plotted
from 100 to 1000 cm-3 at an interval of 100 cm-3. c-d) Horizontal wind vectors at z=3000 m
amsl., and maximum ice number concentration at levels (-3˚C <T <-8 ˚C) for CT2 (a) and
CT3(b) for d03 domain. The contours are plotted from 5 to 2000 L-1 at an interval of 20 L1 . Also, the outline of d04 domain is shown.
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Similarly, in the present study, the H-M process was found to be sensitive to CCN
concentration in the early phase of the storm (Figs. 10c-d). The average number
concentration of ice crystals in the -3˚C to -8˚C range was higher for CT2 compared to
CT3, which also resulted in higher graupel production by collision among freezing and
rain drops during this period. These changes in the microphysical pathways of multiple
convective events could also possibly feedback to the local circulation by altering the
vertical structure of latent heating. Nevertheless, the differences in the H-M process
between the two simulations become less discernable for the mature phase of the storm.
The simulated structure of the storm event in the d04 domain is documented in
Figure 7.11. The spatial plots of vertically integrated LWP and IWP show the full
structure of the successive storms moving toward south-east at 0830, 1030 1130 and 1230
UTC respectively. There were three main convective storms passing through three
monitoring cross-sections S1, S2 and S3 marked in the Figure 7.11. Because the storms
are propagating through complex terrain, over a series of ridges along their path,
orographic enhancement of the storm also occurs downstream. Clearly, the core of the
storm has shifted southwards at 1130 UTC for CT2 compared to CT3 simulation,
resulting in a shifted precipitation maxima observed in the spatial rainfall. Also, the CT3
convective core appears to be stronger at 1230 UTC, lifting more moist air and increasing
the LWP. Figure 7.12 shows the cross-sections of the vertical wind and equivalent
potential temperature distributions along S1, S2 and S3 at the same times in Fig. 7.11.
The cross-section passing through S1 at 0830 UTC displays the difference in the size and
intensity of the convective core of the storm. The vertical wind speed and upward
advection of moist air is much stronger for CT3, leading to higher LWP compared to
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CT2. For the S2 cross-section at 1030 UTC, the plots show a split convective core for
CT2 compared to a single core for CT3. This convection is also enhanced by the flow
above the ridge. As this storm propagates southward, by 1130 UTC, the CT2 convective
activity disappears for the S2 cross-section at the same time, whereas the strong updraft
persists for CT3. The CT3 updraft for the S3 cross-section at 1230 UTC is weaker
because of the split in the convective core with each being on the either side of the crosssection as observed in Figure 7.11 for the LWP at the same time. These changes in the
vertical and spatial structure of the vertical wind component could be due to changes in
latent heat release and/or microphysical processes and/or orographic lifting, thus
modifying the storm dynamics.
The Hovmöller diagram of the time evolution of various hydrometeors integrated
along S1, S2 and S3 was examined for the three different phase of the storm (Fig. 13).
Graupel is the dominant ice hydrometeor, which melts to produce rainfall as shown in
Fig. 13. The differences in the microphysical pathways clearly differ but they do produce
rainfall consistently over time, though a local delay in precipitation (30 minutes to 1 hour
for CT3 compared to CT2) is observed for S1 and S3.
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Figure 7.11: Spatial plot of integrated vertical profile of LWP(cloud and rain) and
IWP(ice, snow, graupel, hail) for d04 domain (CT2 and CT3 simulation) at different stages
of storm. The contour of IWP shown in black solid lines, also have the same contour levels
as LWP.
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Figure 7.12: Cross-sections of vertical component of wind speed and equivalent
potential temperature for CT2 and CT3 simulation. The cross-sections correspond to the
lines passing through S1, S2 and S3 respectively at corresponding times in Figure 10. The
vertical wind is contoured in blue at (-2,-1,-0.5) m/s, and in red at (1.0,3.0,5.0,8.0,11.0 ) m/s.
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Figure 7.13: Hovmoller diagram for the hydrometeors at locations S1, S2 and S3
respectively (May 15 2009). The blue, green, steel blue, cyan, orange colors represent cloud
water, rain, ice, snow and graupel respectively. The minimum value of contours is set at
0.25 g/kg and plotted at an interval of 0.25 g/kg except for cloud water which is at interval
of 0.5 g/kg and graupel at 1.5 g/kg.
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Figure 7.14: Vertical profiles of hydrometeor mixing ratio and number
concentration for CT2 (a,c) and CT3(b,d) simulations respectively. The vertical profiles are
averaged spatially over the non-zero grids in d05 domain. The spatially averaged vertically
profile is then temporarily averaged from 1000 to 1100 UTC May 15 2009, again ignoring
the grids with no hydrometeors. Note: The number concentrations of different
hydrometeors have different units in the plot.
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The microphysical structure of the simulated storm system was also examined to investigate
the nature of the precipitation. The temporal average (1000~1100 UTC) of vertical distribution of
the hydrometeors was also horizontally averaged over the d05 box to obtain the mean vertical
distribution of the hydrometeors over non-zero grid points (Fig. 7.14). The results show the
dominance of graupel (which has a faster sedimentation velocity) over strong updraft regions
(also enhanced by terrain induced lifting), leading to strong localized rainfall within the
convective core. Recently, Lim et al. (2011) showed that in the absence of graupel substance in
the microphysics scheme, low level downdrafts are weakened, and the storm moves slowly, with
more rain and ice converted to snow, which can be advected further due to its low density,
resulting in opposite impact with changes in CCN concentration for simulations with/without
graupel. Thus the graupel species related microphysics are crucial in understanding the aerosol
precipitation interactions consistent with recent study by Lim et al. 2011. On the other hand, the
horizontal advection of snow hydrometeors (low density) aloft should be enhanced in both cases
due to the presence of strong upper level north-westerly winds. The averaged vertical profiles for
both CT2 and CT3 simulations show a deep system (cloud tops >10 km) in which the dominant
ice hydrometer is graupel. The averaged profile for graupel and cloud water is narrow with higher
magnitude for CT3 compared to wider and lower magnitude of the vertical distribution in the case
of CT2. The cloud ice (qi) has a peak at 10 km with mean mixing ratio of 0.15 g/kg for both
simulations. Snow hydrometeor (qs) has a peak around 8.5 km with mean mixing ratio of 0.1 g/kg
for CT2 and 0.07 g/kg for CT2. Lascaux et al. (2006) also identified similar mean vertical profiles
for cloud ice and snow in the IOP2A case-study observed during Mesoscale Alpine Programme
(MAP). The convective system of IOP2A also had a vertical extent exceeding 10 km, and large
amounts of graupel and hail above the freezing level with maximum mean mixing ratio of
0.15g/kg at 7 km for graupel and 0.1g/kg for hail at 4 km. In this study, the mean hail mixing
ratio is less than 0.05 g/kg. Graupel (qg) is the dominant ice hydrometeor with a peak around 7km
and maximum mean mixing ratio of 1.3 g/kg and 1.6 g/kg for CT2 and CT3 simulations
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respectively (Figure 7.13a).

Strong uplifting of low-level moist air brings enough cloud water

(with inhibited coalescence to produce rainfall) above the freezing level to favor graupel
production. This is confirmed by the significantly larger concentration of graupel in CT3
compared to CT2. The mean rain mixing ratio also peaks near the melting level (4km) where the
hail and graupel mean mixing ratios drop sharply, as large amount of rainfall is produced by the
melting of graupel. The mean mixing ratio of cloud water (qc) peaks around 4.5~5km with values
of 0.65 g/kg for CT2 and 1.2g/kg for CT2. The vertical profile of mean ice number concentration
has two peaks corresponding to the homogeneous freezing of aerosols and cloud droplets at 11km
and secondary ice-crystal production associated with the H-M process. The mean number
concentration of cloud droplets is two times higher for CT3 compared to CT2 and remains
constant between 3 and 9 km with a shallow cutoff.

Figure 7.15: : CFAD of reflectivity over d05 box from 1000~1100 UTC 15 May 2009 for
CT2(a) and CT3(b) simulation.
The cloud droplet number concentration drops slightly above 6 km for CT3, suggesting
higher rain drop production by autoconversion, which is rapidly depleted by graupel production
due to collisonal freezing with secondary ice crystals as indicated by the drop in rain drop number
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concentration and increase in the graupel mixing ratio at this level. Similar phenomenon is visible
for CT2 but at 5km, which leads to the broadening of the graupel spectra.
Further, Figure 7.15 shows the Contoured frequency altitude diagram (CFAD) of reflectivity
for CT2 (a) and CT3 (b) at mature stage (May 15 2009 1000~1100 LT) in d05 box using the
method described in Yuter and Houze (1995). The probability density contours are expressed in
percentage. The CFAD overcomes the mismatch in space and timescales of simulated
precipitation event using different CCN initialization. It allows to monitor the changes in
ensemble properties of the storm between different simulation, however it does not provide any
information about the location of the storm in the domain used for the analysis. In the early stage
of the storm, the distribution is broad and homogeneous at all levels (not shown here). During the
mature stage of the storm, the fallout of the hydrometeors that grow in size causes the narrowing
of the distribution. There is also increase in reflectivity with decreasing height. Lang et al. (2003)
provides a good review on different methods used to separate convective rainfall from stratiform
rainfall. Among the different methods, the convective core is identified as a region with
reflectivity higher than 40 dBZ. This convective core observed in the CFAD appears to be
stronger with a narrow distribution in the CT3 compared to CT2 at mature stage, which is
consistent with the increase in LWP observed earlier in the budget analysis and the mean
hydrometeor profile.
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7.4

Conclusions:
An iterative method to solve the maximum supersaturation reached based on Cohard

and Pinty (2000) was integrated to the double moment microphysics of MY05 and
implemented in WRF. The estimation of the maximum supersaturation in the code allows
for a sensitivity study with CCN spectra fitted to the modified power law scheme of
Cohard et al. (1998). Further, the CCN spectra used in this study was estimated from the
in-situ measured aerosol size distribution and bulk hygroscopicity in Central Nepal
during the 2009 pre-monsoon season (Shrestha et al. 2010, Shrestha et al. 2011,
submitted to JGR). The WRF model predicts rainfall patterns along the ridges of the
Kathmandu Valley consistent with the pattern of rainfall from rain-gauge data maintained
by DHM. A significant shift in the maxima of the event cumulative precipitation was
observed between the simulations conducted with default continental aerosol spectra and
the polluted spectra estimated from aerosol measurements at Dhulikhel (Site A). The
perturbation in the initial aerosol number concentration available for nucleation caused a
shift in the location of the precipitation maximum from the KWR watershed, a critical
hydropower dam, to the other side of the topographic divide on the south-western slopes
of Kathmandu Valley.

Whereas differences among CT3 and CT4 simulations,

corresponding to polluted and clean air conditions respectively, vary from location to
location with a maximum of ±50%, the differences between CT2 and CT3 are as large as
±200%. These results illustrate the importance of specifying region-based CCN for
modeling studies of aerosol-cloud-rainfall interactions.

171

The budget analysis of the d05 box over the KWR shows that convection
initiated later in the CT3 simulation delaying the initial rainfall but due to the presence of
a stronger and wider convective core, and that the LWP increased during the mature stage
of the storm. The increase in aerosol concentration did not have significant impact in the
maximum updraft for the storm event in the mean sense for the d05 box, but there is a
clear association between the timing of significant increases and decreases in the areal
average of the maximum updrafts and the increases and decreases of LWP and rainfall
rates. Also, the structure and spatial extent of the vertical wind component was observed
to change between the two simulations due to both microphysical and dynamic forcing.
Both simulations produced multiple deep convective systems with cloud tops exceeding
10 km, with graupel as the dominant ice hydrometeor. .More recent studies (Tao et al.
2011a, Tao et al. 2011b, Lang et al. 2011 ) have also shown the need to improved the bulk
microphysics parameterization by comparing the model simulated hydrometeors with radar
profiles. Their results with improved microphysics reduced excessive simulated reflectivity at
upper level. The improved microphysics included the following changes to reduce the amount of
graupel: a) Lowering overall riming efficiency and not allowing dry growth, b) Tuning thresholds
for converting rimed snow to graupel, c) Allowing graupel to sublimate outside of cloud, d)
Reducing amount of supercooled water available for riming, e) Size mapping scheme to control
size of graupel particles as a function of temperature. Above modifications were also applied to
snow hydrometeors to correct the simulated reflectivity. After implementation for the simulation
of a tropical convective storm,

Tao et al. (2011a) showed that the modified microphysics

increased the mean maximum mixing ratio of snow (0.02 to 0.25g/m3), decreased the mixing
ratio of graupel (~ 0.35 to 0.15 g/m3), and also produced less rain. These studies provide good
framework for improving our understanding of bulk microphysics for particular region and
emphasizes on the importance of radar measurements for validation purposes. However, a
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detailed analysis and integration of such changes in the double moment microphysics is beyond
the scope of this paper and is also limited by the availability of any ground based radar
measurements for the storm.
Figure 7.16 shows the the differences in the time domain-averaged (d04) temperature and
mixing ratios of water vapor for the CT3 and CT2 simulation at different periods. This shows a
more complex picture of the thermodynamic forcing of aerosol unlike idealized simulation. From
0600 to 0900 UTC, the temperature is warmer in the upper level of troposphere as well as below
the melting level for CT3 compared to CT2. It suggests more latent heat release above due to
vapor deposition to form ice, whereas at lower levels, it indicates less evaporative cooling. At the
mid-levels, the warming for CT2 simulation is associated with higher secondary crystal formation
(H-M process). From 0900 to 1200 UTC, the upper level troposphere warming increases more.
The delay in the convective process for CT3 compared to CT2 also contributes to the observed
differences in the temperature during this period. From 1200 to 1500 UTC, there is a sharp
fluctuation in enhanced warming between CT3(8~10 km) and CT2 (10~12km). The cooling
below the melting level is higher for CT3 compared to CT2, suggesting more evaporative cooling
at lower levels. The changes in latent heat release and absorption due to freezing/melting

of hydrometers and evaporative cooling of droplets between the two simulations affect
the vertical profile of heating and also effect the cold pool formation processes with
impact on local circulations and the redistribution of the precipitation as in previous
studies (van den Heever et al. 2006, Tao et al. 2007, Rosenfeld et al. 2008, Lee et al.
2010, Storer et al. 2010, Lim et al. 2011).
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Figure 7.16: Differences in the time domain-averaged (d04) temperature and mixing
ratios of water vapor for the CT3 and CT2 simulation at different periods.

Finally, based on the four simulations for the four types of CCN (CT2 on the one
hand , and CT3,CT4 and CT1 on the other), this study suggests a stronger linkage
between the relative contribution/role of ice processes (H-M process, and graupel
production) with the number of CCN activated and the slope of the CCN spectra (Fig.4)
for the multiple convective storm simulated in this study. Nevertheless, detailed results
from this simulation are specific for the specific storm, and in order to acquire a
comprehensive understanding of regional aerosol-cloud-rainfall interactions, more case
studies need to be analyzed to climatologically relevant storm regimes.
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8

Summary and Conclusion

8.1 Research Summary
The main goal of this research is to characterize the aerosol size spectra and its
hygroscopicity in the central Himalayas to study the indirect effect of aerosols on regional
precipitation processes. In particular, the intrusion of the aerosol plume along the river valleys
from the Indo-Gangetic Plains (as observed from high resolution satellite images from MODIS)
increase the variability of aerosol physical/chemical properties in the region, potentially creating
variability in the local radiative budget (Ramana et al. 2004) while modulating cloud
microphysical processes (the so called indirect effect), which are not yet understood in this
region. In addition, Lang and Barros (2002) and Barros and Lang (2003) earlier identified strong
linkages between the valley-ridge gradient and precipitation in this region, suggesting a strong
influence of topography on the diurnal cycle of precipitation. It is difficult to isolate orographic
precipitation processes from aerosol-cloud-rainfall interactions, which further adds complexity to
the characterization of the aerosol indirect effect in region. Previously, most studies of the aerosol
indirect effect resorted to numerical modeling with specified “known” aerosol/CCN spectra, for
different cloud types in different environmental conditions (Khain et al. 2005, Seifert and Beheng
2005, van den Heever et al. 2006, Tao et al. 2007, Lynn et al. 2007, Fan et al. 2007, Khain and
Lynn 2009, Khain 2009, Ntelekos et al. 2009, Storer et al. 2010 among many others). Here, the
research approach consisted of first measuring aerosol size spectra and chemical composition
over the region, followed by numerical modeling of CCN sensitivity aimed at elucidating the
direct linkages between the observed aerosol size spectra, chemical composition, and CCN
spectra, in particular the role of aerosols in cloud nucleation regionally.
This dissertation addresses the following science questions:
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1) What are the dominant modes of the spatial variability of aerosol in the region? (this work
was published in ACP, Shrestha and Barros 2010)
2) What are the chemical and physical properties of regional aerosols? Does the aerosol size
distribution and chemical properties reflect large scale transport to the study area? (this work
was published in ACP, Shrestha et al. 2010)
3) What are the uncertainties in developing a physical basis for CCN activation spectrum
based on measured aerosol properties? How do the size distribution and the chemical
composition of aerosols affect the CCN spectrum? (this work has been submitted to JGR,
Shrestha et al. 2011)
4) How does the space-time variability and properties of aerosol modulate regional
cloudiness and precipitation? (this work is in preparation also to submitted to JGR)
A systematic study integrating satellite data analysis, field campaign (JAMEX09) and
numerical modeling was conducted to understand the effect of aerosol on precipitation in the
central Himalayas over Nepal. The major research findings are described in Section 8.2 and
recommendations for further work are discussed in Section 8.3.

8.2 Major Research Findings
•

The analysis of the regional mean flow shows that the blocking and convergence effects
over the Indus river basin and Thar desert and along the foothills of the Himalayas over
Nepal create favorable conditions for the accumulation of both remote and local aerosol.

•

The SVD (Singular Value Decomposition) analysis between rainfall, COD (cloud optical
depth) and AOD (atmospheric optical depth) from satellite data shows the presence of
aerosol loading extending from the IGP into the central Himalayas peaking during the
winter and pre-monsoon season, and decaying sharply during the monsoon. The areas of
anomalous aerosol buildup during the pre-monsoon season and the areas of high
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rainfall/cloudiness during the monsoon are collocated and have opposite signs suggesting
aerosol-cloud-rainfall interaction in the region, and in particular in central Nepal.
•

The in-situ aerosol measurements showed a presence of a strong diurnal cycle with
aerosol peaks for 14<Dp<340nm during the morning and evening hours, which were
found to be linked to mountain valley circulations. Results from the idealized numerical
study suggest that cross-valley up-slope flow is the main source of ventilation of the
pollutants near the surface.

•

The classification of the lognormal fittings of the aerosol size spectra indicated the
predominance of unimodal distributions at night, whereas the bimodal distribution was
dominant during the daytime, with a consistent larger mode around 100nm and a smaller
mode centered at 20nm.

•

In the presence of a synoptic scale aerosol plume over the IGP, the mean volume aerosol
concentration was found to increase in non-rainy periods, whereas strong decreases were
observed after rainfall, explaining much of the variability observed during the sampling
period.

•

The chemical composition of PM2.5 was dominated by organic matter. Organic carbon
(OC) comprised the major fraction (64~68%) of the aerosol concentration followed by
ionic species (24~26%, mainly SO42− and NH 4+ ). Elemental Carbon (EC) compromised
7~10% of the total composition and 27% of OC was found to be water soluble at both
sites. This indicates that ( NH 4 ) 2 SO4 is the primary driver of water uptake for the
aerosols at least in the sub-saturated regime.

•

The measured aerosol growth factors (Diameter Growth Factor – DGF) suggest that the
aerosols are in metastable state owing to the strong diurnal cycle of relative humidity
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(RH) at Dhulikhel in the Kathmandu valley. No significant aerosol growth was however
observed in the narrow and steep Marsyangdi river valley at Besisahar, as the ambient
relative humidity rarely reached the deliquescence RH of ammonium sulfate during the
sampling period.
•

Although, much of the growth factor data in this study were only available in the subsaturated range (RH<80%), the DGF at 80%was estimated to be 1.14, suggesting less
hygroscopic aerosols using a simple Köhler model

•

A least square fit of DGF versus RH at Dhulikhel yielded an estimate of the bulk
hygroscopicity parameter ( κ ) of 0.13 within the observed RH range. Also, the bulk
hygroscopicity of slightly soluble compounds was estimated: κ ssc =0.14±0.1, consistent
with the organic hygroscopicity range proposed in the literature ( 0 < κ ssc < 0.2 , Ervens
et al. 2010).

•

The lower soluble fraction of ( NH 4 ) 2 SO4 resulted in much steeper slopes of the CCN
spectra for both clean (CT2) and polluted (CT3) conditions over the Central Himalayas
than the general continental CCN spectra (CT2) found in the literature and used in
numerical weather prediction models with fewer number of CCN activation at
supersaturation below 0.1%.

•

Results from the numerical sensitivity study of a pre-monsoon storm event during
JAMEX09 using different CCN spectra showed the presence of a significant shift in the

location of the precipitation maximum from the KWR watershed, a critical
hydropower dam, to the other side of the topographic divide on the south-western
slopes of Kathmandu Valley for both regionally based CCN estimates (CT2 and
CT3) as compared to the results obtained using the standard spectrum for
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continental air (CT2). Whereas differences among CT3 and CT4 simulations,
corresponding to polluted and clean air conditions respectively vary from location
to location with a maximum of ±50%, the differences between CT2 and CT3 are
as large as ±200%.
•

Changes in latent heat release and absorption due to freezing/melting of
hydrometers and evaporative cooling of droplets between the CT2 and CT3
simulations explain differences in cold pool formation processes with impact on
local circulations and the redistribution of the precipitation in line with previous
studies (van den Heever et al. 2006, Tao et al. 2007, Rosenfeld et al. 2008, Lee et
al. 2010, Storer et al. 2010).

•

Finally, based on the four simulations for the four types of CCN (CT2 on the one
hand , and CT3,CT4 and CT1 on the other), this study suggests a strong linkage
between the relative contribution/role of ice processes (H-M process, and graupel
production) with the number of CCN activated and the slope of the CCN spectra
for the system of convective storms simulated in this research.

8.3 Limitations and Recommendations for Further Research
The four numerical simulations with different CCN spectrum conducted in the

context of this research are for a specific type of pre-monsoon convective storm activity
in the region. Yet, in order to assess comprehensive understanding of regional aerosolcloud-rainfall interactions, more case studies need to be analyzed for the population of
climatologically relevant storm regimes especially during the pre-monsoon season.
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Due to the lack of spatial information on aerosol size distribution, a
homogeneous CCN spectrum was used in the numerical simulations, which might be
representative for valley scale processes but could be different in terms of regional
simulation. The direct effect of aerosol on radiation and the efficiency of ice nucleation
due to different types of aerosol were also not considered in this study. Nevertheless,
large values of ice water path do suggest a strong need to study the variability of ice
nuclei, ice microphysics and riming processes in this region.
The vertical profile of aerosols and hydrometeors are crucial in understanding the
influence of aerosols on cloud water/ice activation as well as validation of the
microphysical processes simulated by the numerical models. In particular, measurement
of the evolution of the vertical profile of aerosols and wind profiles using wind profilers,
lidars, and tethersondes would allows us to fully understand the dynamics of the diurnal
cycle of aerosol in the region along with the influence of synoptic scale pollution events.
Recently, in a study characterizing the synoptic scale haze over the river valleys in Nepal
(Brun et al. 2011), the Arun river valley in Nepal was identified as the most suitable
study area in terms of its location within the dominant spatial mode of aerosol variability
in the region, its wide NS oriented river valley and the alignment of the A-Train satellite
passing through the valley axis. The CALIPSO profile of aerosol at the night time shows
a strong seasonal cycle with elevated inclined aerosols aligned with the envelope
topography in the pre-monsoon season and a more stable horizontal aerosol in the winter
period. On the other hand, the vertical aerosol profile estimated from the MODIS visible
images and the SRTM topography during the morning shows aerosols confined within
the ridges of the valley. The mountain valley circulations and the synoptic scale winds
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clearly affect the diurnal cycle of the spatial aerosol distribution. The use of LIDAR to
measure the vertical profile of aerosol and hydrometeors in this region would help us in
understanding the diurnal cycle of aerosol missed by the polar orbiting satellites, while it
would also compliment in validating the satellite retrievals from CALIPSO/CLOUDSAT
and thus serve a dual purpose. In addition, numerical modeling studies over eastern
Nepal will further our understanding of aerosol thermodynamic effects in this region and
elucidate the relative roles of direct and indirect effects of aerosols in the pre-monsoon
season. .
In summary, long-term representative measurements of aerosol physical and
chemical properties and hydrometeor profiles are essential to further advance our
understanding of the aerosol indirect effect in this region and associated uncertainty as
well. Furthermore, because of CCN sensitivity with respect to storm regime, there is also
a strong need for detailed characterization of synoptic conditions for the various
precipitation regimes during the pre-monsoon, monsoon, post monsoon and winter
seasons. Only then systematic modeling studies investigating the thermodynamic effect
of aerosols can provide a full picture of the aerosol indirect effect, and the basis for a
quantitative integrated assessment of the impact of atmospheric brown cloud (ABC) on the
space-time variability of rainfall and consequently freshwater resources in the Himalayas.
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Appendix A
1) From mass conservation, the aqueous solution mass is given by

ma = m w + δ ssc mssc + mas
Va =

mw + δ ssc mssc + mas

(A1)

ρa

m w = m w( as ) + mw ( ssc )
where, Va is the volume of aerosol particle, ρ a is the density of aqueous solution, m w ,

mssc and ma are mass of water, SSC and inorganic fraction. And, m w(as ) and mw (ssc ) are the
mass of water associated with dissolved ammonium sulphate and SSC respectively. Here, δ ssc
was introduced to include the effect of SSC solubility. Earlier, Shulman et al. (1996) had also
introduced such term which was a function of SSC solubility and sulphate concentration, both of
which change with droplet radius. If δ ssc = 0 , the effect of SSC on growth factor is neglected and
the model simply predicts growth factor for an aqueous solution of ammonium sulphate with an
insoluble core.
2) Following Fitzerald (1975), the volume of the insoluble core can be derived as
follows:

m i = (1 − ε ssc δ ssc − ε as ) m d
V i = (1 − ε ssc δ ssc − ε as )

ρd
Vd
ρi

(A2)

where, ε ssc and ε as are the mass fraction of SSC and (NH4)2SO4, ρ d is the dry particle
density and ρ i is the density of the insoluble core.
3) The volume growth factor is given as:
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ρ
VT Va + Vi mw + δ ssc mssc + mas
=
=
+ (1 − ε ssc δ ssc − ε as ) d
ρ aVd
Vd
Vd
ρi

Substitute, Vd =

md

ρd

(A3)

,

ρd
VT ρ d  m w( as ) + m w( ssc ) + δ ssc mssc + mas 
=

 + (1 − ε sscδ ssc − ε as )
Vd ρ a 
md
ρi


 m w( as )
 mas 1 +
mas
VT ρ d 

=
Vd ρ a 



m


 + δ ssc mssc 1 + w( ssc )

 δ ssc m ssc
md


 
  + (1 − ε δ − ε ) ρ d (A4)
ssc ssc
as

ρi



Now, molality[η ( a w ) ] is defined as the number of solute in 1000 gm of water,

m w( as )
mas

=

1000
η as (a w ) M as

mw ( ssc )

and

δ ssc mssc

=

1000
η ssc (a w ) M ssc

(A5)

4) The diameter growth factor is given by

ρ
DGF =  d
 ρ a

 
1000
ε as 1 +
  η as (a w ) M as



1000
 + δ ssc ε ssc 1 +

 η ssc (a w ) M ssc


ρ 
 + (1 − ε ssc δ ssc − ε as ) d 
ρ i 

…..(A6)

The molality of the (NH4)2SO4 as a function of water activity for 0.48<aw<1 is given by
Potukuchi and Wexler (1995) as:

η as (a w ) = 135.91 - 464.03a w + 492.36a 2w + 94.33a 3w - 459.29a 4w + 200.7a 5w ;
The density of the (NH4)2SO4

(A7)

aqueous solution between 0.37<aw<1 as a function of

mass fraction [%] is given by Tang and Munkelwitz (1994) as:
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1

3

ρ a = 0.9971 + 5.92E - 3x - 5.036E - 6x 2 + 1.024E - 8. * x 3
where, x is the mass fraction of solute.
The largest uncertainty comes for slightly soluble compounds, and the present study uses
the data for Levoglucosan (Svenningson et al. 2006), which was inverted to give molality as a
function of water activity and its valid up to η ssc (max) ( a w ) = 50 corresponding to 0.58<aw<1.
Below this value and up to a w (min) = 0.48 , the molality is slightly underestimated and beyond
that, the curve changes direction becoming negative as well at much lower activity.

η ssc (a w ) = -74.96 + 1733a w − 5669a 2w + 7669a 3w - 4886a 4w + 1198a 5w ;

(A8)

In this formulation, the density of the aqueous solution would increases if SSC is
incorporated, but here it’s assumed that such increase is lower and ρ a is used as given by Tang
and Munkelwitz (1994). Further, the growth factor evaluation was bounded by the range
0.48<aw<1. After estimating the diameter growth factor as a function of water activity (aw) using
Eq. (A4), the corresponding RH was evaluated using the following equation:


4 * M w *σ w
RH = 100 * a w exp
 R * T * dgf * Dd * ρ a


 ,


(A9)

Where, Dd=100nm, M w and σ w are the molecular weight and surface tension of pure
water, R is the universal gas constant, and T is the ambient temperature taken as 25˚C.
For Dd=100nm, the difference in RH and aw is within 1.6% for the entire range of water
activity data, hence Kelvin correction might be neglected. Equations A4 and A9 yield DGF as a
function of RH for a selected dry diameter of particle Dd.
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Appendix B
Matlab implementation of PK08 algorithm
----------------------------------------------------------------------------------------------------------function [temp]=Sc(Dd,ki,ei,Ci,T,sigma,gmax,g,inc);
% The first 4 arguments are required, %% Petters and Kreideweis, 2008
% python to matlab..Prabhakar Shrestha, CEE, Duke
if nargin < 9, inc

=1.01;

end

if nargin < 8, g

=1+1e-11; end

if nargin < 7, gmax =10.;

end

if nargin < 6, sigma=0.072;

end

%J/m2

if nargin < 5, T

end

%K

=298.15;

%Estimate parameter A in eq. 9
A=8.69251E-6*sigma/T;
temp=0;
while g<gmax
%Returns H(xi) in eq. 10
xi=(g^3-1).*Ci./ei;
H=xi;
H(find(H>=1))=1;
%Calculate the dot product in eq.10
k=sum(ei.*(ki.*H));
%Eq 9
D=g*Dd;
Sc=((D^3.0-Dd^3.0)/(D^3.0-Dd^3.0*(1.0-k)))*exp(A/D);
%
if Sc>temp; temp=Sc;end
g=g+inc;
end
-----------------------------------------------------------------------
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